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ABSTRACT

The Archean-Proterozoic boundary has been arbitrarily defined at 2500 Ma by the
IUGS Subcommission on Precambrian Stratigraphy (SPS) (Plumb and James 1986). However,
recent extensive dating of Precambrian terrains reveals that the evolution from “Archean-
type” to “Proterozoic-type” tectonics was entirely transitional, and spanned more than 500
My. These results fueled the controversy about the driving force behind the evolution from
Archean tectonics to Proterozoic tectonics (Breuer & Spohn, 1995). This paper presents the
geology of five differently aged greenstone belts, together with the field occurrence and
geochemistry of the greenstones. Our detailed mapping allows us to classify the greenstones
in each belt and to estimate their tectonic setting based on comparison with modern
accretionary complexes (Isozaki et al. 1990). In brief, our suggestion of the tectonic setting of
the basalt volcanism is based on the relationships with chert layers. Namely, the greenstones
are overlain by thick bedded cherts, suggesting eruption of the mid-ocean ridge basalt
(MORB), while those conformably alternate with thin bedded chert or intruding thick bedded
chert, suggesting formation as ocean island basalt (OIB). We have mapped the following
areas: the 3.8 Ga Isua supracrustal belt (1SB), southern West Greenland; the 3.5 Ga North
Pole area (NP), east Pilbara; the 3.3 Ga Cleaverville area (CLB), north Pilbara; the 2.5 Ga
Beasley River area (BR), the Hamerdey Group, south Pilbara; and the 1.6 Ga Glengarry
Basin (KLR) in the north Yilgarn. Comparison of the composition of the |least altered MORB-
type samples from each area indicates the compositional and thermal secular change of upper
mantle.

1: 5,000 scale mapping of the 3.8 Ga I sua supracrustal belt, the 3.5 Ga North Pole area,
and the 3.3 Ga Cleaverville area shows that duplex structure composed of several horsesis
widespread in each. The duplexes vary in size from afew metersto severa kilometers. 1: 100
scale sketches in each horse were made to remove the thrust and fold geometry, and to
reconstruct the original lithostratigraphies. The reconstructed lithostratigraphies of each horse
reveal asimple pattern, in ascending order from greenstone with low-K tholeiitic composition
to chert/BIF. Turbidite layers cover the thick chertsin places. The cherts and the underlying
low-K tholeiites nowhere contain continent- or arc-derived material. The lithostratigraphy is
quite similar to Phanerozoic “oceanic plate stratigraphy,” except for the poor-devel opment
and composition of the turbidites. The evidence of duplexes and “ oceanic plate stratigraphy”
indicates that these greenstone belts were formed as accretionary complexes. The dominantly
mafic turbidite composition suggests that the accretionary complexes were formed in an intra-
oceanic environment comparable to the present-day western Pacific Ocean. Two types of
greenstones occur in the Isua supracrustal belt. Pillow and massive lavas are conformably
overlain by thick, bedded chert layers, which are finally covered by turbidite, implying the
existence of MORB. Basaltic dikes are intruded into thick chert layers, while picritic lavas are
interleaved with felsic vol caniclastic sediments, implying an OIB origin (Komiya et al. 1999).
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Two modes of occurrences of greenstones are present in the North Pole area; greenstones
overlain by thick, bedded chert (MORB) and those conformably alternating with thin, bedded
chert (OIB) (Maruyama et al. 1991). The occurrence of greenstone overlain by the thick,
bedded chert in the Cleaverville area suggests an origin as MORB (Ohta et al. 1996).

Geological mapping on a 1: 5,000 scale was similarly undertaken in the Beasley River
area of the Hamersley Group, and in the Kilara and Peak Hill areas of the Glengarry Basin.
The former is divisible into six subunits based on lithologies: the Lower lava flow, the Lower
BIF, the Middle BIF, the Komatiitic, the Rhyolite, the Upper BIF, and the Uppermost
sedimentary Unit in ascending order. In the Lower lava flow Unit, no shales or terrigenous
sediments are interleaved with pillow/massive lava flows, and neither lava flows nor
hyal oclastite contain detrital materials, while at the top of the Lower BIF Unit, and in the
Upper sedimentary Unit, there are shales, sandstones, and even conglomerates. Despite the
fact that the lithostratigraphy is similar to an “oceanic plate stratigraphy,” the absence of
thrusts, which defines a duplex structure, does not support an origin as an accretionary
complex, but as a sedimentary basin in a closing rift valey. Pillow/massive lavas in the
Lower lava flow Unit were derived from mid-ocean ridge volcanism in a mature rifting
system equivalent to the Red Seain the Phanerozoic, because there are neither terrigenous
materials nor vesiclesin pillow/massive lavas. Despite the poor exposure, the geology of the
Kilara/Peak Hill area appears to be the same as that of the Beasley River area, implying the
greenstone were produced by mid-ocean ridge volcanism in a mature rift system (Pirgjno et al.
1995, 1996).

861 greenstone samples, defined as the least-altered from the field and microscopic
observations, were selected from ca. 6,000 samples for major, trace analyses. Moreover, rare
earth elements (REE) were also analyzed on some of them. The greenstones in each area are
defined as low-K tholeiitic basalt and basaltic andesite, and they are distinctly enriched in
FeO* at a given MgO content, compared with modern MORB. Liquid lines of descent
indicate the fractional crystallization of olivine (ol) followed by plagioclase (pl) and then
clinopyroxene (cpx) for MORBsin ISB, NP, CLB, and KLR, or by cpx and then pl for those
in BR, suggesting a higher degree of melting. MORBs in ISB, and NP are characterized by
light REE-depleted patterns, whereas those in CLB, or BR and KLR are flat- or slightly light
REE-enriched, respectively. While REE patterns of OIBsin ISB and OIB are flat- or slightly
LREE-enriched.

Microprobe analyses of relict clinopyroxenes within OIB and MORB samplesin NP
show that the composition of both clinopyroxenes is similar to those in modern MORB.
However, obvious compositional differences exist between cpx in MORBs and in OIBsin the
NP. The cpx of OIBs are enriched in Na,O, CaO, and TiO,, but depleted in Al,O, at a given
SiO, relative to those of MORB. The relationships are similar to those between modern alkali
basalt of OIB and modern MORB. Moreover, the calculated partition coefficients of TiO,,
Al,O,;, Na,0, and the MgO/FeO ratio between cpx, and whole rock range within the variations
of experimental data, suggest that secondary alteration was insignificant.
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FeO content and potential temperature of source mantles were estimated by
comparison of the most primitive MORB in each area with recent melting experimental
compilations (Hirose & Kushiro, 1993, Baker & Stolper, 1994; Kushiro, 1996). The results
indicate that the mantle source of the ancient MORBs were highly enriched in FeO, and
contain 10 wt % in FeO (c.f. 85-87 in Mg"), but that the compositional change appears not to
be monotonous (Fig. 1). Moreover, the potential mantle temperature of each ancient MORB is
also higher than that of modern MORB, and estimated to be ca. 1480 °C, but it also appears
not to decrease monotonously through time (Fig. 1). Multiple saturation experiments indicate
that the primitive MORBs in NP, which contains 15.2 or 11.9 wt % in MgO, are equilibrated
with olivine+orthopyroxene+clinopyroxene at 15 kb and 1350 °C or at ca. 14 kb and ca. 1330
°C, respectively. These results support the potential mantle temperature estimated by the
above method. The fluctuation implies the continual infilling of lower mantle material into
upper mantle.

This ultra-high-pressure experiment implies new idea that some of Fe* ions
transformed into Fe+Fe** during slab penetration into lower mantle because aluminous Mg-
perovskite contains AlI*Fe** instead of Mg®Si**. The depletion of FeO content depends on
AlLO, content. Therefore, the subsidence of oceanic crust, which contains more FeO and
Al O, relative to the underlying mantle, into lower mantle removes much amount of Fe from
the slab as metallic iron. The segregated metallic iron may subside on the metallic core or
float in the lower mantle. The physicochemical difference between siderophile and lithophile
elements decreases at ultra-high pressure condition (Righter et al. 1997; Walter 1997).
Therefore, segregation of metallic iron does not necessarily involve the depletion of
siderophile elements except for some elements (e.g. P). Assuming that the production rate of
metallic iron is equivalent to that of Fe** in the formation of Mg-perovskite, it takes 3.1 and
5.0 billion years for the whole mantle to decrease from 10 to 8 wt % in FeO and from 29 to 21
ppm in P,O; at the production rate of MORB in Archean.
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ABSTRACT

1:5,000 scale mapping was performed in part of the ca. 3.8 Ga lsua supracrustal belt,
Isukasia area, southern West Greenland. The mapped areais divided into three units bounded
by low-angle thrusts: northern, middle, and southern units. The southern unit, the best
exposed, is made up of fourteen subunits (horses) with similar lithostratigraphy, bound by
layer-parallel thrusts. Duplex structures are widespread in the Isua belt, and vary in size from
afew metersto kilometers in scale. Duplexing proceeded from south to north, and is well-
documented in the relationship between link- and roof-thrusts. The reconstructed
lithostratigraphy of each horse reveals a simple pattern, which consists of greenstone with
low-K tholeiitic composition, chert/BIF and turbidite in ascending order. The cherts and
underlying low-K tholeiites do not contain continent- or arc-derived material. The
lithostratigraphy is quite similar to Phanerozoic “oceanic plate stratigraphy”, except for the
abundance of mafic material in the turbidite. The evidence of duplex structures and “oceanic
plate stratigraphy” indicates that the |sua supracrustal belt is the oldest accretionary complex
in the world. The dominantly mafic turbidite composition suggests that the accretionary
complex was formed in an intra-oceanic environment comparabl e to the present-day western
Pacific Ocean. The recognition of the accretionary nature of the Isua supracrustal belt
supports the idea that the modern style of plate tectonics was in operation only 0.7-0.8 Gy
after the formation of the Earth. The duplex polarity suggests to us that an older accretionary
complex should occur to the south of the Isua accretionary complex.
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-1 Introduction

The ca. 3.7 Ga Amitsoq gneisses, with enclaves of Isua supracrustal belt at |sukasia,
have long been recognized as the oldest rocks on the Earth (Moorbath et al. 1977; Nutman et
al. 1993, 1996, 1997). Recently, the development of the SHRIMP method to derive protolith
ages has contributed to the discovery of much older terranes. For example the Acasta gneisses
in the Slave province, Northwest Territories of Canada yielded single zircon ages of 3.96 Ga
(Bowring et al. 1989), 3.93 Ga granulite from Mount Sones, Enderby Land in Antarctica
(Black et a. 1986), 3.85 Ga detrital zircons from metasedimentary rocks from China (Liu et al.
1992), and 4.3 Ga detrital zircons from the Narryer Complex in Yilgarn Craton, Western
Australia (Froude et al. 1983). Despite these findings of much older sporadic terrains or
detrital mineral grains, the 3.8 Ga I sua supracrustal rocks are still significant in so far as they
retain magmatic primary features such as pillow structures (Allaart 1976; Maruyama et al.
1991, 1994) and original sedimentary structures such as rhythmic banding in BIF or graded
bedding in turbidites (Nutman et al. 1984). The Isua supracrustal belt is one of the oldest
terrains in the world, thus presenting a key to the understanding of tectonic processes on the
early Earth.

Immediately after the establishment of the new global tectonic Paradigm the question
arose as to when the modern style of plate tectonics started on the Earth (Dewey and Spall
1975). There are two opposing schools of thought. Firstly, the plate tectonic regime began at
the earliest stage of the evolving earth as suggested by the geochemistry of greenstones
(Condie 1972, 1982; Hart et al. 1970), geophysical considerations (Bickle 1978; Nisbet and
Fowler 1983; Arndt 1983) and the geological similarities with Phanerozoic orogenic belts
(Burke et a. 1976). The other school suggests that the tectonic regime until the late
Proterozoic was typified by vertical movement-dominated orogenies, called the ‘millipede
model’ (Wynne-Edwards 1976), or ensialic vertical tectonics (Kroner 1977, 1981; Piper
1982). The latter school listed the following features disfavoring the concept of plate tectonics
in the Archean: absence of (1) ophiolites, (2) either Franciscan-type mélange or accretionary
complex, and (3) blueschists, al of which characterize divergent or consuming plate boundary
processes on the modern Earth. Recently, geological evidence for plate tectonics and
accretion of oceanic crusts have been reported in some Archean terrains (Kusky, 1989;
Hoffman 1991; Calvert et al. 1995), but some are still controversial (Bickle et al. 1994; Kusky
and Winsky 1995). Here we report (1) and (2) within the Isua supracrustal belt, propose
criteriafor accretion of oceanic materials to continental lithosphere and discuss the features of
the accretionary complex in the Isua region compared with those in the western Pacific region,
especially the Japanese islands. In this paper we will use the technical terms of horse, duplex,
duplexing, and roof-, floor- and link-thrust defined by McClay (1992).
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|-2 Geological Outline

The I'sua supracrustal belt lies approximately 150 km northeast of Nuuk, Greenland
(Fig. 1). It is part of the Akulleq terrane, which is composed of 3880-3660 Ma Amitsoq gneiss,
2820 Ma Ikkattoq gneiss which contains some enclaves of supracrustal rocks and anorthosites
(Friend et a. 1987; Nutman et al. 1989; McGregor 1993). The Akulleq terrane was intruded
by the K-rich Q6rqut post-orogenic granite at about 2550 Ma, and stabilized at that time
(Baadsgaard 1976; Brown et al. 1981; Moorbath et al. 1981; McGregor 1993). More recently,
Friend et a. (1987) and McGregor et al. (1991) have proposed a tectonic model for the
Akulleq terrane based on modern plate tectonic concepts of collision-accretion (Coney et al.
1980). The northern 3230-2980 Ma Akia, the southern 2920-2830 Ma Tasiusarsuaqg, with the
Akulleq terrane in-between, collided at 2820-2712 Ma. Most areas in the southwestern part of
Greenland are underlain by poly-deformed amphibolite to granulite facies rocks (McGregor
1993). The northeastern part of the Akulleq terrane is an exception where arelatively less
metamorphosed segment, the I sua supracrustal belt, is exposed (Fig. 1 inset). The Isuabelt is,
at present, exposed as a fault-bounded tectonic dlice, and is in tectonic contact with the
tonalitic Amitsoq orthogneiss on both sides (McGregor 1973; Bridgwater et al. 1974).

The Isua supracrustal belt forms a 35 km-long arcuate tract and is the largest fragment
of Early Archean supracrustal rock in the Akulleq terrane (Fig. 1, inset). Further to the south,
Early Archean supracrustal rocks equivalent to the Isua supracrustal rocks are exposed as
enclaves in the Amitsog gneiss. This suggests that the Isua belt was originally intruded by
tonalitic rocks, which were later metamorphosed to form the Amitsoq gneiss. The Isua
supracrustal belt was affected by Barrovian-type amphibolite facies metamorphism during
Archean times (Boak and Dymek 1982). In spite of metamorphism, metasomatism (Rosing et
al. 1996) and polyphase ductile deformation, the original structures of the protoliths are well
preserved in the northeastern part of the belt where the metamorphic grade is the lowest. The
Isua belt is an exception displaying well-preserved primary structures that yield information
helpful in deciphering the history of pre-3.8 Ga events on the Earth. Therefore, considerable
detailed interdisciplinary work has been conducted in this district (e.g. see recent summary by
Nutman 1986; Schidlowski 1988; Nutman et al. 1993, 1996, 1997; Mojzsis et a. 1996).

The authors spent two field seasons in the Isua supracrustal belt in 1990 and 1993, and
completed a geologic map covering the easternmost part of the belt at a scale of 1:5,000.
During our field investigations, the rock units were mapped according to their pre-
metamorphic state (Maruyama et al. 1991, 1994; Komiya and Maruyama 1995). Therefore,
we used the names doleritic dike, pillowed basalt, carbonate, and conglomerate, instead of
homogeneous amphibolite, Garbenschiefer, calc-silicate rocks, etc. We distinguished the
following five maor lithologic units: (1) mafic-felsic turbidite sequence, including
interlayered minor conglomerate (Photo 1,2), (2) chert and banded iron-formation (hereafter
BIF) (Photo 3), (3) pillow lava, massive lava, pillow breccia, and hyaloclastite as described
below (Photo 4), (4) dolerite-gabbro intrusives related to (3) (Photo 5), and (5) ultramafic
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rocks (Photo 6). In addition, alarge number of sills and dikes were encountered. Some are
mid-Archean Ameralik amphibolite dykes displaying the characteristic large patches of
plagioclase crystals (Photo 7), but the majority are of, as yet, unknown age. The noritic or
high-Mg andesite dykes trending NS are the youngest rocks in the mapped area, and have
been dated at 2215 Ma by SHRIMP (Nutman et al 1995).

A mylonite zone with awidth of afew meters, dipping about 50° southeast, runs along
both sides of the Isua belt and juxtaposes it against Amitsoq gneiss (Photo 8) (Nutman 1984).
The mylonite zone on the western boundary has afoliation characterized by the alternation of
quartz-rich and feldspar-micaceous layers. Minera lineations on the foliation dip steeply
(>50°) to the ENE. Shear sense deduced from the microtextures observed in orientated thin
sections indicates down-dip shear sense. Under the microscope, elongated ribbon quartz is
warped into a stair-stepping morphology around the rounded feldspar porphyroclasts. Matrix
quartz is dynamically recrystallized and aligned < 40° oblique to the foliation (type Il S-C
mylonite of Lister & Snoke 1984). The chlorite-rich parts originated from foliation-parallel
veining, and show mica-fish like textures. These asymmetric textures all indicate top to the
east (down dlip) sense of shear (vertical simple shear, D1, of James 1976). Metamorphic
conditions during mylonitization are assumed to be in the greenschist facies, because of the
presence of veinlets of chlorite and the brittle deformation of feldspar. Drag folding (D2
phase of James 1976), due to dextral lateral movement, has bent the mylonitic foliation.

The eastern boundary is also defined by a mylonite zone with a50° SE strike (Photo 9),
and has dip-slip mineral lineations. Under the microscope, ribbon-quartz showing stair-step
shape and S-C mylonite textures indicate top-to-the-ENE sense of shear. Biotite and white
mica show ‘fish’ structures and are often recognized as tails of epidote porphyroblasts.
M etamorphic conditions are assumed to have reached greenschist facies, by the same reasons
as given above. The above textural features imply domal uplift of the inner gneiss, causing
simple shear around the boundary between the Isua supracrustal belt and the Amitsoq gneiss.

In spite of the recognition of pillow structures in an occurrence of amphibolite by
geologists of Kyrolitselskabet @resund A/S in the early 1970s, subsequent workers have
overlooked them because they classified the rocks according to the metamorphic structure and
texture, instead of protoliths (Allaart 1976). Therefore, the pillow lavas in the Isua
supracrustal belt have never been well described. The pillow lava structures are sporadically
preserved in areas of relatively low strain. Even under high strain, pillow structure can be
recognized if the tectonic stretching is parallel to the elongated pillow tubes. The pillow lavas
are relatively small, 30 to 150 cm across. Morphologies comprise: oval with cusp through
pear-shaped to crescent-shaped forms, depending on secondary deformation. Relatively
undeformed pillow lavas indicate the way-up (Borradaile 1982). They are composed of core
(green), rim (pale green to white colored) and matrix (darker green), and some have a mantle
(darker green) between the core and rim (Photo 4). They are of close-packed type with scanty
matrix. They vary in size and shape depending on the flow unit. Vesicles and varioles are not
visible on rims, presumably because of the secondary deformation and metamorphic
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recrystallization.

|-3 Barrovian-type progressive regional metamor phism

It had been thought that both the Isua supracrustal belt and the Amitsoq gneiss had
originaly suffered amphibolite facies metamorphism and then were recrystallized under
greenschist facies conditions due to retrogressive metamorphism (Boak & Dymek 1982;
Nutman 1986). In this work, microscopic observations and microprobe analyses were
completed on more than 750 rock samples from a NE-SW traverse from the Northern through
Middle to the Southern Unit. Detailed petrographic analyses reveal s that no relict minerals of
high-grade amphibolitic metamorphism exist even in the least metamorphosed zone of the
greenschist facies mineral assemblage. Moreover, Ca-amphiboles in the high-grade
amphibolite zone possess knife-edge-bounded zoning of actinolite in the core and hornblende
in the rim, suggesting the presence and preservation of the prograde metamorphic stage.

The study areais divided into four metamorphic zones based on mineral assemblages
and the compositions of the metamorphic minerals (i.e. anorthite content of plagioclase) in
metabasites (Fig. 3). Zone A is characterized by the greenschist mineral assemblage of
chlorite (Chl), epidote (Ep), albite (Ab) and quartz (Qz). Zone B is defined by the appearance
of Ca-amphiboles, either actinolite (act) and/or hornblende (Hbl), together with albite and/or
oligoclase. The mineral assemblage is Chl, Ep, two amphiboles, peristeritic plagioclase (Pl)
and Qz, showing the transition between greenschist and amphibolite facies. The distinctive
feature of Zone C is the persistence of the peristeritic gap in plagioclase in spite of the first
appearance of andesine, and the presence of two types of amphibole. The metabasites are
composed of diagnostic minerals Chl, Ep, Act, Hbl, Ab, andesine and Qz. Zone D is defined
by the disappearance of compositional gaps in plagioclase and Ca-amphibole. The mineral
assemblage is Chl, Ep, Hbl, high-Ca plagioclase and Qz. Some rocks contain garnet and
cummingtonite because of their anomalous composition (enriched in MgO, FeO and Al,Q,,
and MgO and FeO, respectively). The Mg value, defined by 100xMgO/(MgO+Fe0), of
chlorite coexisting with Hbl, Act, Ep, Pl and Qz increases progressively from 52 in Zone B to
63in Zone C. The Fe-Mg partition coefficient between garnet and biotite also shows the
progressive increase of metamorphic temperature 400 °C in the northern area of Zone C
through 450 °C in the southern area of Zone C to 550 °C in Zone D. This suggests the
metamorphic zonation represents the Barrovian-type progressive metamorphism. Isograds
trend NW-SE, and cross-cut the NS-elongation of the Isua supracrustal belt, which implies
post-metamorphic tectonic juxtaposition of the Isua belt into the Amitsoq gneiss (Fig. 3). A
full description of metamorphic aspects will be presented elsewhere.

|-4 Geology of the northeastern part of the lsua supracrustal belt

The mapped area is subdivided into three units by structural breaks defined by low-
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angle thrust faults, which are NS-trending/east-dipping or EW-trending/north-dipping. We
term these units the Northern, Middle, and Southern Units (Fig. 1b). Each unit is composed of
imbricated piles of oceanic material, such as pillowed or massive basaltic flows, hyaloclastites,
BIF/chert and mafic/felsic sediments.

The Northern Unit is juxtaposed with the Middle Unit across an NS-trending fault with
20-30° dipsto the east. The lower half of the Northern Unit is highly disrupted mélange (Type
[, Cowan 1985), with blocks of greenstone and chert. It is comparable with examples in
Phanerozoic Tethyan and circum-Pacific orogenic belts (Fig. 2a). More than 37 angular to
subrounded blocks of greenstone are randomly embedded in a highly sheared muddy matrix,
together with several blocks of chert with or without BIF. Moreover, magmatic structures of
pillow lava, dike, gabbro and hyal oclastite have been identified in greenstone blocks, whereas
bedding planes of cherts are well-preserved in chert blocks. The upper half resembles the
Southern Unit in terms of structure and lithostratigraphy. It is composed of three subunits
bounded by layer-parallel thrusts. Each subunit is composed of pillow lava greenstone at the
bottom, overlain by layered chert/BIF. Although chert/BIF sequences are multiply deformed
and cut by faults, the original lithostratigraphy can be reconstructed, as explained in the later
section. Pillowed basalts covered with a hyaloclastite layer are conformably capped by thick
chert/BIF sequences. BIF layers occur at the bottom of the sedimentary sequence, whereas
white chert becomes more abundant through the transition of white/blue chert at the upper
part. A thin graphite-bearing chert layer also occurs at the muddy chert horizon, resting on
bedded chert. Basaltic dikes/sills are intruded into BIF/chert sequences in several places. The
rocks in this unit suffered from relatively low-grade progressive metamorphism from
greenschist facies in the eastern to epidote-amphibolite facies in the western region (Fig. 3).

The Middle Unit is cut on the south by an EW trending, gently north-dipping fault.
Although Quaternary glacial drift obscured the Unit boundary, bedding planes change
abruptly beyond the boundary from a NNE-strike in the Middle Unit to a NE-strike in the
Southern Unit. Across the boundary, the lithostratigraphic discontinuity is obvious; chert and
overlying mafic sediment predominate in the Middle Unit, whereas massive lava, pillow lava
and hyaloclastite are abundant in the Southern Unit. Although the Middle Unit is mainly
composed of dominantly NS-trending chert layers, near the southern margin of the Unit is
found a mafic material-enriched turbidite sequence associated with felsic sandstone,
mudstone, cal careous sandy shale, and even minor conglomerate crops out. Chert is mainly a
white type (see the later section), and some chert layers are intercalated with impure
(dolomitic) carbonate. More than 110 dykes and sills are intruded into the Middle Unit. Those
are variable in thickness from tens of centimeters to tens of meters. Only two of them contain
plagioclase patches, suggesting that they are Ameralik dykes. One of the Ameralik dykes
intrudes the Unit-bounding fault, indicating that dyke emplacement was post-juxtaposition.
The dyke itself has been metamorphosed to amphibolite facies condition. Reconstruction of
the original stratigraphy is difficult because there are no key beds in the Unit, but it probably
consists of several subunits, as do the other Units.
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The Southern Unit occupies the major part of the mapped area. Major lithologies are
basdltic lava flows, with or without pillow structures. Because various lithologies (e.g.
conglomerate layers and felsic sediments) crop out throughout the Unit, we employ them as
key bedsin geological and structural investigations.

|-5 Geology of the Southern Unit

The distribution pattern of the above-mentioned five major lithologies is complicated.
Cherts and associated sediments form several belts, apparently converging in some cases, and
diverging in the others, as indicated by layer-parallel faults (Fig. 4). Faults formed by layer-
parallel shortening are common in the Isua supracrustal belt, and duplex structures are on
scales of meters to a few km. Duplex structures are common in al three Units but the
truncated duplex structure is most conspicuous in the Southern Unit.

At least eight major subunits (duplexes) are defined by the layer-subparallel faults,
which trend NE-SW, as shown in Fig. 4. Although the faults are subparallel to the layering of
the turbidite sequence, the layering is clearly cut by those faults in many places, at outcrop
scale. The duplexes are, in turn, composed of several horses, and at least twelve horses can be
recognized. The lithostratigraphy and chert thickness are similar among horses in each
particular duplex, and these are the criteria used to define a single duplex (a duplex is
indicated by a roman numeral, and the horse belonging to that duplex is indicated by a
subscript Arabic numeral; e.g. IV,).

We reconstructed the original lithostratigraphy within each horse by removing folds
and/or thrusts, based on detailed sketches of the outcrops. The reconstructed lithostratigraphy
within a horse is simple, and consists of, in ascending order, pillow basalt, chert, and turbidite
(Fig. 5). Magjor tectonic breaks separating horses on both sides are commonly layer-parallel
faults. The stratigraphic top within a horse always faces southeastward, except in a few
strongly folded areas.

|-6 Reconstruction of lithostratigraphy within a horsein the Southern Unit

The lithostratigraphy within each horse was reconstructed and compared. Centimeter-
scale measurements of chert and turbidite sequences were completed on al horses. An
example is shown in Fig. 5. The chert and turbidite are, in general, severely deformed
compared to metabasite, and hence, particularly careful observation is necessary for the
reconstruction of the original lithostratigraphy. Chert has been subdivided into the following
six-types. (1) BIF-bearing, (2) white, (3) white/blue (magnetite-bearing), (4) white/green
(mafic tuff-bearing), (5) muddy chert, and (6) white/gray (or brown due to weathering) chert
containing thin laminated carbonate layers. The type 3 and type 4 cherts are characterized by
mm to cm scale rhythmic aternations.

The mineral assemblages and abundance of minerals in the rocks reflect not only the
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metamorphic grade, but also the chemical composition of the rocks. Mafic sediments (MS)
can be also classified into the following five-types based on the appearance and amount of
garnet. If mafic sediment is more enriched in FeO and/or MnO relative to MgO, garnet is
more abundant at a given metamorphic grade. Thus, the modal amount of garnet is a marker
of the relative abundance of FeO. M S, is black and massive, with few garnets. MS, is also
black, but is differentiated from MS, by its rough surface and is garnet-free. MS; has quite
large amounts of garnet megacrysts, and is green and massive. MS, is also black but different
from MS, in terms of larger modal amounts of garnet. MS; is black to gray with a
considerable amount of garnet.

In spite of complex folding, the lithostratigraphy within a horse can be reconstructed
by using key beds of chert and mafic sediment lithologies. A representative example is shown
in Fig. 6a, 6b. A wide variety of lithologies occur in a 80 x 30 m* area. These include
rhythmically alternating white-gray chert, muddy chert, alternating felsic sandstone and
mudstone, mafic sediments, carbonate, and conglomerate. The areais subdivided into four
blocks (Block | to 1V) by three NE-SW trending, folded thrusts (T, to T).

T,, with NE-trends and SW-dips, runs along the boundary between MS, and
conglomerate (Fig. 6b). T,, with ENE-trends and SSE-dips, constitutes the boundary between
the MS,/carbonate and MS,/MS; in the western area (Fig. 6¢), whereas it constitutes the
boundary between MS, and conglomerate in the eastern area (Fig. 6b). T, iscut by T, in the
middle area. T,, with ENE-trends and SSE-dips, runs along the boundary between the chert
and MS,, and truncates T, in the western area (Fig. 6¢).

Although older folds are obscured by later deformation, and even the faults themselves
aretightly folded, at least four separate generations (F,, to F,,) can be observed, based on the
direction and dip of the plunge of fold axes and cross-cutting relationships with thrusts.
Sedimentary bedding planes (S,) such as graded bedding, intercalation of conglomerate with
carbonate and MS, with carbonate are well preserved in this area.

F,4 folds have been traced throughout the eastern part of this area by using MS; and
sandstone as structural markers (Fig. 6a). They are noncylindrical tight to isoclinal folds, with
upright to moderately dipping, WNW-striking axial surfaces and with hinge lines plunging
WNW. These folds have wavelengths of ca. 2 meters. F,, folds are noncylindrical, closed to
tight, with upright to moderately dipping, NNE-striking axial surfaces and with hinge lines
plunging SSW. F,;, folds have been traced throughout the northern part by using intercalations
of conglomerate with carbonate or MS, (Fig. 6a). F;. folds have very distinct forms. F,. folds
are noncylindrical, closed to tight, with upright to moderately dipping, NE-striking axial
surfaces and with hinge lines plunging SW (Fig. 6a). F,4 folds are noncylindrical tight to
isoclinal, with upright to moderately dipping, NE-striking axial surfaces and with hinge lines
plunging SW (Fig. 6a).

The axial surface and the eastern limb of the F,;, fold are sharply cut by T, in the
middle area of Block 1V (Photo 1). Moreover, the axial surface and the eastern limb of the Fy,
fold are cut by T, and itswestern rimiscut by T, in Block 111 (Fig. 6b). The axial surfaces of
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F,;, folds make a sweep to the west along thrusts, and interlimb angles decrease near the
thrusts. F,. folds bend the axial surfaces of F;, and even fault surfaces of T, and T,. On the
other hand, F, folds are truncated by T, (Fig. 6¢). F;4 fold bends T, in the western area (Fig.
6a). Thefoliations (S,) in this area are mainly NE-SW striking and dip moderately to steeply
to the southeast, and appear to be folded, with steeply SE-plunging axes (F,) (Fig. 6ainset).
All the rocks in this area uniformly suffered from lower amphibolite metamorphism (Fig. 3).
This evidence means the juxtaposition of those blocks predates the regional amphibolite
metamorphism. Superposition of the folds and thrusts described above alows us to
reconstruct the original stratigraphy. The thrust and folding events are summarized in Table 1.

Block | contains a 3-5 m thick bedded chert layers capped by alternating felsic
sandstone and mudstone on the top, through a few meters thick muddy chert layer. The
bedded chert is intercalated with thin MS, layers in the lower part (Fig. 6¢). Block Il is
dominated by MS, with interbedded MS,, MS,, MS,, sandstone and carbonate. Felsic
sandstone is a key bed to correlate the stratigraphy of Block | with Block Il where it is
interlayered with MS, in the lower part. Toward the stratigraphic top, mafic sediments
dominate, exhibiting a variety of different lithologies. MS; layers occur in the stratigraphic
upper part, while MS;, and MS; occur in the middle part. Thin carbonate layers are
interbedded in the upper part. Among them are 10-20 cm thick Fe-rich mafic layer containing
remarkably large crystals of garnet (MS;, ;) which can be used as a marker horizon. This aids
helping, not only analysis of the folded structures, but also comparison of the lithostratigraphy
between blocks (Fig. 6b, 6¢). The overturned Block IV starts from MS, interlayered with
sandstone layers through alternations of MS, and carbonate layers finally up to 4-m thick
conglomerate layer (Fig. 6b, 6¢). Block |11 is composed of alternating conglomerate and thin
MS, and MS, layers with minor intercalations of carbonate layers (Fig. 6b). Although all
blocks are metamorphosed to amphibolite grade, some sedimentary structures, such as cross-
lamination and graded-bedding, are well preserved (Nutman et al. 1984). Using these to
determine the directions of the stratigraphic top (Nutman 1986), the lithostratigraphic
sequence can be reconstructed based on the above thrust/folding generations and comparison
of the lithostratigraphy within each block (Fig. 7). The total thickness of the turbidite
sequence is estimated to be about 70-80 m. However, due to a considerable degree of tectonic
thinning, the original thickness may have been much more. The degree of deformation is
measured using shapes of deformed pebbles in conglomerate layers, and the result shows that
the strain ratio was 1:1.23:0.33. If such astrain ratio is applied to al lithologies, the original
thickness can be estimated to be about 200 to 300 m.

Compared with reconstruction of the chert-turbidite association, it is easy to
reconstruct the stratigraphy of the basaltic flow piles capped by chert, because the basalts are
less deformed than the other rocks, as shown on the geologic map. A close-up view of such an
exampleis shown in Fig. 8 and Photo 10. A northward-dipping steep wall, 80 x 300 m? in
area is exposed, exhibiting a complete succession from pillow at the bottom through the
hyal oclastite layers up to massive white chert bed on the top. Along the boundary between
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chert and hyaloclastite, thin dolomitic carbonate pods are present. The pillow lavas are
relatively small, up to 80 cm across. Morphologies range from oval with cusp, to pear-shaped,
relatively undeformed pillow lavas, indicate younging towards the southwest. They are
composed of cores (green), rims (pale green to white colored) and matrix (darker green), and
some have mantles (darker green) between the core and rim (Photo 4). The pillow lava
hyaloclastite flow unit rests on hyaloclastite layer in the foot of wall (Fig. 8). The
hyaloclastite layers on the top are divided into two sections, the upper and the lower
hyaloclastite, respectively. The lower hyaloclastite layers are characterized by smooth
surfaces and lack of garnet megacrysts. They consist of poorly-sorted pillow breccias set in
matrix. The layers are up to 9 meters thick, and conformably cover the pillow lavas. The
upper hyaloclastite layers are composed of well-sorted, fine-grained metasediments with a
probable reworked origin. They are characterized by rough surfaces and garnet megacrysts.
High abundance of garnet suggests that the rocks are enriched in Fe and Mn. The layers are
up to 3 meters thick, and vary laterally in thickness. They conformably cover the lower
hyal oclastite, and are conformably overlain by white bedded chert layers. Five subparallel
dykes cut all the pillow lava flows and the overlying sedimentary units. Massive white chert
beds contain thin films of either carbonate or mafic sediments, near the base.

Through detailed mapping, we obtained lithostratigraphic columnar sections for each
horse (Fig. 9). Some are quite similar to each other in terms of stratigraphy and thickness of
chert beds, whereas others differ. A group of horses with similar stratigraphy is regarded as
belonging to a particular duplex. As aresult, the following eight duplexes were recognized.
All of the horses in the given duplex (e.g. I11) share the same stratigraphy and thickness of
chert, except for Duplex IV, in which two share both the same stratigraphy and thickness of
chert, but the third shares only the stratigraphy with the others, as will be discussed later.
Moreover, Duplex |1 has a distinct stratigraphic feature, which implies an oceanic plateau or
seamount origin as will be discussed later. Duplexes|, I11 to VIII are described first, and 11
thereafter.

Duplex | is present at the structural base in the mapped area and is cut by a 50° E-
dipping fault across which it is juxtaposed against the inner Amitsoq gneiss (Fig. 4). About
50-m thick sedimentary units of white chert beds and overlying mafic turbidite sequence are
exposed, but the underlying pillow lava units are mostly cut off by a 50° east-dipping fault
(Fig. 1)

Duplex Il is composed of three horses; each characterized by thick-bedded chert (30m).
The basaltic layer is composed of afew pillow lava flow units, and aturbidite layer marking
the top of the sequence is dominantly mafic in composition. Along alithologic boundary
between chert and mafic turbidite, afew layers of carbonate are present; each is a few tens of
cmthick (Fig. 9).

Duplex 1V isformed by three horses. All are characterized by thick turbidite containing
felsic sandstone, mudstone and conglomerate in addition to mafic/carbonate sediments.
Conglomerate layers are associated with this Duplex and are traceable over 3 to 4 km along
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strike. The conglomerate layers may be related to dacite (CA volcanics) boulder-bearing,
thick felsic turbidite layers, about 12 km to the southwest. Zircons from dacite pebbles
yielded a well-constrained igneous age of 3807+1 Ma (Compston et al. 1986). The chert
thickness in the two horses is the same (about 5 m), but that of another is quite different, at
about 40 m (Fig. 9). Moreover, the lithostratigraphy of chert is also distinctive; white chert
dominatesin IV, and IV,, while the sequence of chert is dominantly composed of blue/white
chert with some layers of green/white and white chert, and even tuff and soapstone layersin
IV,. Nevertheless, the prominent muddy chert layers at the top of the chert sequence and the
lithostratigraphy of the turbidite sequence overlying the chert are the same in all horses,
suggesting the simultaneous accretion of al three at a trench, because the turbidite sequence
reflects the sedimentary environment of the trench, during accretion (Kimura 1994; Kusky et
al. 1997b). The different chert thicknesses amongst horses will be discussed later.

Duplex V is characterized by white chert with overlying thick blue/white chert unit
(total: 40m). Near the base of the chert bed, fuchsite is present in some localities. Along the
boundary between chert and underlying thick hyaloclastite layers, athin layer of talc-bearing
ultramafic rock is present. The turbidite layer is dominantly mafic in composition with minor
felsic sediments (Fig. 9).

Duplexes VI, VIl and VIl are not well exposed, and have been affected by thermal
metamorphism by the 2.2 Ga (Nutman et al. 1995) boninitic dyke intrusions. This makes it
difficult to unravel the detailed lithostratigraphy and the distribution of horses. However, a
few critical exposures clearly indicate the presence of different duplexes with different
lithostratigraphies. All of these are characterized by different chert thicknesses and different
lithologies. Duplex V1 is characterized by thin bedded blue/white chert and varied lithologies
in the turbidite layers; acm- to m-scale alternating mafic, carbonate, felsic and ultramafic
sediments (Fig. 9). Duplex VIl share the characteristics of thin white chert layersand the
occurrence of both thick felsic and mafic sediments with distinctive carbonate layers (Fig. 9).
Thick chert layers and the very thick overlying mafic sediments with ultramafic materials are
present in Duplex VIII (Fig. 9).

Duplex 11 has a thick (up to 600 m) lithostratigraphy, which is remarkably different
from the others, because chert layers appear in two stratigraphic horizons (Fig. 9). Between
the lower 50-m thick and the upper 2-m thick bedded chert layers, a 190-m thick relatively
undeformed mafic/felsic aternation is present. It is characterized by bimodal volcaniclastic
felsic and mafic compositions. Mafic sediment contains numerous garnet megacrysts. Recent
SHRIMP dating of separated zircons reveals that the felsic vol caniclastic rocks were formed
at 3710+4 Ma (Nutman et al. 1997). In the lower section, the alternation is rhythmically and
finely spaced. Near the base, tourmaline boulders are present (Appel 1984, 1995). In the
middle section, each layer of mafic and felsic sediments becomes thick, up to 5 m. Four mafic
sills are intruded into felsic sediment layers, or the boundary between felsic and mafic
sediments. In the upper section, mafic sediment become dominant, interbedded with six felsic
sediment layers, about 1 m thick. Thin mafic sediment layers without garnet megacrysts are
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interbedded with thick mafic sediment layers with garnet megacrysts. A package of thin
magnetite and green phyllite layersisintercalated into one of the thick mafic sediment layers.
Near the top, a unit of very thick green phyllite with felsic sediment layers on both the sides
covers the alternation of mafic sediment layers. At the top, a mafic sill isintruded. The upper
70-m thick mafic sediment layer overlying the thin chert layer is dominantly mafic in
composition, and one thin felsic sediment layer is interlayered near the bottom. Mafic
sediments contain no garnet megacrysts, suggesting a more Mg-rich bulk composition.
Picritic lava flows are also present. The uppermost part is athin alternation of felsic sandstone
and mudstone (Fig. 9).

-7 Comparison of lithostratigraphy of the Isua belt with oceanic plate
stratigraphy

Fig. 9 summarizes al of above-mentioned lithostratigraphies as a simplified
stratigraphic column. Petrographic examination of chert indicates that no continental or arc
materials occur within chert beds and underlying pillow lava flow units. Detrital materials
start to appear in thin laminated chert beds precipitated after the end of major chert deposition,
and become common in the turbidite layers. The sequential change of sedimentary aspects,
from chert to turbidite, is common to al horses in the Isua belt. The reconstructed
lithostratigraphy is quite similar to that of circum-Pacific accretionary complexes, which were
formed by oceanic plate subduction during the last 450 Ma along the peripheral parts of the
proto-Pacific to the present-day Pacific Ocean (Isozaki et a. 1990; Matsuda and Isozaki
1991).

The reconstructed lithostratigraphy in an accretionary prism in those Phanerozoic
orogensis called “oceanic plate stratigraphy” . Representative columns are shown in Fig. 10a,
which is slightly modified from the original to make the travel history of the ocean-floor on
the modern Earth easy to understand. The oldest oceanic segment in the present oceansis 200
Ma off the Mariana arc, and forms a part of the Pacific plate which is being subducted under
the Izu-Marianaintra-oceanic arc. Along the western margin of North and South America,
spreading centers themselves are being subducted under the continents (e.g. von Huene et al.
1998). Therefore, crudely speaking, the lifetime of oceanic lithosphere from its birth at a mid-
oceanic ridge to demise at the trench is 100 m.y. on average on the modern Earth. The
deposition rate of bedded chert, estimated by the occurrence of radiolarian microfossils, is 1
m per 1 m.y. for Triassic to Jurassic bedded chert in Japan (Matsuda and Isozaki 1991). Thus,
a 100-m thick chert bed corresponds to chert deposited over 100 m.y. A simplified oceanic
plate stratigraphy is shown in Fig. 10a together with a travel history of the oceanic plate of
100 m.y. age. When the plate is formed at a mid-oceanic ridge, the oceanic crust is composed
of tholeiitic basaltic flow piles. Topmost crust is partly covered by athin bed of limestone
where the ridge crest is above the carbonate compensation depth. Hydrothermal circulation of
seawater at the spreading center alters the oceanic crust (ocean ridge metamorphism), and
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forms massive sulfide deposits through black and white smokers locally developed on the
ridge. Due to horizontal movement by ocean-floor spreading, the plate cools with time, the
water depth increases, and deep-sea sediments precipitate on the ocean-floor until arrival at
the trench. During the 100 m.y. of travel time from mid-oceanic ridge to a subduction zone
only deep-sea sediments are precipitated on the ocean-floor. These sediments are bedded
cherts formed by relatively rapid and periodical deposition of “marine snow” (radiolarians)
compared to constantly supplied aeolian dust, which is transported from the continental areas.
Near the trench, continent- or arc-derived turbidite starts to cover the ocean-floor. These
comprise very fine-grained mudstone mixed with chert (hemipelagic sediments), outboard of
the trench outer wall, which are covered by thick coarse-grained turbidites at the trench axis.
The 100 Ma oceanic crust capped by 100-m thick chert and turbidite sequence is then
subducted and accreted to the arc either by off-scraping at shallow levels or underplating at
deeper levels.

The accretion of subducted oceanic materialsin either off-scraping or underplating is
through layer-paralel shortening as schematicaly illustrated in Fig. 10b. A competent
basaltic oceanic crust overlain by semi-consolidated to unconsolidated sediments is
underthrust along the décollement by oceanic plate subduction. The release of pore fluid,
strain hardening and compaction, force the frictional resistance along the décollement to
decrease, and cause down-stepping of the decollement. Development of décollement down-
stepping at this stage results in the accretion of oceanic crust and the formation of duplex
structures comprising thrust-bounded horse. The newly-accreted oceanic crust pushes up the
already-accreted horses and forces them to rotate landwards. The repetition of the above
process forms a duplex, which consists of several horses (Fig. 10b).

As aresult of the growth of a duplex, the newly developed décollement episodically
advances oceanward to push up the already-accreted duplexes and cause the formation of a
younger duplex under the older duplex, as shown in Fig. 10c. Accretionary orogens develop
downward and oceanward with time. Because of the contrasting physical properties of
component rocks, deformation concentrates in turbidite sequences and deep-sea sediments,
rather than in rigid basaltic crust at shallow levels. It is easily imagined, if seamounts, rises or
plateaus were formed on a plate, those would be sandwiched on the top and bottom by deep-
sea sediments before accretion at the trench. In addition, an abundance of sills and dykes
would be intruded into deep-sea sediments if oceanic island magmatism developed. All of
those materials formed by ocean island basalt (OIB) volcanism would be finally exposed on
land, but are quite different from the normal oceanic crust and overlying sediments.
Systematic rules on the mode of occurrence of accreted oceanic materials with different
origins are summarized by Isozaki et al. (1990).

|-8 Travel history of Early Archean oceanic lithospherein the I sua belt

It has been shown that in the Southern Unit, and possibly, in the whole Isua
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supracrustal belt, an accretionary complex has formed through accretion of oceanic crust to
the hangingwall, by duplexing. A sequence of duplexing scenarios can be reconstructed as
follows.

The structural bottom is Duplex | and the top is Duplex VI, as judged by the
southward polarity of duplexing. As illustrated in Fig. 10b, the younger horses develop
downwards, therefore, the oldest duplex is VI11. Accretion proceeded from Duplex V111, through
VI, VI, V, IV, I, and I, to | with time. Within a given Duplex, the southwestern horse is the
oldest horse. The similar lithostratigraphy within each horse suggests that those oceanic crust
segments subducted in the same area and period. The mode of formation of the duplex
structure throws light on the direction of the growth of the accretionary prism and the
subduction of oceanic lithosphere. The duplex polarity is defined by the direction of
convergence of faults, which divide horses, and coincides with plate convergence (Fig. 10b).
The southward convergent morphology of the duplex structure is widespread over the mapped
area, indicating that the I sua accretionary prism grew from south to north.

Radiometric ages are not fully available for establishing the detailed chronology within
each horse. Currently available constraints on the age of the supracrustal rocks and Amitsoq
gneiss near Isua are shown on Table 2. SHRIMP data reveals that felsic sediments in Duplex
Il were formed at 3710 Ma, which isthe only utilizable constraint for the age of deposition of
oceanic materials. On the other hand, the ages of the protoliths of the Amitsoq gneisses are
3627 to 3702 Main the inner area and 3695 Ma in the outer area. Judging from these data, the
age of subduction of oceanic crust must be before 3702 Ma, and probably in the range 3702-
3800 Ma. Tondlitic granitoids, precursors of Amitsoq gneiss, were subsequently intruded into
the I'sua accretionary complex around the Isua supracrustal belt at 3627-3702 Ma. Moreover,
the inner gneissis slightly younger than the outer gneiss, and the zircon ages in the Amitsoq
gneiss are reported as 3880 Ma in the south of the Isua area (Nutman et a. 1993), suggesting
that a dlightly older part of the arc may be present to the south and the east of Isua.

A paleogeographic reconstruction is shown in Fig. 11 to illustrate sequential events of
accretionary prisms in the Southern Unit at about 3700-3800 Ma. The arrangement of oceanic
lithosphere is estimated by the order of the accretionary scenario mentioned above. Two mid-
oceanic ridges are assumed to be present, because the chert thickness of Duplexes VI and IV
(except 1V-3) is very thin, ranging between 4 to 6 m, whereas the others are all 30-50 m.
Therefore, very young oceanic plate must have subducted at the trench to form Duplexes VI
and 1V, suggesting the presence of a mid-oceanic ridge nearby. The chert thickness of 1V, and
IV, isthin, ca. 4 to 6 m, whereas |V, reaches 40 m thick. In spite of the difference in chert
thickness, lithostratigraphy of the turbidite sequencein I\, is very similar to those of 1V, or IV,
This may suggest the presence of alarge transform fault with lithosphere of differing ages
either side. Duplex Il is presumably a large oceanic plateau or seamount formed by
intraoceanic off-ridge vol canism, because chert layers occur along two stratigraphic horizons
and bimodal volcaniclastic sediments are intercalated with chert beds. The thick lower chert
layer of Duplex Il suggests that its lifetime was long, and that an old plate subducted and
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accreted to the hangingwall. On the other hand, the thin upper chert layers overlying the
mafic/felsic sediments suggests that within-plate vol canism occurred near the trench.

The thin (5m) chert beds in Horses IV, and I\, imply subduction of a very young
oceanic plate (Fig. 12a). If a sedimentation rate typical of Phanerozoic chert is applicable, it
may have been ~ 5 My. In a modern tectonic setting for such young plate subduction, the
volcanic front of the calc-alkaline (CA) rock seriesis very close to the trench and near-trench-
volcanism is present, as shown in present and past examples (e.g., Tertiary SW Japan,
Takahashi 1986). When a young, hot plate subducts, the hangingwall is uplifted on a regional
scale because of buoyancy. This has been well documented in young orogenic belts around
the circum-Pacific region, e.g., Late Tertiary SW Japan (Takahashi 1986), and the Early
Tertiary Alaska (Delong et al. 1978; Kusky et al. 1997a). In these cases, thick piles of
turbidite cap the subducting oceanic crust before subduction. It is worth mentioning the
lithostratigraphy of Horses 1V, and IV, which are characterized by athick quartzofeldspathic
turbidite sequence which contains mafic, felsic, and silicic pebbles in several interlayered
conglomerates (Photo 2). Large dacite cobbles up to 50 cm across have been described from
this horizon, and their petrochemical characters show typical Archean CA series rocks
mentioned above (Nutman 1986). Fig. 12 shows the arc-trench paleogeography during ridge
subduction in comparison to those of normal plate subduction. Both regional uplift and fore-
arc volcanism enabled the input of felsic materialsinto the trench.

-9 Discussion

The tectonics of the early Earth, especially the Early Archean, has long been
controversial amongst geoscientists, particularly in the light of growing data sets, not only
from field evidence, but also from computer simulation, ultrahigh-pressure experiments, and
knowledge of planetary geology. Among severa different interpretations, two opposing ideas
have been developed: plate tectonics vs. ensialic vertical tectonics. Geologic records provide
direct evidence to answer the problems. Except a few pioneering works (Hoffman 1973;
Condie 1972; Burke et al. 1976), most Archean geologists did not believe in the presence of
layer-parallel shortening structures in Archean orogens during the 1970s. Such structures have
now been described in many Archean orogenic belts (Friend et al. 1988; Nutman et al. 1989;
Maruyama et a. 1991, 1994 for southern West Greenland; Kimura et a. 1993, for the
Superior province; Kusky 1989, 1990, 1991 for the Slave Province, de Wit et al. 1987ab,
1992 for the Barberton Group, South Africa; Isozaki et al. 1991; Kimura et al. 1991;
Maruyamaet a. 1991 for Pilbara Craton, Western Australia). To explain such nappe-stacked
orogenic structures, plate tectonics has been preferentially adopted as a possible explanation
(e.g. Kusky and Kidd 1992). Large-scale duplex structures have also been described in
Archean orogens (e.g. Folinsbee 1968). However, such large-scale subhorizontal shortening
evidence does not necessarily mean subduction of oceanic or continental plates. Such
structures have been also described within continental plates, for example, in the foreland
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basins such as the Cenozoic Alps-Himalayas and Caledonides in Europe and eastern USA.
To demonstrate subduction of an oceanic plate, the oceanic plate stratigraphy preserved
within the accretionary prism is critical, in addition to documentation of layer-parallel
shortening structures in orogenic belts. Hoffman (1991) compared some Archean orogenic
belts with the Phanerozoic southwestern Japan arc and speculated that Archean granite-
greenstone belts may be formed as accretionary complexes. The example reported here is the
first detailed documentation of structural duplexing in Archean accretionary prisms,
comparable to those in Phanerozoic examples, including currently on-going consuming plate
boundaries.

A continental rifting model has been used to explain the geology of the lsua
supracrustal belt, but this model overlooked the ubiquitous layer-parallel thrusts. It aso
regards sedimentary sequences, including conglomerate, as deposited conformably in shallow
marine environments, and mafic volcanics intruded into or extruded on them (e.g. Nutman
1986; Jacobsen and Dymek 1987; Dymek and Klein 1988). More recently the tectonic history
of southern West Greenland was accounted for by collision-accretion (Coney et al. 1980),
based on the presence of three fault-bounded blocks characterized by a geological history
distinct from that of adjacent terranes (Friend et al. 1987, 1996; Nutman et al. 1989).
Although such amodel takes into account the growth of continental crust through collision-
amalgamation after the formation of the continental crust, it does not account for the tectonic
setting where basaltic lavas, and chert and turbidite with conglomerate were deposited, and
the emplacement mechanism onto the continental crust. Nutman and Collerson (1991) first
used the term *accretionary complex’ for the Isua supracrustal belt. Although they presented
SHRIMP ages of the metamorphism (overgrown portion on the rim of zircons) and the
formation of source rocks of detrital zircons in the quartzite in the belt, the argument as to
whether the Isua supracrustal belt was formed as an accretionary complex was not presented.
The present geological evidence clearly shows that pillow lava flows were extruded on the
ocean-floor and chert/BIF sediments covered the piles of pillow lava flows in the open ocean,
because bedded chert layers except for muddy chert, and pillow lava flow piles contain no
terrigenous materials.

Geologic records preserved within turbidite sediments al so give strong constraints on
the type of active plate margin. If they formed along a large continental margin, they would
be dominantly quartzofeldspathic. If they are formed in intra-oceanic environments, such as
the western Pacific domains, they would be dominantly mafic in composition, because there
are no big rivers such as the Y angtze or the Y ellow River which transports huge amounts of
continental materials to trenches. The sedimentary petrology of the turbidite sequences clearly
indicates that the Isua accretionary complex was formed in the latter environment, because
mafic sediments are dominant in the turbidite sequences. It has long been evident that isotope
signatures of Isua metabasites and Amitsoq gneiss do not support a pre-existing continental
crust (Moorbath and Taylor 1981). During Archean times, especially in the Early Archean,
most orogenic belts presumably formed adjacent to intra-oceanic island arcs, then grew
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gradually through the collision-amalgamation process of island arcs (Condie 1982). Our
present data support the idea of Condie (1982), Nutman et a. (1996) and Kusky and
Vearncombe (1997).

The 3.7 to 3.8 Ga accretionary complex of the |sua supracrustal belt was formed near a
CA volcano-plutonic region as demonstrated by the felsic turbidite sitting on the top of
turbidite sequence, as well as dacite pebblesin a stratigraphic horizon of Duplex IV. Those
petrochemical aspects are quite similar to those of Phanerozoic TTG (tonalite-trondhjemite-
granodiorite) along the circum-Pacific orogenic belts, athough details are different, e.g.,
La/Yb ratio and Eu-anomaly (Martin 1986; Nutman and Bridgwater 1986; Shimizu et al.
1988). The Amitsoq gneiss and dacite pebbles may be one of the oldest continental materials
formed by oceanic plate subduction. Orogenic belts grow with time through plate subduction
by which CA volcano-plutonism creates and develops new acidic continental crust. With the
growing volume of the orogen, the trench shifts oceanward with time. The Japanese islands
comprise such an example. They have grown about 400-km oceanwards during the last 400
Ma by the formation of accretionary complexes and episodic intrusion of TTG every 100 Ma.
Therefore, as an inevitable result, the older accretionary complex rocks are now present as
enclaves within granitoids. The Cretaceous SW Japan is the Phanerozoic analogue of granite-
greenstone terrain in the Precambrian. The middle Jurassic and late Permian accretionary
prisms occur as enclaves within huge batholiths of TTG (Fig. 13). The Cretaceous gneiss
terrain is aregionally metamorphosed granite-greenstone terrain, which is also equivalent to
the Precambrian gneiss terrains (Hoffman 1991).

Table 3 is a summary of the geological evolution of the Isua area based on
lithostratigraphy, deformation and metamorphism. The history after the emplacement of
Amitsog gneissis established from the previous work listed in the table. The Archean history
of the Isua area spanned over 1 Gyr and can be subdivided into four periods. The first period
records the formation of the oceanic plate at the oceanic ridge and its subsequent migration to
the trench, which is well preserved in the record of formation of ‘ oceanic plate stratigraphy’.
The second period records the subduction and accretion of oceanic crust, which is
accompanied by underplating of oceanic crust to form duplex structures. The third period
records the regional metamorphism. This period is still ambiguous because it has been
considered that the early minera assemblage was overprinted by the Late Archean
metamorphism (Nutman and Collerson 1991). However, mineral assemblages and microprobe
analyses suggest that the regional progressive metamorphism occurred before emplacement of
the Amitsoqg gneiss. Moreover, microprobe analyses show no evidence of relict minerals of
the preceding higher-grade metamorphism even in the lowest grade area. And the extent of
the progressive metamorphism and the trend of the foliations overprinted the duplex structure
(Fig. 3, 5). The mylonite zones between the Amitsoq gneiss and the Isua supracrustal belt did
not suffer metamorphism greater than greenschist grade. This evidence suggests that the
regional greenschist to amphibolite grade metamorphism postdates the formation of the
duplex structures and predates the emplacement of the Amitsoq gneiss. The timing of the



27
progressive metamorphism depends on the age of the intrusion across the boundary
between the Isua supracrustal belt and the Amitsog gneiss in the southern area. Previous
works presumed that the dike was correlated with the Ameralik dykes, at about 3400 Ma. The
fourth period records intra-continental and continental-margin processes, including the
continental growth of tonalite-trondhjemite-granodiorite plutonism (the protoliths of Amitsoq
gneiss and Ikkattoq gneiss), and collision-accretion of the Akulleq terrane with the Akia
terrane and the Tasiusarsuaq terrane (Friend et a. 1987). Post-collision granitic and
trondhjemitic magmatism (McGregor 1973), and 2.7 Ga regional metamorphism (Nutman and
Collerson 1991) are also related to this period.

The direction of zoned growth of accretionary complexesin Isua, as inferred from
unraveling the duplex structure, is northward with time. Therefore, the Isua belt is the
youngest in the NE territory of Akulleq terrane in West Greenland (Fig. 1). This enables usto
predict the site of the oldest accretionary prism and TTG in this area. Fig. 13 show the N-S
cross section of the Isua-Amitsoq composite terrane in comparison with the zoned growth
history of southwestern Japan arc. In the southwestern Japan arc, the younger accretionary
complex, the major parts of the Sanbagawa and Shimanto belts have not yet been intruded by
TTG, whereas the Paleozoic to Jurassic accretionary prisms have been extensively intruded
by granitoids through the zoned growth of the orogen and oceanward shifting of the trench
with time. Similarly, the older accretionary complex should be penetrated by TTG, remaining
as enclaves or roof pendants within TTG plutons, and those should be to the south of Isua.
The Akilia association which has been defined by McGregor (1973), is the expected material
for the oldest accreted oceanic materials to the north of lvisartoq region mapped by Chadwick
and Coe (1988) and Nutman (1986). Recently Nutman et al. (1993) reported 3.88 Ga zircon
age by SHRIMP separated from Amitsog gneiss from this region. It is the oldest age for the
Amitsoq gneisses. The subduction-accretion time of Akilia association must be earlier than
3.88 Ga, and its formation at a mid-oceanic ridge or thereafter by off-ridge volcanism must be
much older.

The Isua supracrustal belt records the evidence of 3.8-3.7 Gatectonics on the Earth,
which is similar to modern plate tectonics. It also records the materials formed by the plate
boundary process at that time. These give similarities and differences with materials formed
by modern plate boundary processes. Differences are as follows: (1) More frequent intra-
oceanic or off-ridge volcanism as demonstrated by the frequent intrusions within chert beds.
Thismay reflect that Archean mantle is higher temperature, hence more turbulent mantle
upwellings occurred in the Archean, as predicted by many workers. (2) More frequent
accretion of oceanic basement than in the Phanerozoic. This may reflect thicker oceanic crust
than the present. If the crust is thicker than 10 km, the mechanically weak plane easily
develops within crust during subduction of oceanic plate according to recent rheological
experiments (e.g. Shimamoto et al. 1993). Therefore, accretion of oceanic materialsis not
common during Phanerozoic subduction except during deep accretion, although sections of
oceanic crust, more than 10 km thick have not yet been reported in accretionary complexes, it
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must have occurred commonly in the Archean if the crust was thicker than 10 km
(Hoffmann and Ranalli 1988). (3) The absence of blueschist in the Archean accretionary
complex. A high geothermal gradient at the subduction zone led to Barrovian-type
metamorphism instead of the high P/T type metamorphism such as that of the Sanbagawa belt
(Grambling 1981; Maruyama 1997b). This is consistent with progressive metamorphism
reflecting the subduction process in the Isua supracrustal belt.

In spite of those differences, many similarities are present between the Archean and
the present. Although it is possible that the chert was derived from chemical precipitation at
the mid-ocean ridge, the occurrence of chert bedsis quite similar to Phanerozoic bedded chert,
with regard to the obvious bedding planes and the lithological gradation from bottom to top.
Mid-oceanic ridge volcanics are not komatiite in composition, but low-K tholeiite (Gill and
Bridgwater 1979; Komiya and Maruyama 1995). Moreover, systematic compositional
differences can be observed between the pillow lavas underlying the thick chert and basaltic
diked/sills intruding the chert layers (Komiya et al. 1995). Pillow lavas are enriched in Al,O,,
FeO, and Y relative to basic dikes/sills at a given MgO content. The pattern of chondrite-
normalized rare earth elements (REE) is light REE-depleted for pillow lavas, whereas it isflat
or dightly LREE-enriched for the dikes/sills. Thisresult is quite different from the commonly
held speculation that Archean mid-oceanic ridge volcanics are komatiite (e.g., Takahashi
1990). The site of Archean komatiite formation has been speculated to be at athe spreading
center (de Wit et al. 1987b), or at a hotspot seamount or huge oceanic plateaus (Storey et al.
1989; Campbell et al. 1989). For example, the Abitibi komatiites were explained to result for
Archean hot-spot activity (Kimura et al. 1993), and the type locality of komatiite in the
Komati Formation of the Barberton belt, as being of an oceanic plateau origin (de Wit et al.
1992). Kusky and Kidd (1992) have also suggested such an origin for the Zimbabwe
komatiites. Plate tectonics had already started at least by 3.8 Ga, and presumably, back to 3.9
Ga. The common occurrence of pillow structures and conglomerate in the I sua supracrustal
belt also demonstrates the presence of seawater, and the existence of a proto-ocean. Such a
physical state of the early Earth is quite different from the Earth's satellite Moon, which was
resurfaced heavy extraterrestrial bombardment and the related Mare volcanism (Fig. 14).
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[-10 Conclusions

(1) Our detailed mapping of the northeastern part of the Isua supracrustal belt shows that the
belt consists of duplex structures. The sketches of each horse allow us to reconstruct the
original lithostratigraphy. The reconstructed lithostratigraphy is quite similar to
Phanerozoic ‘oceanic plate stratigraphy’, which consists in ascending order, of
pillow/massive lava unit, bedded chert and turbidite.

(2) The discovery of the duplex structures and oceanic plate stratigraphy reveals that the Isua
supracrustal belt is the oldest known Archean accretionary complex. Thisindicates that a
kind of ‘tectonics’ similar to Phanerozoic plate tectonics already operated in the Early
Archean.

(3) Geological evidence shows that three distinctive mafic igneous suites are present in the
belt. The first is pillowed and massive lava flows with subordinate amounts of
hyal ocalstite layers (mainly Garbenschiefer units), which is, in turn, overlain by thick
chert layers with no terrigenous materials, suggesting that the mafic rocks had been
derived from oceanic ridge volcanism. The second includes the abundant doleritic dikes
and sills (some homogeneous amphibolites), which nowhere intrude into the turbidite
sequences but into pillowed flow units and the overlying chert layers, suggesting off-
ridge volcanism origin. The third type is the abundant doleritic dikes (some
homogeneous amphibolites), which also intrude into all of those units including the
turbidite sequences. This may be related to post-accretionary island arc volcanism or
continental rifting volcanism thereafter.

(4) The duplex polarity indicates that the Isua accretionary prism grew from the south to the
north, and was followed by successive tonalitic intrusions. Thisideais consistent with
recent SHRIMP dating (Nutman et a. 1993), suggesting that remnants of older
accretionary complexes might be preserved as enclaves and roof-pendants within
Amitsoq gneiss to the south.

(5) The oldest pillow lavas in the Isua supracrustal belt evidently shows that seawater was
present in the Early Archean.
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FIGURE CAPTIONS

Figure 1. Geologic map of the NE part of Isua supracrustal belt. The inset map is geotectonic
map of southern West Greenland, simplified after McGregor et a. (1991). Three
terranes, Akia (gray), Tasiusarsuaq (gray with horizontal bars), and Akulleq are shown.
Akulleq terrane is composed of Ikkattoq gneiss (dark gray with white bars), Amitsoq
gneiss (stippled), and supracrustal rocks (black). Post-collision Qdrqut granite (cross)
intrude mainly Akulleq terrane. The Isua supracrustal belt islocated in the northeastern
corner.

Figure 2. (A) Geological map of the Northern Unit. The western part of the Unit is underlain
by mélange equivalent to those in circum-Pacific orogenic belts in the Phanerozoic. The
randomly oriented blocks of cherts and greenstones are distributed within mafic
sediments. On the other hand, the eastern part is underlain by two subunits with
stratigraphic sequences of pillow lava flow and the overlying bedded cherts and BIF.
(B) Sketch map of the greenstone-chert sequence of the Northern Unit. See the sketch
location in Fig. 2a. It is underlain by the two subunits with pillow lava flow and
hyaloclastite layer capped by chert/BIF sedimentary sequence.

Figure 3. Progressive metamorphism in the mapped area, which is subdivided into four zones
based on mineral assemblages and anorthite content (An) of plagioclase in the
metabasite. The metamorphic grade ranges from greenschist facies in the northernmost
area through epidote-amphibolite transition to amphibolite facies in the Southern Unit.

Figure 4. Distribution pattern of duplexes bounded by layer-parallel faults in the Southern
Unit. Eight duplexes are defined by both lithostratigraphy within a horse and fault
distribution. Duplexes consist of several horses. Simplified-cross section of piling
subunits is shown. The layer-parallel boundary thrusts among horses, both inter-
duplexes and intra-duplex thrusts, are left-latera and relative direction of fault
displacement is shown by small arrows. They converge to the south or west. These
structures are characterized by convergence and divergence of layer-parallel faults and
are duplex structures. Faults at the bottom and top are called floor- and roof-thrusts,
respectively.

Figure 5. Representative example of lithostratigraphy within Horse 111, The lithostratigraphy
is composed of metabasite, chert, muddy chert and mafic sediment, in ascending order.
The metabasite unit consists of a pile of pillowed basalt with massive basaltic flow and
hyaloclastite. The reworked hyaloclastite with rough surfaces and numerous
metamorphic garnet megaporphyroblasts occurs at the top of the unit. The chert unit is
dominantly composed of awhite, massive type, whereas a white/blue type occurs near
the bottom. The chert unit was intruded by several basaltic sills. Some carbonate pods
sporadically occur between the metabasite unit and chert unit. Mafic sediment with
graded bedding covers the chert unit at the top. Muddy chert occurs as transitional
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sediments between the chert unit and mafic sediments. Some carbonate layers are
interleaved into muddy chert and mafic sediments. The reconstructed lithologies are
compared with oceanic plate stratigraphy (See the text and Fig. 11).

Figure 6. (a) A sketch map to show the complex deformation patterns characteristic in the
turbidite sequence. Turbidite sequence belongs to Horse 1V, See the location on Fig. I.
The areais subdivided into four blocks, named I, I1, 111 and V. The NS cross sections
and reconstructed lithostratigraphy are shown in Fig. 7. Inset figure is lower hemisphere
equal -area projections of poles to tectonic layering from all the blocks. Large shaded
squares are eigenvectors based on a cylindrical best fit to data. Note the location of
photo 1. (b) Magnified sketch map of the eastern part. (c) Magnified sketch map of the
western part. (d) The outcrop in this sketch is close to the west of the sketch map (a).
Although the outcrop is about 20 m far from that of sketch (@), the continuous
stratigraphy can be reconstructed by means of tracing the key bed (the muddy chert
layer).

Figure 7. A schematic NS profile of chert-turbidite unit in Fig. 6 and the reconstructed
lithostratigraphy. Note the stratigraphic change from basalt and chert, through muddy
chert to turbidite, including conglomerate. Note also the upward coarsening of the
sedimentary body.

Figure 8. A sketch of Horse 111, showing the stratigraphic relationship between pillow lava
flow unit, hyaloclastite and reworked hyaloclastite, dolomitic carbonate pods, and
massive white chert beds on the top. Location of photos 4 and 10 are shown.

Figure 9. Lithostratigraphies of Duplexes| to VIII in comparison with that of Mesozoic Japan
(Isozaki et a. 1990). Seetext for details.

Figure 10. (a) Schematic diagrams of oceanic plate stratigraphy and the travel history of an
oceanic plate, after 1sozaki et al. (1991). When the plate is formed at a mid-ocean ridge,
it is composed of basaltic lava flows with/without the overlying carbonate pods. The
bedded chert is deposited on the oceanic crust during its migration from the ridge to the
trench. Once OIB volcanism occurs on the way between the ridge and trench, its
product is deposited on or intruded into the basaltic flow piles and the overlying bedded
chert, and bedded chert is deposited on the complex again. Hemipelagic sediment
including chert and some terrigenous pelitic sediments are deposited near the outer
trench, and finally turbidite covers all units at the trench. Note the great similarity of
lithostratigraphy in the Isua belt to that of Japan. (b) Mode of accretion of subducted
oceanic materials, modified after McClay (1992). As aresult, a duplex belt is formed
from top to bottom, by successive accretion with time. Each duplex consists of several
horses with similar oceanic plate stratigraphy. The duplex is cut on the top and bottom
by roof- and floor-thrusts, respectively. Deformation concentrates in unconsolidated to
semi-consolidated sediments; heavily deformed in the turbidite and deep-sea sediments,
and less deformed in the competent oceanic crust. (c) A schematic diagram of accretion
of oceanic materials at trench.
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Figure 11. Travel history of Early Archean oceanic lithosphere in the Isua accretionary belt,
West Greenland. This diagram shows paleogeographic reconstruction of accreted
oceanic lithosphere, being followed by successive underthrusting of oceanic crust to
form duplexes from Duplex Vi1 to | with time.

Figure 12. Comparative paeogeography of the Phanerozoic arc-trench system, ridge
subduction (@) versus old plate subduction (b) after Maruyama (1997a). On the ridge
subduction, regional uplift and fore-arc CA volcanism occur due to hot and buoyant
plate subduction. Large amounts of sediments, including conglomerate, are supplied to
the trench. The wide lateral extent of slab melting leads to more active island arc
volcanism.

Figure 13. N-S cross-section of the SW Japanese arc (@) in comparison with NW-SE cross
section of the Akulleq terrane near Isukasia, West Greenland (b). Note the 100 Ma
granite-greenstone terrane in Japan. Successive oceanward growth of arc due to addition
of new crust by TTG makes the older accretionary complexes “enclaves’ within TTG
plutons. Also note the 100 Ma gneiss terrane which has been derived from granite-
greenstone terranes formed in the lower crustal levels by synchronous TTG plutonism.

Figure 14. A speculative cartoon showing 3.8 Ga water planet Earth and its satellite Moon.
Plate tectonics had already started, however there was no solid inner core, double-
layered mantle convection, no large continents. Instead a number of intra-oceanic island
arcs of ca. 1000 oceanic microplates, abundant off-ridge volcanism related to mantle
upwellings, and plume- or bombardment-triggered spreading axis, all characterized the
early Earth at 3.8 Ga. One plate satellite, Moon was active only by heavy extra-
terrestrial bombardments and related Mare vol canism.
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PHOTO CAPTIONS

Photo 1. Mafic sediment (MS,) on the left and the underlying carbonate layers on the right.
The boundary between the two unitsis a knife-edge layer-parallel fault (T,), which is
recogni zabl e because carbonate layers form isoclinal folding (F1,) and the folding axis
is clearly cut by the fault, whereas the upper mafic sediments form rhythmic bedding
without folding. The scale is 60 centimeters by carpenter’ srule. The locality isHorse 1V,

Photo 2. Conglomerate. This layer islocated on the top of the lithostratigraphy of Horse 1V,
The gravel is polymictic, varying in size (pebble to cobble). The clasts are significantly
flattened due to post-depositional deformation. This conglomerate-bearing unit is
interlayered with carbonate layers in some places. The pen scaleis 15 centimeters long.

Photo 3. Rhythmic alternation of chert and banded iron formation (upper half) and underlying
mono-lithological magnetite-rich BIF. BIF crops out widely in the eastern part of the
Northern Unit. The rhythmically layered BIF is highly deformed due to syn- or post-
emplacement deformation.

Photo 4. Pillow lavas. Some basalts preserve original pillow lava structure in thisfigure. Each
pillow consists of core (green), mantle (darker green), rim (pale green to white colored)
and matrix (darker green). Each pillow isflattened by regional deformation.

Photo 5. A basdltic dike, cutting pillow basalt and overlying hyaloclastite layers. The hammer
is on the boundary between the dike and pillowed basalt. Many drilled holes for
pal eomagnetism studies are visible along the sharp boundary of the intruded dike. See
the location on Fig. 8.

Photo 6. Ultramafic rocks. The ultramafic rocks occur as discrete tectonic blocks,
sedimentary debris interlayered with sandstone or talc-bearing layers intercalated by
bedded chert. The photograph displays the small ultramafic tectonic massif within
metabasite.

Photo 7. Ameralik dyke. Ameralik dykes are characterized by white patches of plagioclase
megacrysts, and have been regarded as a marker for the oldest terrane in SW Greenland.
The photograph shows that the dike was intruded into the bedded chert and that
plagioclase xenocrysts are concentrated under the roof of the dike (sill-like) along the
overlying chert (left).

Photo 8. The east-dipping boundary between Amitsoq gneiss (left, white) and supracrustal
belt (right, dark-colored) on the west side of the supracrustal belt. The contact is highly
deformed and recrystallized to form a mylonite zone, a few meters wide.

Photo 9. The fault boundary between Amitsoq gneiss (upper, white) and supracrustal belt
(lower, strongly folded) on the east side of the supracrustal belt. The hammer is on the
side of Amitsoq gneiss. Supracrustal rocks are severely deformed, whereas Amitsoq
gneissisrelatively undeformed.

Photo 10. A photograph illustrating well-preserved pillowed basaltic flows, hyaloclastite,
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reworked hyaloclastite, and the overlying bedded chert from the right to the left side.
The geologist stands on the chert beds. The locality is shown on the sketch (Horse I11,)
of Fig. 8.
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I1-1 Introduction

The Archean-Proterozoic boundary has been arbitrarily defined to be at 2500 Ma by
the IUGS Subcommission on Precambrian Stratigraphy (SPS) (Plumb and James 1986).
However, when absolute age dating was initially unavailable, the transition from the Archean
to the Proterozoic era was historically conceived in terms of a change in tectonic and
sedimentation style. The Archean geological terrain is characterized by the granite-greenstone
belt and gneissterrain, and made up of greenstone belt which is composed of the thrust-
bounded units of greenstone, chert and turbidite units, and the granitoid intruding them. On
the other hand, the Proterozoic era had been defined by the emergence of the large flat-lying
sedimentary sequences unconformably overlying on the granite-greenstone terrain. Recent
extensive dating of Precambrian terrains reveals that the transition spanned more than 500
Ma; from 3.12 Ga Witwatersrand sedimentary basin, 2.95 Ga the Whim Creek belt and the
Lalla Rookh basin, Western Australia, and 2.7 Ga Belingwe greenstone belt, Zimbabwe, and
resulted in the controversy on the driving force of the evolution from the Archean tectonics to
the Proterozoic tectonics (Breuer & Spohn, 1995). This paper presents the geology of the
Beasley River area of the Hamersey Group, the Early Proterozoic sedimentary basin in
Western Australia and the geochemistry of greenstones at the three stratigraphic levels. The
results imply hot lower mantle material shoots up into the upper mantle at the time.

|1-2 Geological outline

In the Western Australia are made up of two large cartons; the Yilgarn Craton in the
south and the Pilbara Craton in the north, respectively. The Capricorn Orogen, a major zone
of deformed, low- to high-grade metamorphic rocks and granitoid intrusions lying between
the Yilgarn and the Pilbara Craton, and was derived from collision of the Pilbara Craton with
the Yilgarn Craton at 1.9 Ga. The Pilbara Craton is exposed over an area of 183,000 km? and
is subdivided into two tectonic components. a granite-greenstone terrain (the Pilbara
Supergroup), formed between 3.5 and 2.8 Ga, and a volcano-sedimentary succession in the
Hamerdley Basin unconformably overlying on the Supergroup (the Mount Bruce Supergroup),
made up between 2.8 and 2.4 Ga. The former occurs over the northern, one thirds of the
Craton, and is also exposed in severa inliers further south (e.g. Wyloo, Rocklea and Milli
Milli Domes, and the SylvaniaInlier) (Fig. 1). The latter is exposed in the southern two-thirds
of the Craton, or forms outliers on the granite-greenstone terrain to the north (e.g. in Marble
Bar ared). It is made up of three stratigraphic components; Fortescue Group, Hamersley
Group and Turee Creek Group in chronological order (Thorne, 1990: Hickman et al., 1990).

The Fortescue Group has maximum thickness of 6.5 km and forms about 40 percent of
the outcrop area of the Hamersley Basin. The succession consists mainly of mafic volcanics,
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volcaniclastic rocks, sedimentary rocks, and (platform) carbonate. Mafic and acidic
intrusive igneous rocks are also in an important component locally. The Group is subdivided
into six stratigraphic units; Mount Roe Basalt, Hardy Formation, Kylena Basalt, Tumbiana
Formation, Maddina Basalt and Jeerinah Formation in ascending order. Detailed descriptions
about those formations have been reviewed by Thorne (1990). U-Pb zircon chronological
studies show that the Group were formed between ca. 2775+10 and 2684+6 Ma, felsic lava or
tuff units occurring close to the base of the Group and felsic volcaniclastic unitsin the upper
part of the Jeerinah Formation, respectively (Thorne, 1990).

The Hamersley Group conformably overlies the Fortescue Group and occupied most
of the remaining 60 percent of the Hamersley Basin. It has a maximum thickness of about 2.5
km and consists mainly of banded iron formation (BIF), shale, carbonate and tuff, interlayered
with mafic and felsic intrusive igneous rocks. The Hamerdey Group consists of eight
stratigraphic units; Marra Manba Iron Formation, Wittenoom Dolomite, Mt. Sylvia Formation,
Mt. McRae Shale, Brockman Iron Formation, Weeli Wolli Formation, Woongarra V olcanics
and Boolgeeda Iron Formation in ascending order. Moreover, Brockman Iron Formation is
subdivided into Dales Gorge Member, Whaleback Shale Member, Joffre Member, and
Y andicoogina Shale Member in order of age. The Group is characterized by abundance of
banded iron-formation (BIF), but intrusive and extrusive igneous rocks (both mafic and acidic
rocks) also occur pervasively, over 40 percent of the Group. The geochronology of Hamersley
Group had been poorly-understood, and few U-Pb zircon ages were reported; 2,490+20 Ma
from the Dales Gorge Member, and 2,470+30 Ma from Woongarra Vol canics (Compston et al.
1986). Recently SHRIMP ages, however, gave the tight constraint of the depositional and
eruption ages; a tuff band in the Dales Gorge Member at 2,470+4 Ma, felsic tuffaceous
sandstone in the Weeli Wolli Formation at 2,449+3 Ma, and rhyolite sheet in the Woongarra
Rhyolite at 2,449+3 Ma (Barley et al. 1997).

The Turee Creek Group conformably overlies the Hamersley Group, and consists
largely of argillite and sandstone, intercalated with minor carbonate and conglomerate. It
occurs in scattered localities in the southern Hamersley Basin and has a maximum thickness
of nearly 5 km. There are no geochronological data from this Group.

The Wyloo Group, which is an arcuate belt of Proterozoic sedimentary,
unconformably covers the Hamersley Group and volcanic rocks which forms the northern
margin of the Capricorn Orogen. The Wyloo Group consists of seven stratigraphic units;
Beasley River Quartzite, Cheela Springs Basalt, Wooly Dolomite, Mount McGrath Formation,
Duck Creek Dolomite, June Hill Volcanics, and Ashburton Formation in ascending order
(Thorne and Seymour, 1991). The age of the Wyloo Group is poorly known but it is thought
that the Group has a probable age of approximately 2000 Ma (Gee, 1980).

In general, rocks in the Hamersley Group have undergone very low- to low-grade
metamorphism, and their metamorphic mineral assemblages indicate gradation from prehnite-
pumpellyite in the south to (prehnite-) epidote-actinolite in the north (Smith et al., 1982).

Thorne and Seymour (1991) have reviewed the detailed tectonic evolution of Mount
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Bruce Supergroup. The tectonic evolution is made up of seven continual events; (1) rifting
of the Pilbara Craton and deposition of the Fortescue Group, (2) Hamersley Group
sedimentation on a passive continental margin and the formation of oceanic crust, (3) the
beginning of southward subduction and Beasley River Quartzite deposition on active
(convergent) continental margin, (4) continental collision and deposition of the Mount
McGrath Formation, (5) crustal loading and foreland basin subsidence leading to deposition
of the Duck Creek Dolomite, (6) sedimentary infilling of the foreland basin by Ashburton
Formation, and (7) deposition of the Capricorn Formation.

|1-3 Geology of the Beasley River Area, Hamerdsley
[1-3.1 Stratigraphic subdivisions

The Beasley River areaislocated in the southern edge of the Hamersley Basin and on
contact of the Ashburton Basin (Fig. 1). We have carried out a geologic mapping in six
summers since 1991 (Fig. 2). This areais subdivided into six subunits based on lithologies,
the Lower lavaflow Unit, the Lower BIF Unit, the Middle BIF Unit, the Komatiitic Unit, the
Rhyolite Unit, the Upper BIF Unit, and the Uppermost sedimentary Unit, in order from the
north to the south. The subdivisions by this work are compared with conventional
stratigraphic subdivisions. The Lower lava flow Unit is equivalent to the Bunjinah Formation
in the Fortescue Group. Both the Lower BIF Unit and the Middle BIF Unit, the Komatiitic
Unit, the Rhyolite Unit, and the Upper BIF Unit areto Brockman Iron Formation, Weeli
Wolli Formation Woongarra Vol canics, and the Boolgeeda Iron Formation in the Hamersley
Group, respectively. And the Uppermost sedimentary Unit is equivalent to the Turee Creek
Group. A meter order detailed measurement of all the stratigraphic sequence shows the
systematically depositional change of the sedimentary and volcanogenic rocks, and the
conformable relationships between the Units (Fig. 3 and 4). Each boundary among those
Units is conformable, whereas that among layers within the Unit is also conformable. The
strikes of sedimentary layers are NW-SE trending, while the dips are mostly 50° to 60° S (Fig.
3).

The Lower lava flow Unit, over 1800 meters thick, is composed mainly of piles of
pillowed basalts, massive sheet flows, hyaloclastite, reworked hyal oclastite and minor dikes,
and is often intercalated with thin bedded chert and felsic tuff (Fig. 2 - 4). Basaltic komatiite
thick flows occur in the central stratigraphic units. Pillows form subspherical to ellipsoidal,
and range from 50 to 200 cm across in size, and are well observed as tube structures in some
places. Those are fringed by a dark-colored chilled margin without any traces of vesicles.
Pillow lavas have no internal structures such as variolites and drain-away cavity. Most pillows
form closed-packed type with minor matrix. The way-up estimated by the pillow structuresis
to the south. Massive lavas occur at the higher stratigraphic units. Some accompany minor
amount of gabbro at the bottom. Hyaloclastite consists mainly of pillow breccias, and the
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matrix without tuffaceous materials, and conformably covers on massive or pillowed
basalts. Pillow breccias are mostly large, about tens cm across. The field occurrences show an
autobrecciated hyaloclastite. Thin white sedimentary layers occur at the topmost part of the
pillow lava flow unit. The sediments overlie on the massive basalt, and some of them are
intercalated with thin chert beds. Although the extensive and severe ateration makes the
composition of them obscured, the white sedimentary layers appear to be derived from felsic
tuff layer. Chert layers are interlayered at the topmost of this unit. Chert layers are massive
white in color and ca. 1 to 2 m thick. Some are intercalated thin felsic tuff, while contains no
ferruginous beds. Both tuffaceous layer and chert are poorly traceable along the strike.
Basaltic komatiites are characterized by the clinopyroxene spinifex texture, and form sheet
flows. Massive ferruginous deposits unconformably cover the basaltic and komatiitic flows
along the boundary between them. In this Unit, neither shales nor terrigenous sediments are
interbedded, and pillow/massive lavas and hyaloclastite never contain continent- or arc-
derived material.

The Lower BIF Unit, amost 600 meters thick, consists mainly of BIFs, and
conformably overlies the pillow lava sequence (Fig. 2 - 4). BIF is defined as (1) silicate, (2)
carbonate, or (3) oxide facies, respectively (James 1954). The fine-scal es bands characterize
banded iron formation. The bands forms fractal features, conventionally named 1 mm thick
microband, 15 mm thick Microbands, 5 cm thick Mesobands, 50 cm thick Calamina
cyclothem, 20 m thick Macrobands, and 500 m thick Broad alteration depending on the
spacing on the alternation. BIFs are made up of typically of bands (mesobands) of chert; these
bands in turn are separated by mesobands of fine-grained, iron-rich material. The rhythmical
alternation of these two mesoband types, together form at least 80 % of the volume of most
BIF, while the remaining mesobands consist of monomineralic bands made up of magnetite,
carbonate (siderite), stilpnomelane, or riebeckite. BIFs can be also classified into four types
based on their congtitutes, as shown above; namely, chert/magnetite-, chert/siderite-,
magnetite/hematite, and magnetite-dominated-type BIF. Chert mesobands normally have a
significant total iron content, which israrely less than 3 % and may reach about 30 %. Thisis
contained in awide variety of iron-bearing minerals, which are more coarsely crystalline than
the microcrystalline quartz, and commonly concentrated into regular laminae within chert
mesobands and parallel to their margins. On the other hand, mesobands of iron-rich materials
consist of afine-grained mixture of quartz, and magnetite, hematite, stilpnomelane, ankerite,
and siderite, and have no regular aftbanding. Each type of BIF is distributed systematically,
corresponding to the lithostratigraphy. The type of the alternation of chert with siderite occurs
at the bottom of this Unit. It, 200 m thick, overlies the Lower lavaflow Unit. It is laterally
discontinuous, is not exposed at the eastern side. Minor altered tuffaceous layers are
interbedded in the places. The type of chert/magnetite alternation pervasively occurs at any
stratigraphic level, but it tends to predominate at the lower part. Thin tuffaceous and shales
layers become more frequently interbedded into the chert/magnetite alternation BIF at the
topmost. Each type of magnetite/hematite or monomineralic magnetite is interlayered with
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chert/magnetite-type BIF at the middle stratigraphic level. On the other had, massive
magnetite/hematite boulders, ca a meter across, are sporadically distributed along the river,
suggesting the fluvial origin.

The Middle BIF Unit, about 180 meters, is composed mainly of chert/magnetite- and
riebeckite-dominated-type BIF (Fig. 2-4). A greenstone sheet, ca. a meter thick, isintercalated
between the Middle and Lower BIFs. Although the greenstone sheet is entirely altered, it
appears to be basaltic in composition. Thin tuffaceous and shales layers are alternated with
chert/magnetite BIF at the lower section. Even cherty conglomerate layers occur along the
boundary. The chert/magnetite-type BIF layers are dominated at the lower stratigraphic
sections, whereas riebeckite-dominated-type BIF layers are mono-lithologically stratified at
the lower section. The riebeckite-dominated-type BIF can be divided into two groups,
carbonate-free and carbonate-bearing. The origin of riebeckite is of very low-grade
metamorphic and /or late diagenetic under the condition in either low pH, low aCO,, or high
aNa’" (Miyano and Klein, 1983).

The Komatiitic Unit has a distinct feature of the repetition of basaltic flows and layers
of BIFs (Fig. 2 - 4). Each basaltic flow and BIF layer are thin, but the total thickness of the
pile runs up to ca. 180 meters. The deposition of BIF suggests the continual hiatus and the
eruption of basalt/komatiites volcanism underwater. The thickness of this Unit and the
number of the BIF layers decrease to the west, because of the thickening of the Rhyolite Unit.
Basaltic flows are composed of tholeiitic massive flows and minor basaltic komatiite sheets,
which are defined by the clinopyroxene spinifex texture. Tholeiitic massive flows have fine-
grained zones and the inner coarse-grained doleritic zone. Vesicles are observed in the fine-
grained zones. On the other hand, BIFs are classified into hematite-dominated-type and
chert/magnetite-type BIF. A hematite-dominated-type BIF layer occurs at the bottom, while
chert/magnetite-type BIF layers are interbedded at the middle to the upper section. BIF layers
conformably rest on the basaltic flow piles. BIF layers are very thin, less than 10 m thick, and
poorly traceable along strike, and appear to taper, pinch out and terminate before they can be
traced for 600 m.

The Rhyolite Unit consists mainly of very thick, over 400 meters, rhyolite (Fig. 2 - 4).
The common and widespread occurrence of cooling joints, amygdules, flow banding, and
breccias suggests shallow-water emplacement, such as lavas (Barley et al. 1997). The Unit
may be subdivided into the two sections because the thin chert/magnetite-type BIF layer is
interbedded at the middle stratigraphic level. The deposition of the chert/magnetite-type BIF
suggests the hiatus of rhyolite volcanism. In the lower section, fine-grained rhyolites are piled
up, up to 300 m thick. The presence of the quartz paramorphs after tridymite indicates the
magmatic temperatures of > 900 °C (Barley et al. 1997). Thin shale layers are interbedded at
the three stratigraphic levels (Thorne 1990). In the upper section, two stratigraphic units of
coarse-grained rhyolite occur at the bottom, whereas fine-grained rhyolite predominates at the
middle and top of the section. The former contains abundant several-cm-scaled phenocrysts of
quartz and/or plagioclase with minor iron oxide and pseudomorphs after pyroxene. SHRIMP
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dating indicates that the rhyolite was erupted or intruded at 2,449+3 (Barley et a. 1997).

The Upper BIF Unit, 1500 m thick, is composed of chert/magnetite-type BIF, chert,
and tuff (Fig. 2 - 4). The Unit has the distinct character of frequent intercalation of chert and
tuff with BIF. The Unit is subdivided in two sections. The lower section is defined by the
alternation of chert/magnetite-type BIF and tuffaceous layers with minor amount monolithic
chert layers. The seven tuffaceous layers range from ca. 2 to 50 meters in thickness. In the
upper section, chert layers become dominant. Fine-grained pal e green/blue-col ored laminated-
chert beds cover the BIF. Moreover, they are covered by the thick alternation of chert and
BIF.

The Uppermost sedimentary Unit has a distinct feature of high proportion of
terrigenous materials form the lower Units (Fig. 2 - 4). The lithology changes form chemical
sediments such as chert and BIF through fine-grained shales to terrigenous coarse-grained
sediments such as sandstone in ascending order. The alternation of chert with shale is
dominated at the bottom, thin tuff and the overlying chert layers are interbedded into the
central stratigraphic level of thick chert/shale layers. The thick sedimentary packages of
massive quartzite sandstone, monolithic shales, or the alternation of sandstone and shale are
piled up. Massive green-colored sandstone bed is interleaved between shale and massive
quartzite sandstone.

I1-3.2 Discussion on the geology of the Beasley River Area, Hamersley

The sequential change of lithostratigraphy makes a critical constraint on the
environment of the deposition of volcanics and sediments. The lithostratigraphy in the
accretionary complex of circum-Pecific active continental margin is characterized by “oceanic
plate stratigraphy” (Matsuda & Isozaki, 1991). The oceanic plate stratigraphy is defined by
piles of basaltic flow unit, pelagic sediments, hemipelagic and turbiditic sequence involving
conglomerate in ascending order (Isozaki et al., 1990; Matsuda and Isozaki, 1991). The
basaltic flow unit is composed of pillowed basalts, sheeted lava flows and hyaloclastite with
minor amount of dolomite lenses (<20 cm) indicating its deposition above carbonate
compensation depth (CCD). The pelagic sediments are made of radiolarian chert and the
interlayered mudstone sediments, and contain no carbonate. Cosmic spherules are involved
within the mudstone sediments. Both basaltic flow unit and pelagic sediments contain no
quartzofeldspathic materials. The hemipelagite is characterized by presence of fine-grained
terrigenous particles, and is more argillaceous and less siliceous than pelagic sediments.
Turbiditic sequenceis entirely composed of continents- or arc-derived materials. On the other
hand, the lithostratigraphy of typical continental rift basin is the inverse of “oceanic plate
stratigraphy”; main volcanic piles overlie the sediments (Van Houten, 1977; Hynes & Sibut,
1981; Easton, 1983). Basal deposits in rifts tend to be coarse terrigenous sediments,
commonly aluvial fanglomerate. Overlying sediments become finer grained upward because
of progressive subsidence within the rift. Where basal volcanism does occur in rifting, it is
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characteristically subaerial and akaline-perakaline type (Hoffman, 1991)

The Mount Roe Basalt, lowermost stratigraphic unit of the Fortescue Group,
unconformably overlies granite-greenstone basement. This formation is up to 2600 m thick,
and is dominated by subaerial tholeiitic basalt with lesser amount of basaltic hyaloclastite,
pillowed basalt, and continental-derived deposits. Some thin beds of fluvial sandstone are
found interbedded with basalt near the base of the succession, but are not generally observed
higher in the succession. Thin mudstone, sandstone, and conglomerate units of fluvia or
lacustrine origin have been recorded at the base of the basalt succession. Those evidences of
basal sedimentation suggest that the vol canics and sediments were deposited in the immature
rift basin (Blake, 1984; Hickman & Harrison, 1986; Thorne & Blake, 1990).

On the other hand, the ssimplified lithostratigraphy of map areais from thick piles (>2.0
km) of pillowed basalt and hyaloclastite at the bottom, through the conformably overlying
BIF, to thick terrigenous sediments at the top. Moreover, quartzofeldspathic materials that are
terrigenousin origin are not contained in the Lower lava flow Unit, and the majority of the
Lower and the Middle BIF Unit, whereas they become dominant in the upper Unit. The lack
of terrigenous materials within pillowed basalts and BIF/chert sediments implies that those
were erupted or deposited outside the limits of sedimentary influx from the continental
margin. This lithostratigraphy is quite similar to "Oceanic Plate Stratigraphy" in the
Phanerozoic.

Despite that the lithostratigraphy is similar to akind of “oceanic plate stratigraphy,”
lack of thrusts which defines duplex structure, do not support the origin as the accretionary
complex, but as a sedimentary basin in the open rift valley. Pillow/massive lavas in the Lower
lava flow Unit were derived form the volcanism in the mature rifting system equivalent to the
Red Sea in the Phanerozoic, because of neither terrigenous materials nor vesicles in
pillow/massive lavas. The composition of major and some trace elements of the basaltsin the
mature rift system are quite similar to that of MORBSs in the Phanerozoic (Eissen et al., 1989;
Altherr et al. 1990; Deniel et al. 1994; Stewart & Rogers, 1996). The pattern of rare earth
elements of them is the same as that of transitional MORBSs. Despite of relatively radiogenic
Pb isotopic composition, even Nd and Sr isotopic ratios range within the variation defined by
MORB source mantle. Therefore, the pillowed/massive basalts in the Lower lava flow Unit
posses the chemical feature of the MORB source mantle, may be the same as for their major
element composition.

The tectonic history is presumed based on the lithostratigraphy of the area (Fig. 5).
Superplume presumably caused attenuation and the subsequent extension of the continental
lithosphere to lead to rifting of a continent. Because lithospheric stretching cause brittle
failure, block rotations and sharp differential subsidence of the upper crust, the basal
sediments including the conglomerate unconformably cover the granite-greenstone terrain of
the Archean Pilbara craton. Because isostatic consequence of the crustal thinning resulted in
the progressive subsidence within the rift, overlying sediments become finer-grained upward.
Mount Roe basalt erupted over the basal sediments or on the granite-greenstone basement.
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The basaltic lavas erupted subaerially or underwater. The subaeria tholeiite formed
pahoehoe flow or flood basalt flow, whereas submarine eruptionsled to the formation of
pillow lava and hyaloclastite. As the continental rifting advanced, spreading center became
remote from the continental margins and deep under the sea so that no continental-derived
sediments come to be deposited and vesicles within the lava became lesser- developed.
Basaltic volcanism occurred at the significantly deep submarine environments to form pillow
lavas without vesicles. Active hydrothermal activities near the spreading center resulted in the
deposition of thick BIF accompanied with intermittent off-ridge vol canism. The emergence of
subduction zone presumably caused the location of spreading center to migrate off the center
of the plume-head (Maruyama 1994). Active plume volcanism led to not only the komatiites
volcanism but also rhyolite eruption by the remelting of oceanic crust, analogous to the
rhyolitic magmatism in the Iceland in the Phanerozoic (Walker, 1966; Wood, 1978; Wood et
al., 1979; McDonald et al., 1990). Minor hydrothermal circulation on the hotspot resulted in
the deposition of the BIF with tuffaceous and monolithic chert layers. As the oceanic plate
migrated from the spreading center to the trench, terrigenous materials came to be deposited.
Finally, voluminous terrigenous sediments covered al of them. Eventualy they were
emplaced on the continent, presumably by subduction of oceanic lithosphere under the
Yilgarn..

In summary, (1) the pillowed basalts at the bottom were derived from mid-ocean ridge
volcanism. (2) BIF/chert were formed as pelagic sediment by active hydrothermal circulation.
(3) The plate migrated on to a hot-spot, which led to the bimodal volcanism of komatiite and
rhyolite, analogous to the Phanerozoic large igneous provinces such as Iceland (Walker, 1966;
Wood, 1978; Wood et al., 1979; McDonald et al., 1990). (4) Hydrothermal activity on the
oceanic idand caused the deposition of alternation of tuff/BIF or chert/BIF. (5) The
terrigenous sediment began to be deposited accompanied with chert, which led to the
deposition of alternation of chert/shales. (6) Eventually, voluminous terrigenous sediments
(the Beadley River Quartzite) covered over all of them (Fig. 5, 6).

|1-4. Chemistry
[1-4.1. Sample preparation

To obtain the original magmatic composition, greenstone samples were carefully
selected for the major and trace elements analyses step by step. First of all, field occurrences
of greenstones and even the surrounding rocks appear to be related to the extent of the
secondary alterations and the distribution of the altered zones. For example, the extensive
altered zones appear at the stratigraphic top of the pillow lava flow units, or in the
surroundings of large quartz veinlets such as T-chert. Such stratigraphically controlled
alteration suggests a hydrothermal alteration at the formation of the magmas, accompanied
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with the interaction with seawater. It is suggested that the involvement of the fluid
migration from the neighboring sediments forced the composition, especialy isotopic
composition, disturbed during the metamorphism. Therefore, 400 greenstone samples
elsewhere were preferentially collected, or thin massive lavas were also preferred. At the
second stage, <1-cm-thick slabs were cut from each sample to select the rock samples without
a visible internal fracture filled with quartz, chlorite and epidote minerals and the
heterogeneous surfaces. Whole rock powders were prepared for 110 fresh samples, which
contain neither veinlets of quartz, chlorite, and calcite, nor the heterogeneous domains even
under the microscope. Slabs whose surfaces were polished were broken into small pieces,
ultrasonically cleaned in de-ionized water and ethyl alcohol, dried, and powdered in a
tungsten carbide shatter-box.

[1-4.2. Analytical methods

Magjor and some trace elements (Ni, Rb, Sr, Y, Zr, Nb, Ba, Pb, and Th) were measured
by X-ray fluorescence (XRF) at Tokyo Institute of Technology and at Institute of
Oceanography in Tokyo University, respectively. The analytical procedure, condition and its
accuracy are described by Goto and Tatsumi (1994). Rare earth elements were determined by
inductively Coupled Plasma Mass Spectrometry (ICP-MS) at Tokyo Institute of Technology.
The analytical procedure, condition and its accuracy are reported elsewhere (Hirata et al.
1988).

[1-4.3. Major and trace element chemistry in basaltsand komatiites

Figures 7 and 8 show the MgO versus major and trace element diagrams of basaltic
and komatiitic rocks from pillow lava unit, the Lower Komatiites and the Upper Komatiitesin
the Beasley River area along with the modern MORBs and OIBs. The latter includes both
alkaline basalts and tholeiites. Chondrite-normalized REE abundances are shown in Figure 9.
Both fine-grained rock samples, which petrographically defined as aphyric or small acicular
plagioclase-bearing basalts, and coarse-grained rock samples, which defined as plagioclase-
phyric doleritic or clinopyroxene-plagioclase-gabbroic forms one line on the MgO diagrams.
Despite of minor scattering in especially CaO and Na,O content, each type make a clear liquid
line of descent except for basaltic rocks from the pillow lava unit. REE pattern of both the
High Ti group and the Lower Komatiites forms slightly light REE-enriched pattern (Fig. 9).

Despite of no correlation of field occurrences, basaltic rocks pillow lava units form
two distinct liquid line of descent; hereafter, named as the Low Ti group, and the High Ti
group, respectively (Fig. 10). The Low Ti group has higher SiO, and Al,O; and lower TiO,,
FeO*, and CaO at a given MgO content relative to the High Ti group. Especidly, the
compositional differences between the Low Ti group and the High Ti group increase with
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decreasing MgO content. The liquid line of descent of High Ti group issimilar to the
modern MORBS, which is characterized abrupt increase of SiO,, FeO and TiO, content and
decrease of Al,O, content due to the fractionation of plagioclase. On the other hand, the liquid
line of descent of the Low Ti group does not show such features, but shows extreme increase
of SIO,, slightly decrease of Al,O, and FeO, and slightly increase of TiO, at moderate MgO
content. The mode of the liquid line of descent is similar to that of the modern island arc
basalts. Because the detailed investigation of the Low Ti group, the Lower Komatiites and the
Upper Komatiitesis out of the main object of this paper, the distinct liquid line of descent of
the Low Ti group is presumably caused by higher H,O content.

I1-4.4 Discussion on the geochemistry of the High Ti group in the pillow lava unit
11-4.4.1. Md* of source mantle of High Ti group

| here examine to estimate FeO content of source mantle, and temperature and pressure
of melting. High Ti group is enriched in FeO content relative to the modern MORB at any
given MgO content (Figure 11a). This difference suggests that source mantle of the High Ti
group had higher FeO than that of the modern MORB.

| assumed that the Archean mantle was still a spinel- or garnet-lherzolite. This
assumption leads to Fe*/a Fe ratio of source mantle similar to that of modern upper mantle
because Fe*/aFe ratio is controlled not only by oxygen fugacity, but also by minera
assemblage. If Archean basalts were formed within upper mantle that consisted of olivine,
orthopyroxene, clinopyroxene, and spinel, Fe*/aFe ratio in Archean basalts would be
equivalent to that of modern MORBSs. Further discussion is shown elsewhere (Chapter 111).
Batch melting is a so assumed because of its simplification.

Melting experiments of four natural peridotites KLB-1, HK66, PHN1611, and MM 3
have been extensively performed using diamond aggregate method (Hirose & Kushiro 1993;
Baker & Stolper 1994; Kushiro 1996). Those experiments showed SiO, content of meltsis
relatively independent of composition of peridotites and temperature of melting at moderate
degree of melting, but quite sensitive to melting pressure, because SIO, is a major constituent
element of al minerals. On the contrary, FeO* in melts strongly depends on FeO* content of
peridotites, together with pressure and temperature of melting. MgO content of melts is
almost proportional to degree of melting.

Some of the most primitive basalt from the High Ti group and the most primitive
modern MORB are plotted along melt compositions formed by different pressures and degree
of melting and from different starting materialsin figure 11b. Both the High Ti group and
Modern MORBs are distributed on the compositional trends defined by the melts formed at
10 or 15 kb (Fig 114a). Because the basalt of the High Ti group has relatively lower MgO
content, the primary magma should have contained higher MgO. Therefore, the primary
magma of the High Ti group is plotted on the partial melts at pressure of 15 — 20 kb. This
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evidence suggests that average melting pressure of the High Ti group through melting
column were about 15, at most up to 20 kb (Klein & Langmuir, 1987). On the other hand, the
modern MORBs are formed at 10 to 15 kb, and is consistent to the high pressure experiments,
10 kb, (Fujii & Bougault 1983).

Figure 11b shows that each variation of FeO content of melt formed at 15 kb for KLB-
1, HK66, and PHN1611, or 10 kb from MM 3. Primitive basalt of the High Ti group is plotted
toward the higher FeO content of melts from HK66 or PHN1611, whereas modern MORBs
are distributed on melts from KLB-1. The composition of primary melt of the High Ti group
can not be estimated because olivine is completely altered due to metamorphism. If MgO
content of primary melt of the High Ti group has ca. 20 wt % in MgO, it can be formed from
KLB-1 (Takahashi et al. 1993). However, because the average melting pressure should be
high ca. 4.6 GPa, in the case, the High Ti group should have the garnet signatures (Salters &
Hart, 1989; Bourdon et al., 1996; Salters, 1996; Hirschmann 1996; Hirschmann & Stolper,
1996). However, the High Ti group does not show garnet signature, such as heavy REE
depletion. Furthermore, if the High Ti group is highly differentiated basalts from komatiites,
abundance of compatible element such as Ni should be lower (Fig. 9), because Ni is more
removed from the melts during crystal fractionation. The results suggest that the High Ti
group was derived from more FeO* -enriched source mantle such as HK66 and PHN1611
rather than KLB-1 and MM 3.

[1-4.4.2. Potential mantle temperature of source mantle of the High Ti group

The potential temperature of the Archean mantle has been estimated by previous
workers since 1990 (e.g. Takahashi, 1990; Nisbet et al., 1993; Ohta et al. 1996). The former
two works estimated potential temperature of Archean mantle from only MgO content in
peridotitic komatiites (Takahashi 1990, Nisbet et al. 1993). However, MgO content of a
primary melt strongly depends on the amount of olivine addition using olivine maximum
fractionation model. Moreover, the difference of oxidation state at crystallization between the
present and Archean would affect the Mg* value, and the difference of oxidation state at
melting between the present and Archean may be more or less present (Arculus 1985). Ohta et
al. (1996) estimated the potential mantle temperature by the comparison of nine major
elements in primary magma with those of experimental melts from HK66. However, TiO,,
AlLO,, FeO, Na0O, K,0, and P,0O; contents in magma are significant sensitive to those
contents in source mantle. Therefore, the potential mantle temperature is estimated here by the
abundance of FeO and SiO, in primitive magmas because they are relatively insensitive to the
extent of crystal fractionation minor element composition of source mantle, and are strongly
correlated to pressure and temperature of melting.

The potential temperature of mantle source of High Ti group was estimated based on
recent experimental data in the same way mentioned in Chapter Ill. Figure 11b shows
composition of the primitive basalt of the High Ti group along experimental melt from
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PHN1611 on a SiO, versus FeO diagram. Primitive basalt of the High Ti group is plotted
near the melt formed at 1425 °C, 15 kb or 1450, 20 kb. If the primitive basalt is the derivative
from primary magma of 15 wt % in MgO, the primary magma is plotted near the melt from at
1450, 20 kb or 1400, 20 kb. Each degree of melting is 35.9, 25.0, 16.3 %, respectively
according to experimental data (Kushiro 1996). Therefore, the potential mantle temperature is
obtained as 1440 to 1566 °C of with 0.6 °C/km for slope of adiabat, 590 kJ/kb (140 cal/g) for
heat of fusion, and 1.26 kJ kg™ K™ (0.3 cal/g°C) for heat capacity (Hirose & Kushiro 1998).
Iwamori et al. (1995) also obtained 1320 °C of potential mantle temperature of modern
MORBs for batch melting.
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[1-5 Conclusions

(1) The geological investigation indicates that the rocks in the Beasley River area were
deposited during continental rifting.

(2) The pillowed basalts at the bottom and BIF/chert were deposited within the open ocean
remote from the continents because they contain no terrigenous materials. Therefore,
volcanism of the pillowed basalt unit occurred at the mature stage of continental rifting,
equivalent to the Red Seain the Phanerozoic.

(3) Komatiites occur at the two stratigraphic levels. The Lower Komatiites are interbedded
with tholeiitic basalts of the pillow lava units, whereas the Upper Komatiites are
interlayered with thin BIF layers. Moreover, the latter is overlain by thick rhyolite flow.
Komatiites were derived from off-ridge vol canism when the plate migrated on to a hot
gpot. The bimodal volcanism of komatiite and rhyolite is also analogous to the
Phanerozoic large igneous provinces such as I celand.

(4) The major and trace elements analyses were conducted for basalts, komatiite and rhyolite
from the pillow lava unit, the Lower Komatiites, the Upper Komatiites, and the Rhyolite
Unit.

(5) Basalts from the pillow lava unit are subdivided into two groups by geochemical features,
especially SiO,, TiO, and FeO content and the mode of liquid line of descent; the Lower
Ti group and the High Ti group.

(6) High Ti group originated from FeO-enriched source mantle relative to that of the modern
MORBSs. The potential temperature of the source mantle is ca. 120 —220 °C higher than
that of the modern MORBs.
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FIGURE CAPTIONS

Figure 1. Geologicd map of the northern Pilbara Craton (Thorne 1990) showing the
distribution of the Pilbara Supergroup and the Mount Bruce Supergroup. The Pilbara
Supergroup in the northern region is composed of Granite-greenstone terrane, and is
exposed as inlier in the southern region. Mount Supergroup consists of, the Fortescue
Group, the Hamersley Group and the Turee Creek Group in the southern region. The
Fortescue Group is exposed as outlier in Marble Bar area, East Pilbara and southwest
Pilbara basins. Inset map shows the location of Pilbara Craton in Western Australia.
Locality of mapped areais also shown.

Figure 2. Geologic map of Beasley river area.

Figure 3. Cross section of NE-SW of the mapped area.

Figure 4. Lithostratigraphic column of the mapped area.

Figure 5. Schematic evolution of southern Pilbara area.

(A) Break up of the Pilbara Craton and deposition of the Fortescue Group,

(B) Successive break up and formation of ocean floor

(C) Hamerdey Group sedimentation on a passive continental margin.

(D) Initiation of subduction and contraction of ocean floor.

(E) Beasley River Quartzite deposition on active continental margin.

(F) Continental collision and deposition of the Mount McGrath Formation

(G) Crustal loading and foreland basin subsidence leading to deposition of the Duck
Creek Dolomite

(H) Deposition of Ashburton Formation in the foreland basin

() Deposition of the Capricorn Formation.

Figure 6. A cartoon of Travel history of Early Archean oceanic lithosphere in the Hamersley
Group. Volcanic rocks, pillowed basat, and komatiites and dacite, are formed at
oceanic ridge and ocean island, respectively.

Figure 7. MgO variation diagrams of major elements for pillow lava unit, the Upper
Komatiites and the Lower Komatiites. Symbols are shown in inset.

Figure 8. MgO variation diagrams of trace elements for pillow lava unit, the Upper
Komatiites and the Lower Komatiites. Symbols are shown in inset.

Figure 9. Chondrite-normalized rare earth element (REE) abundances in the pillow lava unit
basalt along with modern OIB and MORBs. Vales of these modern basalts are from Sun
& McDonough (1989). Values of chondrite are taken from Anders & Ebihara (1982).

Figure 10. MgO variation diagrams of major and trace elements of basalt in the pillow lava
unit. These basalts are subdivided into two groups, High Ti basalt and Low Ti basalt, by
some major elements and trace element abundances. Symbols are shown in inset.

Figure 11. (a) MgO variation diagrams of some major elements for High Ti basalt (solid
circles) along with compositional variations of modern MORBs (gray regions). Three
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arrows on scattered plots indicate compositional variation of residual melts through
crystae  fractional  fractionation of olivine, olivinetclinopyroxene  and
olivinet+clinopyroxene+plagioclase, respectively. Abbreviations are: ol = olivine; cpx =
clinopyroxene; pl = plagioclase. (b) Comparison of primitive natural basalts with partial
melts formed from mantle peridotite by diamond methods. (i) SiO,-MgO diagram.
Symbols: asolid circle and open circles are primitive High Ti basalt and most primitive
modern NMORBS, respectively. Thick arrows indicate compositional variation of
partial melts produced from four mantle peridotite at different pressure, 10 kb for light
gray, 15 kb for gray, 20 kb for dirk gray and 25-30 kb for black arrow respectively. This
diagram indicates that both modern MORBs and High Ti basalt were formed at 10 to 15
kb. (ii) MgO-FeO diagram. Symbols: a solid circle and open circles are primitive High
Ti basalt and most primitive modern NMORBS, respectively. Thick arrows indicate
compositional variation of partial melts produced at 15 kb from four different mantle
peridotite, HK66 for light gray, PHN1611 for gray, KLB-1 for dirk gray and MM3 for
black arrow, respectively. This diagram indicates that FeO content of mantle source of
modern MORBs is comparable to that of KLB-1, whereas that that of mantle source of
High Ti basalt was comparable to or higher than that of HK66 and PHN1611. (iii) SiO,-
FeO diagram. Symbols: a solid circle and small open circles are primitive High Ti basalt
and partial melts from PHN1611, respectively. Thick arrows indicate compositional
variation of partial melts produced from PHN1611 at 10 to 15 kb for gray, and at 20 to
30 kb for black arrow, respectively. This diagram indicates that melting pressure and
temperature of High Ti basalt was around 15 kb and 1425 °C. Potentiad mantle
temperature was cal culated to be 1550 °C using degree of melting (Kushiro 1996) and
thermodynamic parameters (Hirose 1998).

Figure 12. Zr variation diagrams of incompatible trace elements for pillow lava unit, the
Upper Komatiites and the Lower Komatiites along with modern MORB and OIB, Mare
basalt and Highland basalt in Moon, Eucrite, and Orgueil. Symbols are shown in inset.
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Table 1 Chemical composition of the Low Ti basalt

sample  BROOZ BR003 BRO04 BRO05 BRO06 BRO07 BRO09 BRO1I0 _ BROIL BRO12 BRO13 BRO14 BRO17 BRO21 BR022 _BRO024-2 _ BRO25 BR028 BR029 BRO30 _ BRO32 BRO33 _ BRO35 __ BRIZ28
SO 56.0 56.6 57.6 56.6 54.4 57.7 55.9 57.4 57.6 56.5 548 56.0 56.6 546 56.2 575 57.0 56.3 56.5 56.8 56.7 56.1 555 522
TiO: 1.04 1.05 1.03 1.04 0.96 1.03 1.00 0.99 1.00 1.06 0.89 1.01 1.02 0.96 1.00 0.93 0.95 0.99 0.95 0.98 0.94 0.98 0.95 0.77
AlLOs 15.9 15.9 156 16.0 17.1 15.8 15.9 15.2 15.7 16.2 15.5 15.8 155 16.6 15.7 14.1 14.7 15.6 153 15.8 15.8 15.9 15.6 134
FeOt 9.76 8.90 9.24 9.00 9.09 8.49 9.44 9.27 837 9.13 9.36 9.67 9.86 7.24 9.58 12.26 9.25 9.84 8.81 8.56 9.08 9.60 9.81 10.90
MnO 0.15 0.13 0.13 0.14 0.15 013 0.15 0.14 0.13 0.14 0.16 0.15 0.16 0.13 0.15 0.16 0.15 0.16 013 0.13 0.14 0.15 0.18 0.18
MgO 57 55 5.4 52 49 49 55 53 5.0 55 6.0 55 5.8 4.0 59 7.0 55 58 51 52 5.4 6.1 5.8 1.1
Ca0 7.7 6.2 6.1 7.0 10.8 6.5 95 8.0 8.1 7.0 10.0 85 7.8 127 8.4 7.8 9.1 8.8 103 95 9.0 7.9 85 9.1
NaO 261 5.10 3.83 455 211 4.86 2.20 2.34 338 325 2.00 2.70 269 263 245 - 2.00 1.93 0.59 1.63 1.70 1.43 239 1.82
K-0 0.87 0.49 1.00 033 0.45 0.36 0.27 113 0.54 1.09 1.16 0.47 0.32 0.92 0.47 0.32 123 0.47 217 1.30 1.07 1.75 1.00 031
P.Os 0.17 0.17 0.16 0.17 0.17 017 017 0.16 0.16 017 0.13 0.16 017 0.17 0.16 0.14 0.16 0.16 0.16 0.16 0.15 0.16 0.15 011
total 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100
Mg#
Ni 102.2 94.3 97.0 97.8 98.1 97.2 96.3 96.2 94.3 99.5 102.6 97.0 104.4 90.2 101.6 87.1 89.3 99.2 90.9 96.1 93.6 99.9 103.1 2515
Rb 337 19.1 39.2 139 191 14.8 12.0 420 20.8 36.1 37.1 17.8 12.6 357 19.3 132 456 189 80.5 476 389 610 382 11.0
Sr 130.6 1035 105.7 109.7 136.1 101.9 1232 158.9 149.8 170.6 199.0 153.4 1134 111.6 125.6 611 158.4 1535 190.9 1275 191.7 219.7 168.6 1205
Y 29.2 310 303 305 29.6 305 289 293 29.6 315 26.0 29.3 28.9 28.1 28.0 246 276 287 285 217 26.9 283 27.3 19.2
zr 1775 184.9 180.7 1789 170.2 178.1 173.0 173.8 175.7 186.5 143.7 173.4 1726 164.8 168.8 148.4 1633 1725 167.8 167.5 165.8 1730 165.6 102.8
Nb 8.7 8.6 8.3 85 7.9 8.2 7.9 8.1 8.2 8.7 65 83 82 7.9 8.2 71 7.6 8.2 7.7 79 7.9 8.0 7.7 39
Ba 247.4 166.1 337.2 128.8 1755 184.2 94.8 4195 230.8 3611 3116 152.7 220.2 487.7 2158 68.6 3883 158.9 807.2 633.8 4120 402.6 4055 159.3
Pb 7.0 8.6 73 53 165 43 117 7.9 9.4 8.1 6.8 9.0 7.2 24.6 83 7.3 7.4 8.8 7.8 19.0 6.9 114 7.6 32
Th 85 8.7 7.9 7.9 8.2 7.7 8.2 838 83 84 6.2 7.6 8.1 8.2 7.6 7.2 7.9 8.4 7.7 73 74 82 7.8 36
La 9.58
Ce 22.2
Pr 2.90
Nd 11.4
Sm 2.70
Eu 0.77
Gd 2.77
Tb 0.49
Dy 3.17
Ho 0.67
Er 1.92
Tm 0.28
Yb 1.73
Lu 0.24

Total iron as FeO



Table 1 (Continued)

smple BRI20 __BRI32 __ BRI4L 95BRO0L__O5BRO003__O5BR004__95BR006__95BR007 _95BR00B _95BRO09 O5BROI0 95BROI2 O5BROL3 O5BROI4 95BRO16  95BRU23  O5BROZ5  O95BR02/ 95BRO3/ O5BROAL O5BR0S2 95BRO95T

[} 541 526 56.2 63.7 57.1 556 535 55.8 523 56.0 55.0 565 56.1 56.5 555 5838 56.4 549 56.6 576 56.7 515
Tio. 076 0.87 087 163 0.98 0.94 0.76 094 0.86 1.00 092 1.05 097 096 089 083 096 092 097 0.98 093 116
AlLOs 133 165 153 138 156 155 134 154 16.4 157 155 158 153 155 151 154 157 155 154 153 154 169
FeOt 1013 10.24 9.16 9.10 9,03 971 10.14 9.40 10.15 961 1021 954 931 9.44 9.88 8.90 9.36 10.40 936 8.74 938 1191
MnO 017 0.16 0.16 011 014 015 017 014 017 014 016 015 014 014 0.16 013 016 017 015 013 015 014
MgO 108 7.4 50 28 55 6.0 108 56 75 56 6.0 6.1 6.1 5.4 58 53 5.4 6.1 5.4 5.4 5.4 6.7
cz0 89 7.8 102 34 6.1 83 91 9.2 88 89 86 57 8.4 88 91 80 85 8.6 81 7.7 8.7 7.4
NaO 061 325 122 024 037 228 0.78 150 114 1.39 054 048 062 124 076 042 024 063 051 1.34 132 158
K0 111 103 183 5.05 498 143 130 191 254 148 292 450 295 187 255 19 313 267 339 269 177 249
POs 011 012 013 020 0.16 015 011 0.16 012 017 013 017 015 0.16 013 012 015 013 0.16 0.16 015 0.20
total 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100
Mg#

Ni 2188 116.7 61.1 336 989 989 244.9 %4.4 114.9 9.5 107.0 105.8 97.0 916 1034 89.1 9.7 107.8 9.2 876 9.6 1088

Rb 725 309 54.8 8.7 137 84.1 27 442 36.4 431 175 197 229 410 251 149 91 209 200 444 424 725

s 96.7 145.1 3626 418 135.2 164.1 103.1 160.3 169.7 157.8 155.1 1184 104.9 1513 146.9 328 178.9 1445 124.9 154.2 1164 179.6

Y 193 248 26.0 412 278 273 169 274 234 290 256 285 266 27.4 248 229 279 256 305 30.0 280 334

zr 100.9 1341 146.3 2928 1751 165.3 953 162.1 1301 1729 146.8 176.0 169.1 167.2 1414 147.1 1680 144.0 179.9 176.3 166.7 197.7

Nb 42 58 6.6 142 83 7.7 39 76 59 8.2 65 8.7 8.2 8.1 6.2 6.9 8.3 6.3 83 8.4 7.7 9.4

Ba 2804 352.2 629.2 788 1834 7824 1995 407.5 3524 3134 2130 239.2 239.7 2728 2475 4373 1155 2198 2775 3732 4005 536.6

Pb 47 30 50 34 6.7 73 24 88 2.7 7.0 6.1 55 90 6.8 6.9 6.7 83 80 91 63 126 7.2

Th 34 53 6.7 143 85 83 35 79 5.4 80 6.7 86 8.1 81 6.8 69 8.2 6.7 83 81 79 90

La 12.24 13.89

Cce 27.3 30.2

Pr 3.34 3.54

Nd 12.8 13.4

sm 2.88 2.96

Eu 0.87 0.92

Gd 2.97 3.04

Tb 0.50 0.50

Dy 3.26 3.24

Ho 0.69 0.67

Er 2.01 1.94

m 0.30 0.29

Yb 1.99 1.82

Lu 0.31 0.26

Total iron as FeO



Table 2 Chemical composition of the High Ti basalt

sample BR054 BR133 BR145 BR148 BRI183 95BR053T 95BR054 95BR055 95BR057 95BR058 95BR067 95BR092C 95BR104 95BR105 95BR106 95BR107 BR126 BR133 BR151 BRI184 BRI185 BR186 BR187 95BR091
SiO: 52.1 57.6 52.0 49.6 50.3 50.5 50.2 51.9 52.0 49.4 50.7 53.2 513 50.1 511 52.8 56.2 57.6 58.6 51.2 54.9 57.8 59.1 55.6
TiOo: 1.70 1.67 171 0.84 135 159 157 155 157 1.37 1.60 157 1.58 153 1.49 158 1.06 167 0.90 1.38 112 1.69 1.69 113
Al:Os 14.0 135 14.3 16.1 14.7 14.3 153 149 139 149 144 13.8 148 143 146 140 15.1 135 14.6 14.2 14.6 13.8 13.0 119
FeOt 14.24 12.38 14.21 10.47 14.09 13.76 13.21 12.57 12.24 12.69 13.19 12.38 13.14 12.94 12.90 13.20 9.55 12.38 9.25 14.74 11.44 12.74 12.86 9.88
MnO 0.28 0.18 0.21 0.18 0.17 0.22 0.20 0.19 0.20 0.20 0.23 0.19 0.20 0.19 0.19 0.22 0.14 0.18 0.15 0.18 0.19 0.33 0.22 0.12
MgO 53 55 51 85 6.8 6.0 5.7 55 6.7 7.6 5.8 5.0 54 54 5.9 5.7 55 55 48 6.6 53 35 4.0 7.9
CaO 91 39 9.7 122 82 102 10.6 9.3 109 119 105 9.2 9.9 127 116 7.6 122 39 87 75 6.7 39 34 122
NaO 1.73 417 171 171 3.70 222 0.76 0.68 0.26 0.28 1.08 0.25 0.79 0.46 0.33 0.27 - 417 271 3.56 4.02 4.49 3.92 0.10
K0 127 0.79 0.86 0.29 0.62 0.94 224 315 2.10 1.43 227 4.26 2.78 214 154 4.44 0.09 0.79 0.23 0.49 1.63 154 1.56 0.95
P.0s 0.19 0.22 0.19 0.09 0.15 0.22 0.22 0.21 0.19 0.17 0.22 0.21 0.21 0.21 0.21 0.21 0.19 0.22 0.13 0.15 0.18 0.22 0.23 0.20
total 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100
Mgt
Ni 59.7 9.0 441 130.5 66.1 714 83.3 79.2 701 140.0 69.0 721 66.2 65.2 736 713 66.1 9.0 56.6 84 7.0 58.9
Rb 75 8.1 20.9 83 150 285 215 212 8.3 8.8 334 7.0 254 133 104 8.6 4.0 81 282 17.7 12.8 33
Sr 146.2 280 271.2 84.7 101.7 158.2 182.1 157.0 164.3 152.6 329.6 182.2 2204 3017 196.9 153.6 55.5 280 89.2 89.4 74.0 263.3
Y 26.8 465 26.8 14.6 229 285 283 28.0 28.3 236 29.8 28.1 30.6 30.1 28.0 28.6 295 46.5 24.7 47.2 455 29.8
Zr 1525 2213 1444 511 93.4 145.7 144.7 1417 118.2 101.1 149.9 149.0 148.3 147.8 139.9 146.5 1322 2213 1402 2244 2253 141.8
Nb 6.8 10.0 56 21 31 56 55 54 49 4.3 56 54 55 52 53 55 4.7 10.0 4.4 9.8 101 49
Ba 121.6 194.1 374.2 45.6 194.0 355.9 2785 3154 729 62.4 616.3 925 269.3 216.2 108.7 1194 66.1 194.1 262.7 505.3 3733 58.9
Pb 6.5 38 3.6 17 34 21 25 35 1.9 17 35 29 25 4.9 3.7 14 29 38 5.0 9.9 6.4 1.9
Th 6.7 73 36 05 2.7 27 2.8 3.6 23 26 32 3.0 33 36 33 2.7 22 73 56 78 82 22
La 4.47
Ce 10.4
Pr 1.57
Nd 7.05
Sm 1.94
Eu 1.00
Gd 2.15
Tb 0.37
Dy 2.37
Ho 0.48
Er 1.34
Tm 0.19
Yb 1.21
Lu 0.17

Tota iron as FeO



Table 3 Chemical composition of gabboric samples

sample BR0O09 BR010 BR185 BR187 95BR0O08 95BR0O55 95BR057 95BR058 95BR082
SO 55.9 574 54.9 59.1 52.3 51.9 52.0 49.4 56.7
TiO: 1.00 0.99 112 1.69 0.86 1.55 1.57 1.37 0.93
Al0Os 159 152 14.6 13.0 16.4 14.9 139 149 154
FeOt 9.44 9.27 1144  12.86 10.15 12.57 12.24 12.69 9.38
MnO 0.15 0.14 0.19 0.22 0.17 0.19 0.20 0.20 0.15
MgO 55 53 53 4.0 7.5 55 6.7 7.6 54
CaOo 95 8.0 6.7 34 8.8 9.3 109 119 8.7
NaO 2.20 2.34 4.02 3.92 1.14 0.68 0.26 0.28 1.32
K0 0.27 1.13 1.63 1.56 2.54 3.15 2.10 1.43 177
P:Os 0.17 0.16 0.18 0.23 0.12 0.21 0.19 0.17 0.15
total 100 100 100 100 100 100 100 100 100
Mg#
Ni 96.3 96.2 56.6 7.0 114.9 79.2 70.1 140.0 95.6
Rb 12.0 42.0 28.2 12.8 36.4 21.2 8.3 8.8 42.4
Sr 123.2  158.9 89.2 74.0 169.7 157.0 164.3 152.6 116.4
Y 28.9 29.3 24.7 455 234 28.0 28.3 23.6 28.0
Zr 1730 1738 1402 2253 130.1 141.7 118.2 101.1 166.7
Nb 7.9 8.1 4.4 10.1 59 54 4.9 4.3 7.7
Ba 94.8 4195 2627 3733 352.4 315.4 72.9 62.4 400.5
Pb 11.7 7.9 5.0 6.4 2.7 35 1.9 1.7 12.6
Th 8.2 8.8 5.6 8.2 5.4 3.6 2.3 2.6 79

Total iron as FeO



Table 4 Chemical composition of aphyric samples

sample BR002 BRO12 BR013 BRO33 BR054 BR133 BR141 BR151 BR184 BR185 BR186 95BR0O53T 95BR054 95BR067 95BR091 95BR092C 95BR095T 95BR104 95BR105 95BR106 95BR107
SiO; 56.0 56.5 54.8 56.1 521 57.6 56.2 58.6 512 549 57.8 50.5 50.2 50.7 55.6 532 515 51.3 50.1 51.1 52.8
TiO: 1.04 1.06 0.89 0.98 1.70 1.67 0.87 0.90 1.38 112 1.69 159 157 1.60 113 157 116 158 153 1.49 158
Al:0s 15.9 16.2 155 15.9 14.0 135 15.3 14.6 14.2 14.6 138 14.3 15.3 14.4 119 13.8 16.9 14.8 14.3 14.6 14.0
FeOt 9.76 9.13 9.36 9.60 14.24 12.38 9.16 9.25 14.74 11.44 12.74 13.76 13.21 13.19 9.88 12.38 11.91 13.14 12.94 12.90 13.20
MnO 0.15 0.14 0.16 0.15 0.28 0.18 0.16 0.15 0.18 0.19 0.33 0.22 0.20 0.23 0.12 0.19 0.14 0.20 0.19 0.19 0.22
MgO 5.7 55 6.0 6.1 53 55 50 4.8 6.6 53 35 6.0 5.7 58 7.9 50 6.7 54 54 5.9 5.7
Ca0 7.7 7.0 10.0 7.9 9.1 39 10.2 8.7 75 6.7 39 10.2 10.6 105 122 9.2 74 9.9 127 11.6 7.6
NaO 2.61 3.25 2.00 143 1.73 4.17 1.22 2.71 3.56 4.02 4.49 2.22 0.76 1.08 0.10 0.25 1.58 0.79 0.46 0.33 0.27
K:0 0.87 1.09 1.16 1.75 1.27 0.79 1.83 0.23 0.49 1.63 1.54 0.94 2.24 2.27 0.95 4.26 2.49 2.78 214 1.54 4.44
P:0Os 0.17 0.17 0.13 0.16 0.19 0.22 0.13 0.13 0.15 0.18 0.22 0.22 0.22 0.22 0.20 0.21 0.20 0.21 0.21 0.21 0.21
total 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100
Mg#
Ni 102.2 99.5 102.6 99.9 59.7 9.0 61.1 56.6 84 714 83.3 69.0 58.9 721 108.8 66.2 65.2 736 713
Rb 337 36.1 371 61.0 75 8.1 54.8 28.2 17.7 285 215 334 33 7.0 725 254 133 10.4 8.6
Sr 130.6 170.6 199.0 219.7 146.2 28.0 362.6 89.2 89.4 158.2 182.1 329.6 263.3 182.2 179.6 220.4 301.7 196.9 153.6
Y 29.2 315 26.0 28.3 26.8 46.5 26.0 24.7 47.2 285 28.3 29.8 29.8 28.1 334 30.6 30.1 28.0 28.6
Zr 1775 186.5 143.7 173.0 1525 2213 146.3 140.2 224.4 145.7 144.7 149.9 141.8 149.0 197.7 148.3 147.8 139.9 146.5
Nb 8.7 8.7 6.5 8.0 6.8 10.0 6.6 4.4 9.8 5.6 55 5.6 49 54 94 55 52 53 55
Ba 2474 3611 3116 402.6 121.6 194.1 629.2 262.7 505.3 355.9 2785 616.3 58.9 9R5 536.6 269.3 216.2 108.7 1194
Pb 7.0 81 6.8 114 6.5 38 5.0 5.0 9.9 21 25 35 19 29 72 25 4.9 37 14
Th 85 8.4 6.2 8.2 6.7 7.3 6.7 5.6 7.8 2.7 2.8 3.2 2.2 3.0 9.0 33 3.6 3.3 2.7

Total iron as FeO



Table 5 Chemical composition of altered samples

sample  BR0O01C BR008 BR015 BR018 BR019 BR034 BR046 BR047 BR062 LBR10 LBR11 BR096 BR097
SIO. 54.2 58.7 55.9 55.8 55.6 58.0 46.6 56.9 49.3 45.8 75.16 736 736
TiO: 101 1.04 0.94 0.89 0.98 1.01 1.05 122 108 0.64 0.34 0.36 0.35
Al:0s 15.59 15.65 15.50 15.34 1567 16.71 15.87 18.05 16.2 16.0 11.64 1178 11.46
FeOt 9.52 10.01 7.62 7.49 8.29 5.54 10.94 12.82 1071 10.04 2.65 5.20 5.48
MnO 0.14 0.15 011 0.12 0.14 0.10 0.19 0.19 0.18 0.18 0.03 0.02 0.03
MgO 5.52 5.52 4.25 4.35 5.26 3.74 7.99 7.78 75 9.8 0.68 2.10 2.08
Ca0 593 6.43 851 12.56 853 2.89 1191 8.02 114 121 0.86 0.15 0.13
Nz0 4.29 3.62 224 115 3.27 0.37 135 3.08 179 151 2.64 0.84 0.57
K:0 0.68 0.32 223 0.65 0.38 8.35 0.35 0.70 0.12 0.38 455 5.37 5.36
P.Os 0.16 0.17 0.15 0.15 0.16 0.17 0.11 0.12 0.11 0.06 0.06 0.07 0.06
total 87.5 91.6 89.8 910 90.0 91.3 855 96.0 87.7 86.6 95.97 100.0 99.7
Mg#
Ni 97.2 83.7 738 75.9 99.9 89.0 140.8 119.8 53.7 - -
Rb 27.0 145 75.1 24.4 159 268.0 116 224 293 107.8 1125
Sr 1294 108.7 95.1 96.8 1215 56.5 63.3 236.1 169.7 16.2 137
Y 311 28.7 282 26.4 30.7 26.1 182 20.8 234 66.1 66.4
Zr 178.7 176.6 169.8 161.4 1776 187.2 617 704 131.2 532.2 527.7
Nb 8.4 8.3 8.0 7.7 8.4 8.7 22 26 53 219 219
Ba 209.7 185.0 8755 290.5 150.1 1890.6 145.2 83.8 387.6 595.2 486.6
Pb 6.5 5.8 74 157 8.3 7.3 - - 8.0 59 45
Th 8.7 8.2 7.6 7.8 8.1 8.3 - - 3.9 204 205

Total iron as FeO



Table 6 Chemical composition of the Lower Komatiites

sample 95BR019 95BR020 95BR0O30 95BR031 95BR032 95BR046 95BR048 95BRO51T 95BR064 95BR065 95BR068

95BR0O70  95BRO75 95BR083 95BR085 95BR098 95BR100 95BR103  95BR109

SIO.
Ti0:
Al:Os
FeOt
MnO
MgO
CaO
NaO
K0
P.Os

total
Mg#

Ni
Rb
Sr
Y
zr
Nb
Ba
Pb
Th

La
Ce
Pr

Nd
Sm
Eu
Gd
Tb
Dy
Ho
Er
m
Yb
Lu

50.8
2.50
139
12.59
0.18
6.8
9.9
0.26
273
0.24

100

47.0
6.2
445
319
146.4
6.3
39.6
20

52.1
1.00
154
9.01
0.14
103
103
0.57
1.02
0.16

100

100.2
27.0
259.7
16.7
773
3.0
155.1
17
6.94
159
2.03
8.45
215
0.82
232
0.44
2.86
0.59
174
0.24

0.22

53.4
169
139
11.46
0.15
6.9
84
0.32
3.59
0.26

100

47.0
.7
50.0
333
189.0
6.6
834
0.3
29

52.1
131
15.2
10.03
0.16
81
93
0.54
3.01
0.20

100

65.4
139
183.1
249
1128

1495
20
10

51.7
0.95
16.7
8.37
0.12
9.7
105
0.60
124
0.16

100

89.1
29.1
329.3
191
818
2.8
76.3
10
18

50.1
222
14.4
1451
0.21
55
95
0.49
275
0.32

100

710
104
155.4
383
2147
8.5
1712
29
42

50.6
123
141
12.99
0.21
6.7
114
1.10
1.50
0.14

100

47.8
455
130.2
20.8
83.0
29
120.0
13
14

52.4
104
11.3
9.80
0.16
134
10.0

100

119.6
4.8
41.9
243
102.3
32
45.7
21
22

8.06
20.2
232
9.49

116
3.00
0.58
381
0.80
234
0.34
2.07
0.28

53.4
114
114
11.32
0.17
102
10.7
0.04
144
0.19

100

78.1
15
63.7
26.9
134.0
44
332
18
22

56.8
113
110
10.33
0.18
101
7.7
0.13
244
0.20

100

79.1
4.0
47.8
259
1320
45
776
34
22

50.0
140
153
12.44
0.20
7.1
109
0.43
2.00
0.18

100

105.2
157
267.6
281
1120

166.3
19
20

53.4
111
14.1
12.40
0.16
7.0
8.4
0.35
281
0.16

100

84.2
10.0
127.4
243
100.5
33
66.7
11
0.9

56.4
0.74
15.7
8.97
0.15
7.0
6.3
0.74
391
0.11

100

918
223
224.3
158
84.2
3.0
272.4
2.7
3.9

50.7
178
148
11.69
0.16
4.6
16.1
0.02

0.22

100

30.7
15
619
273
132.7
51
38.2
29
17

55.9
128
150
9.85
0.14
6.3

6.9

0.57
3.86
0.21

100

53.9
154
100.1
34.0
160.5
55
208.9

24

51.6
0.94
16.7
8.36
0.12
10.0
105
0.56
113
0.14

100

92.9
26.6
335.6
177
775
30
87.7
01
11

48.3
2.28
146
15.14
0.19
6.0
9.9
0.36
2.87
0.33

100

617
7.1
1132
36.8
203.6
8.4
1310

3.9

54.9
113
119
11.29
0.16
119
6.0
0.42
219
0.19

100

1327
116
103.0
26.7
129.2

142.7
0.2
24

104
251
3.03
126
3.29
105
3.64
0.69
4.36
0.98
2.70
0.40
245
0.36

58.7
110
125
9.11
0.16
85
5.8
0.18
3.75
0.18

100

100.7
5.0
56.3
231
1151
3.6
62.2
11
19

8.98
199
2.50
109
2.83
0.76
311
0.60
3.76
0.79
217
0.30
179
0.22

Tota iron as FeO



Table 7 Chemica composition of the Upper Komatiites

sample BR084 BR0O85 BR0O86 BR089 BR179 BR192 BR193 BR195  95BR126 95BR131 95BR133 95BR134

SiO. 512 50.6 49.8 57.3 52.0 57.6 55.9 54.3 49.3 53.5 47.1 54.9
TiC: 122 134 135 117 146 179 172 0.92 105 0.92 1.04 161
Al:Os 147 137 147 16.6 133 141 139 152 141 145 138 125
FeOt 13.14 14.46 13.86 7.02 14.69 12.96 13.87 1177 11.64 10.95 1118 12.94
MnO 0.22 0.19 0.38 0.14 0.22 0.20 0.23 0.16 0.19 0.14 0.19 0.20
MgO 6.6 6.5 5.8 37 53 51 33 5.7 72 5.8 7.0 52
Ca0 8.2 9.4 110 87 6.9 3.0 6.7 74 100 5.6 107 45
NaO 3.90 3.14 2.65 234 3.92 4.06 2.89 2.75 162 183 0.56 164
K:0 0.59 0.52 0.35 278 211 0.89 124 170 i 3.70 0.85 3.52
P.Os 0.13 0.14 0.14 0.20 0.15 0.24 0.21 0.14 0.11 0.14 0.11 021
total 100 100 100 100 100 100 100 100 96.9 97.1 92.4 97.3
Mg#
Ni 131 64.6 414 473 34.1 9.9 95 537 108.6 52.6 1045 9.6
Rb 35.6 156 141 4.9 416 116 50.6 33.0 35.9 320 29.6 211
Sr 1730 60.7 1329 106.6 421 68.1 137.8 136.2 221.6 96.3 92.7 26.6
Y 315 25.6 276 26.3 284 44.8 40.8 233 199 231 195 445
Zr 122.9 91.6 102.7 97.1 106.1 239.0 201.8 1293 62.8 1315 60.8 2150
Nb 4.0 27 32 31 33 103 9.4 4.0 17 4.5 18 9.5
Ba 94.8 150.6 96.8 152.0 540.8 283.0 236.1 317.4 632.6 466.5 86.5 376.4
Pb 84 13 6.9 38 19 123 9.1 11 89 4.4 - 29
Th 2.2 22 20 21 24 7.9 6.7 6.1 - 6.1 0.8 6.7

Total iron as FeO



Table 8 Chemica composition of Dacites

sample  BR109-1 BR118 BR121 BR124 BR170 BR188-2 BR189 BR216 95BR124  95BR135
SiO. 88.9 76.6 75.8 715 84.6 63.7 728 74.2 75.1 73.8
TiC: 0.13 0.35 0.35 0.53 0.23 1.23 0.37 0.35 0.34 0.37
Al:Os 5.22 1170 12.08 12.16 8.01 12.78 1261 12.01 115 122
FeOt 1.90 249 2.32 6.07 0.46 101 4.18 4.19 454 4.04
MnO 0.03 0.02 0.02 0.08 0.01 0.07 0.02 0.02 0.02 0.02
MgO 1.09 0.75 0.63 0.88 0.47 392 153 162 12 19
Ca0 0.19 0.19 0.53 101 011 2.23 0.14 0.15 0.1 0.1
NaO 0.02 2.08 17 158 - 2.78 0.76 134 5.93 6.26
K:0 2.25 5.45 6.25 5.44 6.12 1.85 7.09 5.60 0.66 0.72
P.Os 0.05 0.06 0.06 0.10 0.05 0.19 0.07 0.07 0.07 0.07
total 99.8 99.7 99.7 99.3 100.1 98.9 99.5 99.5 99.5 99.5
Mg#
Ni - - - - - - 95.3 - - -
Rb 126.2 177.3 191.2 154.9 185.7 729 89.0 76.5 127.0 136.5
Sr 138 311 40.1 69.6 16.1 38.6 1825 225 121 142
Y 214 60.4 61.0 54.3 431 79.3 30.2 89.2 724 99.0
Zr 202.7 454.6 461.0 390.3 320.7 320.4 199.4 529.4 514.8 560.4
Nb 7.6 177 177 16.4 115 16.3 9.2 22.4 21.4 229
Ba 384.8 913.9 1137.8 1352.0 1207.7 274.8 714.4 424.7 515.7 5739
Pb 52.7 181 20.7 344 41 324 133 45 39 4.7
Th 138 28.1 29.4 234 185 125 8.6 20.5 19.1 20.8

Total iron as FeO
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[11-1. Introduction

The Earth ison an irreversible path toward compositional, thermal, and gravitational
equilibrium through the processes of convection, melting, and differentiation. The
geochemistry of continental and oceanic crust provides a basis for understanding, and a direct
record of, theses processes. The geochemistry of the modern MORB and OIB shows that the
(upper) mantle is very heterogeneous, and the heterogeneity may be caused by recycling of
oceanic crust and/or sediments through plate tectonics. Although Large-scale chemical
differentiation involved by magma ocean and core formation occurred in early Earth, any
evidences of early Earth differentiation are not preserved in the modern rocks (Lee &
Halliday, 1995). Moreover, although it may be also resulted from recycling of oceanic crust
(Hauri 1996), it is believed that primordial mantle has still survived in the deep mantle based
on high FeO content and high “He/®He ratios in some intraoceanic basalts (Wilkinson, 1985;
Stille et al., 1983; Sun, 1984; Allégre et al. 1987). Those evidences may suggest that active
mantle convection homogenizes the early Earth differentiation before the Archean, and
heterogeneities resulted from plate tectonics have surpassed apparent homogenization by
relatively inactive mantle convection after Archean (Bowring & Housh, 1995).

Recent geological reinvestigation showed that the I sua supracrustal belt is the oldest
accretionary complex (Maruyama et a. 1991, 1994; Komiya & Maruyama 1995; Komiya et
al. 1999). Moreover, the field occurrences suggest that the greenstones be subdivided into
three-types; which originated from mid-ocean ridge volcanism, oceanic island volcanism, and
island arc or rift magmatism, respectively. Despite of many reports of geochemistry of the
greenstones in the 3.8 Ga | sua supracrustal belt (Sun & Nesbitt, 1978; Gill & Bridgwater,
1979; Gill, 1979; Gill et al. 1981; Nutman 1986), those works of course did not follow this
geological evidence.

This paper present the brief review of the mantle heterogeneity of the modern, and the
early Earth differentiation recorded in the Archean rocks, and then the composition and
temperature of the upper mantle, and the Archean mantle heterogeneity based on the
geochemistry of the greenstones in the 3.8 Ga Isua supracrustal belt.

[11-1.1. Mantle heter ogeneities of the modern mantle

The compilation of the isotope chemistry shows that the modern mantle is very
heterogeneous (Sun, 1980; Vidal et a. 1984; Zindler & Hart, 1986; Silver et al., 1988; Weaver,
1991, Saal et al. 1998), and consists of at least five distinct components even within upper
mantle (Hanan & Graham, 1996). Moreover, variationsin chemical compositions of MORBs
and OIBs also suggest that major element heterogeneity exist in their source mantle regions
(Hauri, 1996; Langmuir & Hanson, 1980; Bryan & Dick, 1982; Kogiso et a., 1997).
Although various mechanisms have been proposed for the origin, it is widely accepted that
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the recycling of the oceanic crust, pelagic and terrigenous sediments into the mantle causes
the heterogeneities of the mantle (Chase, 1981; Hofmann & White, 1982; Weaver, 1991,
Chauvel et al., 1992; Woodhead et al., 1993; Roy-Barman & Allégre, 1995; Hirschmann &
Stolper, 1996; Hauri, 1996; Kogiso et al., 1997). High pressure experiments showed that the
pyrolitic mantle is transformed into perovskites and magnesiowstite at ca. 25 GPa, whereas
basdltic crust is transformed into perovskites, stishovite and aluminous phase at 27 GPa
(Irifune & Ringwood, 1987, Ringwood, 1991). Those results suggest that the former basaltic
crusts are accumulated and formed the megaliths along the boundary between upper and
lower mantle (Ringwood, 1982; Irifune & Ringwood, 1993). If the bottom of thick piles of the
former basaltic crust isostatically penetrates into the lower mantle, then the lowermost is
transformed into dense mineral assemblage and delaminated to subside onto the core-mantle
boundary. Recent seismic tomographies support the subducted slabs of oceanic crust on the
core-mantle boundary (Fukao et al. 1992; Kendall & Silver, 1996). On the other hand,
pyroxene-rich rocks are present in all types of mantle samples including xenoliths (e.g., Frey
1980; Irving 1980), ophiolites (e.g., Bouldier & Coleman 1981; Quick 1981), abyssal dredges
(e.g., Dick et al. 1984; Serri et al. 1988; Bailey et al. 1992; Lee & Hart 1995; Ross & Elthon
1997) and orogenic peridotites (e.g., Suen & Frey 1987; Mukasa et al. 1991; Pearson et al.
1993). Such pyroxenites in the asthenosphere could originate from subduction of oceanic
crust (e.g., Allegre & Turcotte 1986). The extremely radiogenic Pb isotope ratios of HIMU
basalts suggest an enrichment both in U and Th relative to Pb in the magma source on the
order of 10° years ago (Tatsumoto, 1978; Hauri & Hart, 1993). That means that if mantle
heterogeneities result from recycling of oceanic crust, the involved oceanic crust have
independently survived in the convecting mantle for periods of time as long as several billion
years.

[11-1.2. The early Earth differentiation recorded in the Archean rocks

It has been till controversial whether Archean mantle was isotopicaly and
geochemically heterogeneous or not, because post-magmatic alterations obscured the original
nature of the rocks (Gruau et al. 1996), active mantle convection may have homogenized the
early heterogeneities (Abe 1993; Bowring & Housh, 1995), and tectonic setting of the basaltic
volcanism are ambiguous (Condie 1985).

Archean greenstones generally suffered more or less post-magmatic modification, for
example submarine weathering, hydrothermal metamorphism, regional metamorphism and
metasomatism induced by granitic intrusion, so that isotopic and geochemical composition of
those rocks may have been affected by such secondary effect. Therefore, it is significant of
the discovery of extremely fresh komatiites in the Belingwe greenstone belt, Zimbabwe
(Nisbet et al., 1987), and the measurement of isotopic compositionsin relict minerals instead
of bulk rocks (Hart & Brooks, 1977; Machado et al. 1986; Vervoort et al. 1994; Carignan et
al., 1995ab).
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Core formation, and magma ocean is expected to have caused large-scale chemical

differentiation in the early Earth. However, only the geochemical evidence of magma ocean in
the Earth, as yet, isthe positive anomaly €*“Nd in felsic metasedimentary rocks in the Isua
supracrustal belt (Harper & Jacobsen, 1992ab, Sharmaet al., 1997). Any €““Nd anomalies
were preserved in other Archean rocks (Galer & Goldstein, 1992; Bennett & McCulloch,
1992; McCulloch & Bennett, 1992, Jacobsen & Harper, 1992). Hafnium isotopic ratio in the
3.5-Ga Aluminum depleted komatiites, Barberton Greenstone belt suggest that garnet
fractionation was not caused by magma ocean, but by 3.5-Ga komatiitic magmatism. Theline
of those evidences suggests that the evidences of early Earth differentiation are hardly
preserved, because the subsequent plate tectonics presumably resurfaced and active mantle
convection presumably eliminated the mantle heterogeneities, and that if the rocks were
emplaced on the continents by Early Archean, they have a narrow escape by chance from the
subsequent modification. Mantle differentiation in Archean has been reported by many
workers. Hart & Brooks (1977) reported the K, Rb, Cs, Sr and Ba contents and Sr- isotope
ratios of seven bulk clinopyroxenes from three different areas of the Archean Abitibi belt of
Canada. They showed that although the Archean mantle was similar to the mantle of today in
many respects, it was most probably enriched with Cs relative to today, and that mantle
evolution since 3.5 Ga can be described by a smple two-stage model, with a major
development of mantle heterogeneities at about 1.7 Ga. Sun & Nesbitt (1977, 1978) reported
La/Sm ratios for Archean basalts and spinifex textured peridotitic komatiites all over the
world, and showed the Archean mantle had already been chemically heterogeneous based on
awide variety of the La/Sm ratios. Blichert-Toft & Albarede (1994) reported that variation of
Sm/Nd ratios for Late Archean basalts and komatiites is as widely as that of modern basalts,
but range of **Nd/**“Nd ratio isn't so wide. They interpreted the chemical heterogeneitiesin
the mantle derived from magma migration and mineralogical phase changes were stirred by
so active mantle convection that they could not have been surviving for along time. Chase
and Patchett (1988) reported that both early and late Archean rocks from greenstone belt and
felsic gneiss complexes exhibit positive g, Values of +1 to +5 by 3.5 Ga. They interpreted a
depleted mantle reservoir caused by extraction and temporary storage of oceanic crust
materials existed very early. Sun (1984) showed that some of large variations of major, trace,
rare earth, and isotope ratios from Archean mafic and ultramafic volcanics were derived from
Archean mantle heterogeneities. Vervoort et al. (1994, 1996) reported that Nd and Pb isotope
ratios of mafic and felsic volcanics and galenas from volcanogenic massive sulfide, and
suggested that the Archean mantle was isotopically heterogeneous and these heterogeneities
were developed within the first few hundred million years of Earth's history. Bennett et al.
(1993) reported quite high e, values from Early Archean mafic dikes in West Greenland, and
interpreted those values as a rapid depletion of mantle within Early history of the Earth.
Collerson and Regelous (1995) reported that metakomatiites and orthogneiss from the
northern Labrador segment of North Atlantic Craton (NAC) yield eNd of -4 to +4. They
interpreted that high values of g, and lack of “*Nd/**Nd anomalies from those samples
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indicated that the existence of transitory depleted mantle in the early Archean (pre-4.2 Ga).

[11-1.3. Thetectonic setting of the Archean mafic/ultramafic rocks

It is well-known that the geochemical characters of volcanic rocks are strongly
dependent on tectonic setting such as active and passive divergent, convergent or intra-plate
regime (Pearce & Cann, 1973; Wood et al., 1979; BV SP 1981; Meschede, 1986). Therefore, it
issignificant of the knowledge of the tectonic setting of mafic/ultramafic volcanism. The
tectonic settings of Archean greenstone have been deduced mainly from the geochemical
signatures, and the occurrences of greenstone.

Many workers tried to classify the greenstones based on the discrimination diagrams
defined by the geochemistry of the modern basalts (Glikson 1971; Rivalenti 1976; Gill 1979;
Condie, 1986, 1990, 1994; Meen, 1993). Gill (1979) and Glikson (1971) reported similarities
between the Archean greenstones and modern MORBs based on mgjor elements chemistry,
and suggested that Archean mafic volcanics were derived from mid-ocean ridge. Many
Archean and early Proterozoic basalts, generally speaking, have the negative anomaly in Nb,
Ta, P, and Ti. In addition, the chemical compositions of many greenstones are distributed
within the region defined by island arc basalts on discrimination diagrams. Therefore, Condie
(1986, 1994) interpreted that Archean and early Proterozoic greenstones are the equivalent
rocks to modern island arc basalts. However, despite of the some argument (Arndt, 1991; Sun
& Neshitt, 1978), Archean mantle may have been different from the modern mantle in
siderophile elements, volatiles, and even major elements content (e.g. Hart et a., 1970; Sun &
Neshitt, 1977; Glikson, 1971; Gill, 1979; Gill et al., 1981; Condie, 1985,1990,1994, Ohta et
al., 1996). Moreover, other differences such as the temperature of the mantle and thickness of
oceanic crust, and the depth of circulation of hydrothermal fluid may have resulted in the
alternative geochemical signature. For example, the modern isand arc basalts are
characterized by negative anomalies of Nb and Ta, which are held in refractory rutile (Brenan
et a. 1994; Green 1994). But higher temperature of the Archean mantle may have caused slab
melting to decompose the rutile. Even if rutile was residual during the slab melting, partition
coefficient of rutile/silicate liquid pairs decreases with increasing temperature (Green 1994).
Therefore, geochemical signature of negative anomaly in Nb and Ta in isand arc basalt
reduces during the Archean. As a result, estimates of tectonic setting based on the
geochemistry appear to be insignificant.

Green (1972) suggested that Archean mafic and ultramafic suites were derived from
meteoritic bombardments because his experimental results showed that the geochemistry of
them required the high degree of melting. Takahashi (1990), based on his phase diagram on
KLB-1, suggested that komatiites were Archean equivalent of MORBs, and that the
tectosphere is the residual mantle. Tarney et a. (1976) suggested that greenstones were
produced in a back-arc marginal basin setting as a analogy of the modern marginal basin "
Rocas verdes' complex from S. Chile. Storey et a. (1989) suggested that Cretaceous
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komatiites in Gorgona island is an obducted fragment of the oceanic Caribbean Plateau,
and were formed over the Galapagos hotspot at based on the geochemistry, age, and thermal
condition, and speculated that Archean komatiite were also hotspot-related oceanic plateau.
Association of ultramafic komatiites and tholelitic basalts is similar to the expected by
numerical experiments, suggesting that komatiites were derived from plume volcanism (Jarvis
& Campbell, 1983; Campbell et al. 1989; & Campbell & Griffiths, 1993; Griffiths &
Campbell, 1990). Xenocrystic zircons were discovered from ultramafic komatiites, Kambalda,
Yilgarn, suggesting that the ultramafic komatiites intruded and erupted on the older granitic
basement, namely, and were derived form rift volcanism (Lesher & Arndt, 1990).

On the other hand, many studies also have estimated the tectonic setting based on the
field occurrences of greenstone. A mafic intrusive-extrusive complex that grades upwards
from gabbro through a zone of multiple and sheeted dykes into massive and pillowed lava
flows are similar to the Phanerozoic ophiolite complex, and were derived mid-ocean ridge
volcanism (Helmstaedt et al. 1986). A large ultramafic dike intruding the bottom of pile of
tholeiitic pillow lava and thin ultramafic komatiites flows was presumably a remnant of
sheeted dykes complex formed at mid-ocean ridge (de Wit et a. 1987b). Archean large
igneous provinces may be analogous to the modern oceanic plateau because of so huge
magmatism (de Wit et al. 1992). Despite of suggestion of allochthonous origin (Kusky &
Kidd, 1992; Kusky & Winsky, 1995; Kusky et al., 1994), 2.7-Ga ultramafic komatiitesin
Belingwe greenstone belt were presumably formed by rift-vol canism because they erupted on
the passive-margin sediment (Bickle et al. 1975, 1993, 1994; Blenkinsop et a., 1993, 1994;
Hunter et al., 1998). Close association of dacite and basalt volcanics suggests island arcs built
on oceanic crust (Sylvester et al. 1987).

Recently, the similarities of the geological features of some Archean greenstone belt to
those of the Phanerozoic accretionary complex is emphasized by similar to Maruyama and co-
workers; the Isua supracrustal belt (Maruyama et al., 1991b, 1994a; Komiya & Maruyama,
1995; Komiyaet al., 1999); Pilbaracraton (Isozaki & Maruyama, 1992; Isozaki et al., 1991;
Kimura et a., 1991; Maruyama et al., 1991a; Ohta et al., 1996); Abitibi greenstone belt
(Kimuraet al., 1993). They emphasize “oceanic plate stratigraphy” and “duplex structure” as
prime criteria of accretionary complex. They classified the greenstone into a mid-ocean ridge
basalt (MORB) and a ocean island basalt (OIB), based on theory of accretionary geology
(Komiya & Maruyama, 1995; Ohta et a., 1996, Komiya et al., 1998). For example,
greenstones in Abitibi greenstone belt were derived from oceanic island magmatism (Kimura
et al. 1993), whereas those in Cleaverville area originated from mid-ocean ridge volcanism
(Ohtaet al. 1996). In addition, both MORB and OIB can be observed in the Isua supracrustal
belt (Komiya& Maruyama, 1995; Komiyaet a. 1998)

I11-2. Geological outline



63
[11-2.1. Overview

The I'sua supracrustal belt lies approximately 150 km northeast of Nuuk, Greenland
(Fig. 1). It is part of the Akulleq terrane, which is composed of 3880-3660 Ma Amitsoq gneiss,
2820 Ma Ikkattoq gneiss, which contains some enclaves of supracrustal rocks, and
anorthosites (Friend et al. 1987, 1988; Nutman et al. 1989; McGregor 1993). The northeastern
part of the Akulleq terrane is an exception where arelatively less metamorphosed segment,
the Isua supracrustal belt, is exposed (Fig. 1 inset). The Isua supracrustal belt forms a 35 km-
long arcuate tract and is the largest fragment of the Early Archean supracrustal rock in the
Akulleq terrane (Fig. 1, inset). The belt was originally intruded by tonalitic rocks, which were
later metamorphosed to form the Amitsoq gneiss. The Isua belt is at present exposed as a
fault-bounded tectonic slice, and is in tectonic contact with the tonalitic Amitsoq orthogneiss
on both sides (McGregor 1973; Bridgwater et a. 1974). The Isua supracrustal belt was
affected by Barrovian-type progressive metamorphism during Archean times (Komiya et al.
1998). However, the original structures of the protoliths are well preserved in the northeastern
part of the belt where the metamorphic grade is the lowest. The Isua belt is an exception
displaying well-preserved primary structures that yield information helpful in deciphering the
history of pre-3.8 Ga events on the Earth.

It had been regards sedimentary sequences, including conglomerate, as deposited
conformably in shallow marine environments, and mafic volcanics intruded into or extruded
on them, based on the continental rifting model (e.g. Nutman 1986; Jacobsen & Dymek 1987,
Dymek & Klein 1988). However, recently, Komiya et a. (1998) proposed that the Isua
supracrustal belt is the oldest accretionary complex, and that pillow and massive lavas and the
overlying hyaloclastite layers were derived from mid-ocean ridge volcanism, and that
chert/BIF sediments were deposited in the open sea.

[11-2.2. Field occurrences of pillow lava, and mafic dikes

In spite of the recognition of pillow structures in an occurrence of amphibolite by
geologists of Kyrolitselskabet @resund A/S in the early 1970s, subsequent workers have
missed them because they classified the rocks based on the metamorphic structure and texture,
instead of their protoliths (Allaart 1976). The pillow lava structures are sporadically preserved
in areas of relatively low strain. Even under high strain, pillow structure can be recognized if
the tectonic stretching is paralel to the elongated pillow tubes. Pillow lava flow unit
comprises the piles of pillow lavas and hyaloclastite. At the top of pillow lava flow units, a
complete succession from pillow lava flow unit on the bottom to massive white chert bed on
the top through the hyaloclastite layers can be observed. Along the boundary between chert
and hyaloclastite, thin dolomitic carbonate pods are present, presumably suggesting that the
depth of magma eruption were shalower than carbonate-compensation-depth (CCD). The
pillow lavas are relatively small, 30 to 150 cm across. Morphol ogies comprise: oval with cusp
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through pear-shaped to crescent-shaped forms, depending on secondary deformation,
relatively undeformed pillow lavas indicate the way-up (Borradaile 1982). They are
composed of core (green), rim (pale green to white colored) and matrix (darker green), and
some have a mantle (darker green) between the core and rim (Photo 1). The rim and the
mantle may correspond, respectively, to the palagonitized sideromelane zone and tachylite
zone of modern pillows (Hargraves & Ayres, 1979). They are of close-packed type with
scanty matrix (Moore 1965; Jones 1969). They vary in size and shape depending on the flow
unit. Vesicles and varioles are not visible on rims, presumably because of the secondary
deformation and metamorphic recrystallization. The hyaloclastite layers on the top are divided
into two sections, the upper and the lower hyaloclastite, respectively. The lower hyaloclastite
layers are characterized by smooth surfaces and lack of garnet megacrysts. They consist of
poorly-sorted pillow breccias set in matrix, and conformably cover the pillow lavas. The
upper hyaloclastite layers are composed of well-sorted, fine-grained metasediments with a
probable reworked origin. They are characterized by rough surfaces and a number of garnet
megacrysts. High abundance of garnets suggests that the rocks are enriched in Fe and Mn.
The layers are up to 3 meters thick in many places, but vary laterally in thickness. They
conformably cover the lower hyaloclastite, and conformably overlain by white bedded chert
layers. The pillow and massive lava units overlain by the relatively thick chert layers contains
no continents- or arc-derived material, suggesting that they erupted in the open-sea
environment. Geological evidences imply that they originated from mid-ocean ridge
magmatism (Komiya et al. 1998). Therefore, they are here named IMORBS.

Mafic dikes are subdivided into two types by the field occurrences. Ones intrude
pillow lavaflow units and chert layers, but are cut by duplex-forming thrusts (Maruyamaet al.
1994; Komiya et a. 1998). Some thin dikes were severely folded, and truncated by the
surrounding rocks. They are dark-green colored, and range tens cm to tens m thick. They are
characterized by smooth surfaces and numerous fractures normal to the outer margins. The
grain size varies from coarse-grained in the center to fine-grained in the rim. However, the
chilled margins of the many dikes were obscured by later metamorphism. Some were intruded
across the pillow lava structures, and the bedding planes of hyaloclastites and chert, and
others were emplaced as sills along the bedding planes of chert. Field occurrences suggest
that these dikes emplaced between the spreading center and trench, implying that they were
derived from oceanic island magmatism. Therefore, they are here named 10IBs. The second
intruded across turbidite sequence, and even duplex-forming thrusts. Some dikes contain
plagioclase patches, suggesting that they are Ameralik dykes. The field occurrences resemble
those of the first type. They were formed as island arc volcanism or rift magmatism, because
the emplacement of them postdated the accretion.

[11-3. Chemistry
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[11-3.1. Sample preparation

To obtain the original magmatic composition, greenstone samples were carefully
selected for the major and trace elements analyses step by step. First of all, field occurrences
of greenstones and even the surrounding rocks appear to be related to the extent of the
secondary alterations and the distribution of the altered zones. For example, the extensive
altered zones appear at the stratigraphic top of the pillow lava flow units, or in the
surroundings of large quartz veinlets (e.g. T-chert in Pilbara craton, Western Australia). Such
stratigraphically controlled alteration suggests a hydrothermal alteration at the formation of
the magmas, accompanied with the interaction with seawater. It is suggested that the
involvement of the fluid migration from the neighboring sediments forced the composition,
especially isotopic composition, disturbed during the metamorphism. Therefore, 222
greenstone samples elsewhere were preferentially collected, or thin massive lavas were also
preferred. At the second stage, <1-cm-thick slabs were cut from each sample to select the rock
samples without avisible internal fracture filled with quartz, chlorite and epidote minerals and
the heterogeneous surfaces. Whole rock powders were prepared for 51 fresh samples, which
contain neither veinlets of quartz, chlorite, and calcite, nor the heterogeneous domains even
under the microscope. Slabs whose surfaces were polished were broken into small pieces,
ultrasonically cleaned in de-ionized water and ethyl alcohol, dried, and powdered in a
tungsten carbide shatter-box.

[11-3.2. Analytical methods

Magjor and some trace elements (Ni, Rb, Sr, Y, Zr, Nb, Ba, Pb, and Th) were measured
by X-ray fluorescence (XRF) at Tokyo Institute of Technology and at Institute of
Oceanography in Tokyo University, respectively. The analytical procedure, condition and its
accuracy are described by Goto and Tatsumi (1994). Rare earth elements were determined by
inductively Coupled Plasma Mass Spectrometry (ICP-MS) at Tokyo Institute of Technology.
The analytical procedure, condition and its accuracy are reported elsewhere (Hirata et al.
1988).

[11-3.3. Petrography

The rock samples were collected from both pillow and massive flow unit (IMORBS),
and mafic dikes (I0IBs) (Fig. 2). Although the period of the metamorphism is ill
controversia (e.g. Nutman & Collerson, 1991; Komiyaet al., 1998), both IMORBs and |OIBs
evenly suffered Barrovian-type progressive metamorphism under the greenschist to
amphibolite facies condition (Komiya et a. 1998). The metamorphism causes magmatic
minerals to be completely atered into metamorphic minerals, pyroxene phenocrysts are
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altered to actinolite + chlorite, plagioclase to epidote + albite, and olivine to serpentine +
magnetite.

The mineral assemblages in the low-grade area are defined by Chl+Ep+Ab+Qz (Zone
A) in greenschist facies;, and  Chl+Act+Ep+Hbl+Qz+Ab (Zone B) or
Chl+Act+Ep+Hbl+Qz+AbxPI (Zone C) in epidote-amphibolite transition. The abbreviations
of mineral base on Kretz (1983). Some samples, which contain biotite and calcite, are
regarded as altered samples. The original textures are preserved in most samples; for example,
cumulative texture of euhedral olivine phenocrysts is observed well in some ultramafic rocks.
This observation is much help in removing the samples affected by olivine accumulation from
the chemical database of the IMORBs and I0IBs. In higher-grade area, the minera
assemblages are characterized by Hbl+Pl+Qz+ChltActtAbtEp. Because some samples
contain biotite, calcite, and cummingtonite, they are regarded as altered samples. Even in
higher-grade regions, original magmatic textures are preserved in some samples. For example,
olivine cumulate rocks are defined by serpentine pseudomorphs after euhedral olivines,
magnetite, and calcite pseudomorphs after clinopyroxene in matrix, and gabbroic rocks form
Hbl+Chl pseudomorphs after euhedral or dlightly elongated clinopyroxene phenocrysts
pervasively distributed in matrix of anhedral plagioclset+chloritetquartz, suggesting
pyroxene-orthocumulate texture in Duplex V1.

11-4. Results

[11-4.1 Major and trace element chemistry in IMORBs and |OIBs

Figures 3 and 4 show the MgO versus maor and trace element diagrams of both
MORBs and OIBs for the I sua supracrustal belts, along with the modern MORBs and OIBs
The latter includes both alkaline basalts and tholeiites. IMORBs and |OIBs are defined as
low-K tholeiite (Gill & Bridgwater, 1979; Gill, 1979; Komiya & Maruyama, 1995).
Chondrite-normalized REE abundances are shown in Figure 5. Despite of minor scattering in
especially CaO and Na,O content, either IMORBSs or 10I1Bs make clear liquid lines of descent.
IMORBSs have clearly higher Al,O, and lower CaO than the modern MORBs at any given
MgO contents. IMORBSs have lower TiO, and Na,O than the modern MORBSs. They also have
lower Zr, Y, and Nb at any give MgO content, and higher FeO* and MnO and lower Ni at
high MgO content (> 10 wt %) relative to the modern MORBs. SiO, and P,O., contents of
IMORBSs are similar to those of the modern MORBSs. They have alight and middle REE-
depleted pattern. The pattern of the liquid line of descent of the IMORBs is similar to that of
the modern MORBs.

|OIBs have lower Al, O, and higher FeO*, TiO,, Y, Zr, and Nb at any MgO content
than IMORBSs at any given MgO contents. SIO,, CaO, Na,0O, P,O., and Ni contents of 10IBs
are similar to those of IMORBSs. The pattern of the liquid line of descent of the IOIBsis
similar to that of the modern MORBS, rather than that of the modern OIBs. They have flat-
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REE pattern.

For both IMORBs and 10IBs, samples with higher MgO contents (> 10 wt %) plot
roughly along olivine fractionation curves accompanied with minor plagioclase on the MgO
variation diagrams, as follows: with decreasing MgO, TiO,, Al,O,, CaO Na,0, K,0, P,0;, and
incompatible trace element, including Sr, contents and Al,O,/Ca0 ratios increase; SIO,, FeO*
and MnO contents remain aimost constant; Ni concentrations decrease. These correlations
suggest that the chemical variations of IMORBs and |OIBs at higher MgO contents are
mainly controlled by olivine fractionation, and plagioclase plays a minor role. Clinopyroxene
fractionation is still more insignificant. Plagioclase and then clinopyroxene join olivine on the
liquidus at ca. 9 wt % in MgO because the slope of the liquid lines of descent increase change
abruptly, Al,O, and CaO decrease substantially with decreasing MgO (Klein & Langmuir
1987).

Petrographic observations of IMORBs and 10IBs do not support that olivine- or
pyroxene- accumulation affects their liquid line of descent because the texture described
above are not observed in those samples. Moreover, plagioclase- or clinopyroxene-
accumulation is also not significant because with increasing MgO, Al,O, and CaO contents
decrease in those samples. Moreover, both IMORBSs and 101Bs are evenly metamorphosed as
described above or elsewhere (Komiya et al. 1998). Neverthel ess, each makes a clear and
distinctive liquid line of descent. Those evidences suggest that secondary alteration did not
significantly affect the least altered samples by petrographic definition.

[11-5. Discussions

[11-5.1. Estimate of FeO content of and pressure and temperature of partial melting of
the sour ce mantle of the IMORBs

111-5.1.1. M¢* of source mantle of the modern MORB

Field occurrences suggest that IMORBs were derived from mid-ocean ridge volcanism.
| here examine to estimate FeO content of source mantle, and temperature and pressure of
melting. IMORBSs are enriched in FeO content relative to the modern MORB at any given
MgO content (> 10 wt %). Thisdifference suggeststhat source mantle of IMORBSs have
higher FeO than that of the modern MORB. Based on petrochemical features of the modern
MORBS, drilled and dredged abyssal peridotites from mid-oceanic ridge or transform faultsin
the Pacific, Indian and Atlantic oceans, mantle xenoliths of volcanic rocks, and ultramafic
bodies on land, the Mg" value of the modern MORB source mantle can be inferred. Fo values
of olivine from abyssal peridotites range 89.5 to 92 (Boyd, 1989). Xenoliths in basalts contain
olivine with 90.5 to 89.2 in Fo value (Menzies, 1991). The less depleted Iherzolites on the
Zabargad island are composed of the typical four-phase spinel-facies assemblage of forsteritic
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olivine (ca. Fog,), enstatitic orthopyroxene, diopsidic clinopyroxene and spinel (Piccardo et
al., 1988). Mg# of both pyrolite model mantle (Ringwood, 1975; Jagoutz et al. 1979: Sun,
1982; Green et al., 1979) and more recent estimates for the composition of the primitive
Upper mantle (Frey et al., 1985; Bonatti et al., 1986; Zindler & Hart, 1986) also range from
88.8 to 90.1. Although recent works presume that the source mantle composition of modern
MORB is equivalent to HK66 (85.3 in Mg") (e.g. Kinzler 1997), the line of evidences
indicates that the source mantle of the modern MORB contains ca. 90 in Mg". The
composition is similar to KLB-1, which contains 89.6 in Mg", and equivalent to 8.10 wt % in
FeO*. Recently Kushiro (1998) proposed that Mg® of the source mantle of the modern
MORBs should range from 89 to 85 based on the comparison of the partial melts by some
experiments of recent diamond methods with most primitive basalts. However, compilation of
primitive MORBSs (Presnall & Hoover 1987) does not contain most primitive MORB. For
example, the most primitive MORBs have 11.89 and 6.82 in MgO and FeO* respectively
(Donaldson 1979), and have 12.04 and 7.84 in MgO and FeO* respectively (le Roex et al.
1981), In addition, most refractory olivine in the modern MORBs is 90.67 in Fo value
(Sigurdsson 1981). Therefore, the composition of the source mantle of modern MORBs is
supposed to be equivalent to that of KLB-1.

[11-5.1.2. Oxidation state of source mantle of IMORBs

Ferrousto ferric ratio in mantleis controlled by oxidation states, chemical composition,
mineral assemblage, pressure, temperature, and phase chemistry; namely even by the extent of
degree of melting, fractional crystallization, and presence of Fe metal and C-O-H fluid phases.
The oxygen fugacity of the modern mantle is estimated various methods. At first, here, this
paper presents a brief review of the oxidation of the modern mantle, and then discusses the
oxidation of the Archean mantle.

[11-5.1.2.1. Oxidation state of modern mantle

The oxygen fugacity (fO,) vaues of the modern mantle, generaly speaking, are
between fayalite-magnetite-quartz (FM Q) buffer in relatively shallow depth and iron-wustite
(IW) buffer in deeper area (BV SP 1981; Arculus 1985). For example, several occurrences of
Fe-Ni metallic alloys enclosed by diamond in kimberlites (Bulanova et a. 1979; Sobolev et a.
1981), which, together with hosted by the same phase (Hervig et al. 1980), indicate that the
oxygen fugacity isin the vicinity of the synthetic iron-wistite buffer during diamond growth.
The discovery of ilmenite-spinel intergrowths among inclusion suites of kimberlites showed
the oxygen fugacity are close to the synthetic FMQ buffer (Haggerty & Tompkins, 1983). The
inclusion suites with assemblage of olivine, orthopyroxene, and ilmenite in kimberlite
allowed Eggler (1983) to calculate the oxygen fugacity from FMQ buffer at relatively low
pressures to slightly below the magnetite-wistite buffer at pressures around 60 kb. The fO,'s
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prevailing in the spinel peridotite facies of the upper mantle are calculated from IW to more
oxidized FMQ buffer, given acceptable thermodynamic data for the pure phases and
crystalline solution models (O’ Neill et al. 1982). The relative abundance of volatiles emitted
by volcanoes was one of the major constraints that led Ringwood (1979) to infer arelatively
oxidized state (FMQ buffer) for the mantle source. The evidence of presence of significant
proportions of CH, in fluids trapped in diamonds suggests that the oxidation state is closed to
IW buffer. The dominance of H,O and CO, in gasses associated with most active volcanismis
suggestive of oxidized (FMQ) mantle source regions (Arculus 1985). The application of
phase equilibrium methods to measure the oxygen fugacity at which upper mantle peridotites
equilibrated (principally using the olivine-orthopyroxene-spinel assemblage, but also making
use of other equilibria (O’ Neill & Wall 1987; Wood & Virgo 1989; Luth et a. 1990) has led
to a consensus that the upper mantle is nearly every where relatively oxidized, the majority of
samples falling within —1.5 to —0.5 log-bar units of the FMQ buffer.

Fe*/a Feratio in primitive spinel Iherzolites and high temperature garnet lherzolites,
estimated from Mdssbauer determination of analyses of Fe**/a Feratio in four phases remain
almost constant, 2.3 = 0.5 % (O’ Nelll et al 1993). Transition mantle, which consists of 3 or g-
spinel and majoritic garnet with/without Ca-perovskite, is expected to have Fe**/a Fe of more
than 0.05 (O’ Neill et al. 1993), whereas lower mantle would have Fe**/& Fe of 0.4 because of
high solubility of Fe* into perovskite.

Although pillow cores (including virtually al published whole rock analyses) typically
have Fe*/a Fe close to 0.15, equivalent to oxygen fugacities close to FMQ (Miyashiro et al.
1969; Bougault & Hekinian, 1974; Blanchard et al. 1976; Langmuir et al. 1977; Tarney et
al.,1979; Byerly 1981; BVSP 1981; Sigurdsson 1981; Fornari et a. 1983; Carmichadl &
Ghiorso 1986; Presnall & Hoover 1987), quench glasses from the outer surfaces of MORB
lavas have Fe**/a Fe ratios of 0.07 + 0.03 (2s), equivalent to oxygen fugacities 1-2 log,, units
below the FMQ buffer (Christie et a. 1986). Primitive akaline basalts should be have
Fe**/a Fe ratios of 0.12 because of the lower degree of melting (O’ Neill et al. 1993).

[11-5.1.2.2. Speculation of oxidation state of Archean mantle

Oxygen fugacities of Archean mantle are very ambiguous because of no fresh samples
of volcanic rocks and peridotites in the Archean terrains in the strict sense of the word.
Komatiites, generally speaking, have high concentration of Cr, suggesting the significant
amount of Cr* as well as Cr* in the source regions. More reduced basaltic melts become
saturated with sulfide at lower fS,’s (Naldrett 1969), so the tempora variation of the
oxidation status of mantle—derived melts has relevance both to the process of sulfur transport
from the mantle and to the formation of mineral depositsin the Archean (Arculus 1985).
Those evidences may suggest the redox environment in the Archean mantle. However,
komatiites do not have high Cr content at a given MgO content, and sulfide deposition results
form interaction of ultramafic melts and terrigenous graphite-bearing sediments. The
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oxidation state of the Archean mantle reduced from sulfides included in diamonds formed
in a reduced Archean mantle (tectosphere) is NNO —4 to -5 (Eggler & Lorand 1994).
Recently, Canil (1997) determined the correlation of oxygen fugacity with partition
coefficient of V, Ti, Tb, and Sc between olivine and melt. The results suggested that 2.7 Ga
ultramafic komatiites, Belingwe, crystallized under fO, condition of NNO = 0.5, led Canil
(1997) to conclude that Archean mantle was more oxidized than the present. However, the
oxidation state estimated by whole rock analyses of MORBs even at present is NNO
(Carmichael & Ghiorso, 1986; Carmichael 1991) because not only seawater alteration,
volatile loss, and post-eruptive oxidation change ferrous to ferric, but also crystal
fractionation of olivine, plagioclase and clinopyroxene increase Fe**/aFe ratio. The
compositional variation of relict chromian spinels in ultramafic komatiites, Barberton, is
similar to the modern boninites (Komiya et al. 1998a), and crystallization path of olivine,
chromian spinel, clinopyroxene, plagioclase and magnetite deduced form whole rock
composition of komatiites supports that the oxygen fugacity of the Archean mantle was —10 to
—11 log,, units (Komiya et al. 1998a), equivalent to the modern MORBs (Christie et al. 1986).
| summary, the oxidation state of the Archean mantle is still controversial. However,
Fe**/aFe ratio is controlled not only oxygen fugacity, but also mineral assemblage. If
Archean basalts were formed within upper mantle, which consisted of olivine, orthopyroxene,
clinopyroxene, and spinel, Fe**/a Fe ratio in Archean basalts would be equivalent to that of
modern MORBs.

111-5.1.3. M¢* of source mantle of IMORBs

The estimate of the Archean (upper) mantle composition has been still controversial
because fertile mantle xenoliths have not been discovered in Archean yet. The methods of
estimate of the Archean mantle composition are classified into three types; based on
composition of spinifex textured peridotitic komatiites (e.g. Bickle et a., 1976; Sun & Neshitt,
1977; Beswick 1983), then present relatively primitive (Jagoutz et al., 1979; Wanke et al.,
1984), and comparison of the primitive basalts with experimental data of melting of natural
peridotites (Ohta et a., 1996). This work presents FeO content of source mantle of IMORBSs
based on comparison of the primitive basalts with recent melting experimental data of natural
peridotites. However, this estimate is mainly dependent on SiO, and FeO content because of
the following three reasons. SIO, and FeO are very sensitive to pressure and temperature of
melting. SiO, and FeO contents remain relatively constant during fractional crystallization.
Al,0, MnO, Ca0, Na,0, K ,0 and P,0O content in magmas are sensitive to those abundances
in mantle and those abundances in mantle are less restricted. Because this approach is not
based on thermodynamical considerations (Ghiorso & Sack 1995), but entirely empirical, it
can not apply to very extraordinary composition and melting condition.

Melting experiments of four natural peridotites KLB-1, HK66, PHN1611, and MM 3
have been extensively performed using diamond aggregate method (Hirose & Kushiro 1993;
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Baker & Stolper 1994; Kushiro 1996). Those experiments showed SiO, content of meltsis
relatively independent of composition of peridotites and temperature of melting at moderate
degree of melting, but quite sensitive to melting pressure, because SIO, is a major constituent
element of al minerals. On the contrary, FeO* in melts strongly depends on FeO* content of
peridotites, together with pressure and temperature of melting. MgO content of melts is
almost proportional to degree of melting. Despite of the fact that four peridotites are different
each other in content major element such as SiO, and MgO, incompatible element, e.g. Na,0
and K,O and mineral abundances, ratios of SiO, to MgO and FeO to MgO content vary
insignificantly.

Some of most primitive IMORBs and modern MORB are plotted along melt
compositions formed by different pressures and degree of melting and from different starting
materialsin Fig 7. Both IMORBs and Modern MORBSs are distributed on the compositional
trends defined by the melts formed at 10 or 15 kb (Fig 7b). This evidence suggests that
average melting pressure of IMORBSs through melting column were 10 to 15 kb (Klein &
Langmuir, 1987), and is equivalent to that (10 kb) of modern MORB (Fujii & Bougault
1983).

Fig. 7b shows that each variation of FeO content of melt formed at 15 kb for KLB-1,
HK 66, and PHN1611, or 10 kb from MM3. Primitive IMORBSs are plotted over melts from
HK66 or PHN1611, whereas modern MORBs are distributed on melts from KLB-1. The
composition of primary melt of IMORBSs can not be estimated because olivine is extinct due
to metamorphism. If MgO content of primary melt of IMORBS has ca. 20 wt % in MgO,
IMORBS can be formed from KLB-1 (Takahashi et al. 1993). However, because the average
melting pressure should be high ca. 4.6 GPa, in the case, IMORBSs should have the garnet
signatures (Salters & Hart, 1989; McKenzie & O’Nions 1991; Bourdon et al., 1996; Salters,
1996; Hirschmann 1996; Hirschmann & Stolper, 1996). However, IMORBs do not show
garnet signature, such as heavy REE depletion, as shown later. Furthermore, if IMORBSs are
highly differentiated basalts from komatiites, abundance of compatible element such as Ni
should be lower (Fig. 6), because Ni is more removed from the melts during crystal
fractionation. The results suggest that IMORBs were derived from more FeO*-enriched
source mantle such as HK66 and PHN1611 rather than KLB-1 and MM 3.

The mantle of the Moon and the Mars have higher FeO content than the modern
mantle of the Earth (e.g. Hartman et al., 1986 or Bertka & Holloway, 1994a,b). However, the
result suggest that the source mantle of IMORBSs had at most 10 % in FeO. The differences
would be caused by core-formation, as discussed elsewhere.

[11-5.1.4. Potential mantle temperatur e of source mantle of IMORBs
The potentia temperature of the Archean mantle has been estimated by previous

workers since 1990 (e.g. Takahashi, 1990; Nisbet et al., 1993; Ohta et al. 1996). The former
two works estimated potential temperature of Archean mantle from only MgO content in
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peridotitic komatiites (Takahashi 1990, Nisbet et al. 1993). However, MgO content of a
primary melt strongly dependson the amount of olivine addition using olivine maximum
fractionation model because Fo content of olivine, generally speaking, is not available in
many Archean komatiites and basalts (Parman et al. 1997; Komiya et al. 1998). Moreover, the
difference of oxidation state of melting between the present and Archean would affect the
Mg” value (Arculus 1985). Ohta et al. (1996) estimated the potential mantle temperature by
the comparison of nine major elements in primary magma with those of experimental melts.
However, TiO,, Al,O,, FeO, Na,0, K,0, and P,O, contents are significant sensitive to those
contents in source mantle. Therefore, | here estimate the potential mantle temperature by the
abundance of FeO and SiO, in primitive magmas because they are relatively insensitive to the
extent of crystal fractionation and are strongly correlated to pressure and temperature of
melting.

Figure 7b shows composition of the primitive IMORBSs aong experimental melt from
PHN1611 on a SIO, versus FeO diagram. Primitive IMORBSs are plotted over the melt formed
at 1325, 1400, and 1425 °C, 15 kb. Each degree of melting is 18.4, 26.9, 35.9 %, respectively
according to experimental data (Kushiro 1996). Although a variation of compositions is
possibly caused by the influence of chemical alteration, it would reflect the small perturbation
of global trend (Klein & Langmuir 1989). Therefore, the potential mantle temperature is
obtained 1390 to 1550 °C of with Cp=1.2x10% kg, s/s=1.2x10-8 m*kg*K*, m/m=2.4x10"®
m’kg™ K™ and S=350 kg™ K™, which is for modern mantle (Iwamori et al., 1995). Iwamori et
al. (1995) also obtained 1320 °C of potential mantle temperature of modern MORBS for batch
melting.

[11-5.2. Origin of OIBs

Field occurrences show that 10IBs were derived off-ridge volcanism. However,
compositional variation of 10IBs s different from that of modern OIBs. Modern OIBs have
lower SO, and Al ,O, and higher FeO and TiO, than modern MORBSs. Moreover, plagioclase
fractionation plays significant role on liquid line of descent of modern MORBs whereas
clinopyroxene fractionation is significant in modern OIBs at moderate MgO content. Those
would result from high pressure of melting and crystal fractionation of OIBs. However,
compositional variation of 10IBs dominated by plagioclase fractionation. Compositional
variation of major and some trace elements in modern oceanic plateau is similar to that of
modern MORBs (Mahoney 1987; Allan et a. 1987), reflecting olivine and the following
plagioclase fractionation. 10IBs presumably originated from an oceanic plateau. Flat-REE
patterns of 101Bs, and higher Nb/Y and Nb/Zr ratios are also consistent to the chemical nature
of oceanic plateau (Mahoney 1987). An evidence of bimodal volcanism supports such alarge
igneous province (Komiyaet al. 1998).
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[11-5.3. Mantle heter ogeneitiesin the Early Archean

Mafic and ultramafic volcanic rocks in Archean range from severely LREE-depleted to
LREE-enriched in REE patterns (Sun & Nesbitt, 1978). LREE-enriched pattern is restricted to
Al-depleted komatiite, suggesting difference of melting condition such as high-pressure
garnet fractionation (Green 1975; Nesbitt et al. 1979; Ohtani, 1990). However, flat- or LREE-
depleted REE patterns are pervasively observed in mafic and ultramafic volcanic rocks.
Moreover, the correlation of REE patterns with major and trace elements content is described
in some rocks (Sun, 1984).

REE patterns of greenstones in Isua supracrustal belt have been reported by Sun and
Nesbitt (1978) and Gill et al. (1981). They are defined as Garbenschiefer samples, and the Isua
supracrustal amphibolite (Sun & Nesbitt 1978) or homogeneous amphibolites (Gill et al.,
1981), and are equivaent for IMORBSs and 10IBs, respectively. The analyses are consistent to
our results, and I0IBs form flat- or slightly LREE-enriched pattern. Although some show that
severely HREE-depleted pattern or slightly Eu-negative anomaly, it is possible that they were
caused by ateration (Ludden & Thompson, 1978; Sun & Neshitt, 1978). Garbenschiefer
samples have MREE-depl eted patterns with strong Eu-negative anomaly, possible suffering
post-magmatic alterations.

Because this work present that REE patterns of both IMORBs and 10IBs appear
smooth and do not have Eu-anomaly, it is regard that later metamorphism play a minor role
on abundances of rare earth elements. The distinct difference between REE pattern of
IMORBs and I0IBs indicates that mantle have been aready heterogeneous in the Early
Archean because both magmas were formed under shallow depth condition. Moreover, source
mantle of IMORBSs had been depleted relative to that of 10IBs. If IOIBs originated from
oceanic plateau volcanism, the source mantle should be lower mantle, analogous to modern
oceanic plateau (Kogiso et al. 1997; Kimura et al. 1994). This results implies that Archean
mantle have been geochemically separated into two layers similar to the modern mantle.
Magjor and trace element concentration indicate that mantle source of IMORBSs are more
enriched in Al,O,, and depleted in FeO*, TiO,, Y, Zr, and Nb compared with |OIBs. REE
pattern of IMORBs indicates the presence of depleted source mantle in the Archean,
supporting the Nd isotopic evidences (Bennett et al. 1993).

[11-5.4. Origin of mantle heter ogeneity

Mantle heterogeneities of the modern mantle has been caused by long term recycling
of the oceanic crust, sediments and residual peridotites through plate tectonics (Chase, 1981,
Hofmann & White, 1982, Weaver, 1991, Chauvel et al., 1992, Woodhead et al., 1993; Roy-
Barman & Allégre, 1995; Hirschmann & Stolper, 1996; Hauri, 1996; Kogiso et al., 1997).
What caused the Archean mantle heterogeneities? We have the three causes for mantle
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heterogeneity; inhomogeneous accretion of planetesimals, magma ocean and the following

core formation, magmatism through plate tectonics or plume tectonics, and recycling of
supracrustal rocks through plate tectonics.

A late veneer theory (Jagoutz et al. 1979; Kimura et al 1974), and heterogeneity in
platinum-group elements (PGEs) in the modern fertile |herzolites (e.g. Barnes et al. 1985),
non-chondritic PGEs ratios in komatiite, picrite, and basalts (Pattou et al. 1996) suggest the
inhomogeneous accretion of planetesimals. However, it is still ambiguous whether major
element chemistry is influenced by inhomogeneous accretion. Therefore, the discussion is
deferred.

It iswidely expected that magma ocean was accompanied with large-scale magmatism
and stirring of mantle (e.g. Safranov, 1978; Hayashi et al. 1979 Abe 1993). Therefore, magma
ocean is supposed to lead the mantle to chemical layering, but not to result in the laterally
heterogeneous mantle. The liquid lines of descent of IMORBs and 10IBs indicate
olivine+plagioclase fractionation rather than olivine+clinopyroxene fractionation, suggesting
the moderate degree of melting. Both IMORBs and 101Bs do not have any garnet-signature,
suggeting shallow-level melting. Even if fractionation of dense minerals such as garnet or
magnesio-wistite and Ca-perovskite (M g-perovskite) occurred during magma ocean, it did
not presumably cause the differences between IMORBs and OIBs.

Large-scale magma ocean resulted in garnet (majorite)- and M g-perovskite+magnesio-
wustite+Ca-perovskite-fractionation. Pyrope garnet involves more abundances of HREE and
Y relative to LREE and Zr, whereas majorite garnet do not fractionate Y to Zr (Kato et al.
1988a; Y urimoto & Ohtani 1992). However, Neither IMORBSs nor 10IBs has such a garnet-
signature as HREE-depletion (Fig. 5). The fractionation of lower mantle assemblage is highly
ambiguous because experimental data are insufficient yet, especially Ca-perovskite (Kato et al.
19884a) and magnesio-wiistite (Kato et al. 1988ab). The dependence of partition coefficient on
the oxygen fugacity is aso till ambiguous. Nevertheless, | here discuss Mg-perovskite
fractionation. Mg-perovskite prefer Zr relative to Ti, Y, and Nb. Although IMORBs have
higher Y/Zr ratio relative to Cl chondrite (Orgueil), Ti/Zr ratio of IMORBSs s similar to that
of chondrites. I0IBs have Y/Zr and Ti/Zr ratios similar to the chondrites. Therefore, Mg-
perovskite fractionation play insignificant role on the source mantle of IMORBs and |OIBs.
Fractionation of metallic core resulted in lower ratios of Nb/Zr, P/Zr, and Pb/Zr (Ohtani et al.
1997). Both IMORBSs and 10IBs are depleted in Nb, P, and Pb. In addition, Nb/Zr and P/Zr
ratios range within variations of modern MORBS, suggesting core formation had aready
almost completed in the Early Archean. Because Pb is partitioned into metallic core relative
to P (Ohtani et al. 1997), the element is supposed to be sensitive to fractionation of metals.
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Pb/Zr ratio in IMORBs and IOIBs is higher than the modern MORBs, which maybe

indicate the still overgrowth of metallic core after Archean. The further discussion will be
presented el sewhere.

If plate tectonics also led the Archean mantle to be heterogeneous, when has plate
tectonics operated? It is still controversial on the beginning of plate tectonics. During 1970s,
the Archean plate tectonics supported by only some geoscientists with an enterprising spirit
(Hart et al. 1970; Hoffman 1973; Condie 1972; Burke et al. 1976; Bickle 1978). However,
many believed that the tectonic regime until the late Proterozoic was typified by avertical
movement-dominated orogeny, called the ‘millipede model’ (Wynne-Edwards 1976), or
ensialic vertical tectonics (Kroner 1977, 1981; Piper 1982). During 1980s, geophysicists came
to support the plate tectonics in the Archean (Burke & Kidd, 1978; Nisbet and Fowler 1983;
Arndt 1983). After the second half of 1980s, geological evidences for plate tectonics and
accretion of oceanic crusts have been reported in some Archean terrains (de Wit et al. 1987ab,
1992: Kusky 1989, 1991; Friend et a, 1989; Hoffman 1991; Kimura et a. 1991, 1993;
Isozaki et al., 1991; Maruyama et al. 1991ab, 1994; Kusky and Winsky 1995; Calvert et al.
1995; Ohta et a. 1996; Komiyaet al. 1998). Therefore, the Archean plate tectonics seemingly
had the support of many geoscientists despite of insignificant minority opinion (Goodwin,
1991; 1996). However, recently some people presented the evidences against the plate
tectonics in the Archean (Davies 1992; Hamilton 1993, 1998ab). | believe the Early Archean

plate tectonics (Komiyaet al. 1998).
The recycling of supracrustal rocks through plate tectonics played an insignificant role

on the mantle heterogeneities yet, because |OIBs did not have signature of the recycling of
supracrustal rocks such as Nb- and Ti- positive anomalies. Moreover, involved by the
recycling of oceanic crust, |0IBs should be depleted in Pb, because Pb is removed compared
with by fluids at subduction (Kogiso et al. 1997). However, neither IMORBs nor 10IBs
indicate the depletion of Pb concentration. The flat-REE pattern and chondritic ratios of
incompatible trace elements support that source mantle of 10IBs remained primordial (Fig. 5,
8).

As aresult, magmatism at spreading center, and if plate tectonics had never operated
yet, plume magmatism possibly caused the mantle to be differentiated into MORBS source
and OIB source before the Early Archean. Mgjor and trace elements composition of IMORBSs
and 10IBs support the hypothesis, because the extraction of the magma from mantle resulted
in depletion of incompatible elements. IMORBs are depleted in incompatible elements
relative to 10IBs. However, residual mantle could not possibly produce basaltic melts because
of the lack of magmaphile elements. Therefore, the source mantle of IMORBSs presumably
involved minor amount of the residue of high-pressure materials with major amount of
primordial mantle because of high content in Al,O,, Y, and HREE. Active mantle convection
accompanied with plume magmatism probably caused the local differentiation of the mantle
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before the Early Archean (Ogawa 1988).

If mantle heterogeneities at present are caused by recycling of oceanic crust and
sediments, oceanic crust in the Early Archean is supposed to be involved in modern mantle
heterogeneities because isotope evolution requires long duration, severa bhillion years.
IMORBSs have higher Pb and Rb than Th and Sr, respectively compared to modern MORBs
(Fig. 9), suggesting that suppression of radiogenic lead such as HIMU source mantle.
Moreover, high geothermal gradient at subduction zone resulted in slab melting rather than
dehydration from slab (Grambling 1981; Martin 1986; Rapp et al. 1991; Rapp & Watson
1995; Maruyama 1997). This leads to reduction of the fractionation of Pbto U or Th and Sr to
Rb in subduction zone. The compositional change of subducted oceanic crust and thermal
change of subduction zone through the geological time should affect secular change of mantle
heterogeneities.
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[11-6 Conclusions

(1) Two types of greenstones defined by their field occurrences occurred in the Isua
supracrustal belt, IMORBs and 10IBs. |0IBs have lower Al,O, and higher FeO*, TiO,,
Y, Zr, and Nb than IMORBSs at any given MgO contents. IMORBs form LREE- and
MREE-depleted REE pattern, whereas |OIBs form flat-REE pattern. The differences of
field occurrence are correlated with those of the composition each other. The
compositional differences indicate the mantle heterogeneities in the Early Archean,
implying that the two component model is insufficient to investigate the evolution of
the mantle.

(2) IMORBSs have clearly higher Al,O, and lower CaO than the modern MORBSs at any
given MgO contents. IMORBs have lower TiO, and Na,0O than the modern MORBs.
They also have lower Zr, Y, and Nb at any give MgO content, and higher FeO* and
MnO and lower Ni at high MgO content (> 10 wt %) relative to the modern MORBSs.

(3) Major elements chemistry of IMORBSs indicates that the source mantle of IMORBSs had
ca 10 wt % in FeO. The higher content of FeO and Al, O, in the Early Archean mantle
suggests that the composition of upper mantle would change through the geologic time.

(4) The estimated potential mantle temperature of source mantle of IMORBs is about 1450
°C, which is much lower than previous works.

(5) The mantle heterogeneities before the Early Archean caused by active plume
magmatism, instead of magma ocean, the following core formation and recycling
oceanic crust.
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FIGURE CAPTIONS

Figure 1. Geologic map of the NE part of Isua supracrustal belt. The inset map is geotectonic
map of southern West Greenland, ssimplified after McGregor et a. (1991). Three
terranes, Akia (gray), Tasiusarsuaq (gray with horizontal bars), and Akulleq are shown.
Akulleq terrane is composed of Ikkattoq gneiss (dark gray with white bars), Amitsoq
gneiss (stippled), and supracrustal rocks (black). Post-collision Qdrqut granite (cross)
intrude mainly Akulleq terrane. The Isua supracrustal belt islocated in the northeastern
corner.

Figure 2. Distribution of sample locations. Symbols; solid circles are MORBs and open
circles are OIBs. Determination of tectonic setting of these basalts is discussed in the
text.

Figure 3. MgO variation diagrams of major elements for MORBs and OIBs in the Isua
supracrustal belt aong with modern MORB and OIB. Symbols; solid circles are
MORBs and open triangles are MORBs. Compositional differences between MORBSs
and OIBs are present in TiO,, FeO, CaO and P,0O.

Figure 4. MgO variation diagrams of trace elements for MORBs and OIBs in the Isua
supracrustal belt aong with modern MORB and OIB. Symbols, solid circles are
MORBSs and open triangles are MORBs. Compositional differences between MORBSs
and OlBs are present in Zr, Y and Nb.

Figure 5. Chondrite-normalized rare earth element (REE) abundances in MORBs and OIBs
in the Isua supracrustal belt. IOIBs, gray lines, are characterized by flat pattern, whereas
MORBSs, black lines, are depleted in light-REE. Values of chondrite are taken from
Anders & Ebihara (1982).

Figure 6. Ni-MgO plots of MORBs and OIBs in the Isua supracrustal belt along with
komatiites, and modern MORB and OIB. A gray arrow indicates compositional
variation of partial melts from a mantle peridotite with increasing degree of melting. A
black arrow indicates compositional variation of partial melts from a mantle peridotite
with increasing pressure. A broken arrow indicates compositional variation of residual
melts through olivine fractionation at low pressure. Basalts are different from komatiites
in Ni content at a given MgO content, especially high MgO content, because of
difference of degree of melting. Symbols are shown in inset.

Figure 7. (a) MgO variation diagrams of some major elements for MORBs in the Isua
supracrustal belt (solid circles) along with compositional variations of modern MORBs
(gray regions). Three arrows on scattered plots indicate compositional variation of
residual melts through crystal fractional fractionation of olivine, olivinetclinopyroxene
and olivine+clinopyroxenetplagioclase, respectively. Abbreviations are: ol = olivine;
cpx = clinopyroxene; pl = plagioclase. (b) Comparison of primitive natural basalts with
partial melts formed from mantle peridotite by diamond methods. (i) SIO,-MgO
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diagram. Symbols: solid circles and open circles are primitive |sua MORBs and most
primitive modern NMORBS, respectively. Thick arrows indicate compositional
variation of partial melts produced from four mantle peridotite at different pressure, 10
kb for light gray, 15 kb for gray, 20 kb for dirk gray and 25-30 kb for black arrow
respectively. This diagram indicates that both modern MORBs and |sua MORBSs were
formed at 10 to 15 kb. (ii) MgO-FeO diagram. Symbols: solid circles and open circles
are primitive Isua MORBs and most primitive modern NMORBS, respectively. Thick
arrows indicate compositional variation of partial melts produced at 15 kb from four
different mantle peridotite, HK66 for light gray, PHN1611 for gray, KLB-1 for dirk
gray and MM 3 for black arrow, respectively. This diagram indicates that FeO content of
mantle source of modern MORBSs is comparable to that of KLB-1, whereas that that of
mantle source of Isua MORBs was comparable to or higher than that of HK66 and
PHN1611. (iii) SIO,-FeO diagram. Symbols: solid circles and small open circles are
primitive Isua MORBs and partial melts from PHN1611, respectively. Thick arrows
indicate compositional variation of partial melts produced from PHN1611 at 10 to 15 kb
for gray, and at 20 to 30 kb for black arrow, respectively. This diagram indicates that
melting pressure and temperature of 1sua MORBs was around 15 kb and 1325-1425 °C.
Potential mantle temperature was calculated to be 1390 to 1550 °C using degree of
melting (Kushiro 1996) and thermodynamic parameters (Hirose 1998).

Figure 8. Zr variation diagrams of incompatible trace elements for MORBs and OIBs in the
Isua supracrustal belt along with modern MORB and OIB, Mare basalt and Highland
basalt in Moon, Eucrite, and Orgueil. Symbols are shown in inset.

Figure 9. Compositional variation of MORBs and OIBs in the Isua supracrustal belt along
with modern MORBs and OIBs in isotopic pair elements. (i) Pb-Th plots of Isua
MORBSs and Isua OIBs along with modern MORBs and OIBs. Symbols; solid circles
and open circles indicate Isua MORBs and Isua OIBs, respectively. Isua MORBs are
depleted in Pb and Th compared with Isua OIBs. |sua MORBs have high Pb/Th ratio
relative to modern MORB, possibly resulting in suppression of evolution of Pb isotope
in subducted oceanic crust. (ii) Sr-Rb plots of Isua MORBs and Isua OIBs along with
modern MORBs and OIBs. Symbols; solid circles and open circles indicate Isua
MORBs and Isua OIBs, respectively. Isua MORBs have low Sr/Rb ratio relative to
modern MORB, possibly resulting in promotion of evolution of Pb isotope in subducted
oceanic crust.
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Table 1 Major and trace element composition of Isua MORBs

sample K023 K026 KOB6* K297 K302 K307 K384 K385 Kb56lim* KB562CORE K566 K585 K587 K626 K646  KE8L K694 K730 K733 K736 K739 K743  PI-MANTLE (P'C'-(')-gl‘z"’) PILLOW3 P'CL(')-SI‘E’V
S0: 4725 4950 4463 4660 5275 4688 4920 4824 2873 5040 4695 4844 4872 4862 4743 4501 4901 4888 4677 4641 4501 4714 2682 5033 22.99 54.02
Tio: 023 034 025 027 036 027 030 029 0.26 0.26 022 0.26 026 0.24 028 0.24 024 0.28 026 027 025 0.24 034 032 0.34 031
ALO: 1605 1890 1832 1567 1803 1774 1981 1839 16.92 1770 1558 1727 1674 1720 1576 1600 1685 1804 1698  17.38 1734 1613 2005 17.64 16.83 17.49
FeOt 968 917 987 1118 873 984 911 9.81 8.92 803 1066 8.84 921 920 1121 9.61 8.65 9.16 957 958  10.09 9.37 10.05 9.81 1411 7.01
MnO 020 021 021 019 016 018 014 0.17 018 0.18 0.20 0.20 023 0.16 018 0.20 0.19 021 0.23 0.23 021 017 018 0.20 0.25 017
MgO 1469 828 1141 1577 836 1273 977 1244 10.75 911 1338 1175 1113 1201 1470 1565 1229 1165 1163 1138 1337 1501 9.66 8.47 12.93 595
ca0 712 987 1181 600 597 777 184 657 811 10.12 792 873 1098 7.81 556 7.56 917 881 1053 1027 907 6.92 7.92 934 8.08 11.26
NaO 057 147 106 053 242 074 087 076 0.82 103 1.06 104 1.49 229 141 136 1.02 0.79 088 143 087 0.64 224 234 112 136
K:0 014 026 015 003 007 010 013 0.06 017 0.20 004 0.02 013 0.07 0.04 0.06 012 015 018 018 013 0.04 0.09 013 0.12 0.17
PO 005 006 005 005 006 005 005 0.05 0.05 0.05 005 0.05 005 0.05 005 0.05 005 0.05 005 0.05 005 0.05 005 0.06 0.05 0.05
total 9597 9806 9777 9637 9690 9631 9722  96.78 94,92 9707 9606 9662 9894 9763 9662 9574 9759 9803  97.08 9717 9638 9573 9739 9863 96.81 98.69
Mg# 7300 6165 6730 7154 6307 6974 6565 6931 68.21 6689 6910 7031 6828 6994 7004 7436 7169 6938 6842  67.90 7024 7405 6313  60.60 62,01 57.26

Ni 37609 7420 24395 26109 8019 26400 8398 26657 24613 23334 35074 24648 20113 18531 26590 38873 27147 22056 22267 24210 36324 38636 11976 13055 15784 11690

Rb 575 78 102 - - 028 620 065 6.63 770 - - 125 009 - - 242 474 495 576 333 0.02 055 022 0.44 362

S 3584 6612 9248 669 7985 3633 3714 5179 48.96 6467 4563 5312 6298 10017 5451 4038 7086 4860 4509  6L06 5599  5L50 9441 8035 17.03 84.07

Y 834 1425 1069 1015 1098 1168 1199 1086 10.16 12.48 801 1187 1140 1542 879 1167 1167 1252 1184 1251 915 1026 1361 1231 8.78 10.93

zr 1413 2805 1603 1864 2192 1866 1911 1887 16.63 1726 1360 1714 1526 1340 1924 1265 1542 2015 1743 1783 1494 1521 2841 2492 2207 21.69

Nb 004 026 - - 012 - - - 0.00 011 - - - - - - - 0.05 016 - - - 017 0.06 - -

Ba 601 1804 436 583 2531 167 148 1527 15.14 1592 1045 1051 1547 1441 292 483 641 3031 280 2974 2006 4.87 2375 17.28 577 21.01

Pb 036 301 211 018 130 096 - - 245 2,06 216 1.49 125 362 248 094 175 3.10 2583 277 157 055 332 241 172 3.44

Th 011 013 045 088 072 067 065 092 056 072 0.89 0.89 041 048 - 052 0.09 053 071 018 067 072 044 0.70 0.42 128

La 0.406 0635 07% 0750 0898 1138 0625

Ce 1.168 1.708 2005 2245 2206 2912 2.042

Pr 0.202 0271 035% 0376 0393 0445 0341

Nd 1.060 1.350 1250 1524 1478 1676 1.762

sm 0392 0.467 0428 0458 0465 0520 0598

Eu 0.149 0.183 0179 0333 0191 0227 0261

Gd 0675 0.754 0271 0254 0243 0310 0.843

Tb 0.154 0.163 0180 0176 0189  0.188 0.170

Dy 1.293 1.346 1233 1235 1204 1366 1.265

Ho 0.332 0331 0324 0315 0327 0353 0.305

Er 1126 1.107 1037 1077 1106 1126 1.021

™ 0.190 0182 0179 0178 0190 0169 0.169

Yb 1311 1.242 1206 1167 1203 0901 1195

Lu 0.223 0.206 0220 0237 0229 0.168 0.197

Total iron as FeO



Table 2 Mgjor and trace element composition of Isua MORBs, IPL series

sample IPL122MT IPLO18-2C2 IPLO12MN IPLO12MT [PLO12B IPLO16WR IPLO18-2C3 |IPL122R IPLO12R [PLO18-2C1 [IPLO120P IPLO21WR [PLO12C1 [IPLO18-2M [IPL122C IPL18-2C3-2

SO: 40.0 47.1 45.3 435 45.8 43.6 38.2 42.1 48.7 38.6 41.1 41.1 49.1 44.9 45.7

TiO: 0.39 0.31 0.32 0.29 0.28 0.32 0.33 0.32 0.29 0.32 0.31 0.31 0.31 0.30 0.34

Al:0s 21.2 14.5 15.6 16.3 11.5 15.8 15.5 14.4 12.5 12.9 13.8 14.6 17.4 17.6 17.4

FeOt 10.2 9.9 9.8 11.5 12.0 9.6 13.0 11.7 9.1 13.1 12.1 10.5 8.2 11.6 10.6

MnO 0.16 0.21 0.19 0.19 0.26 0.19 0.26 0.22 0.20 0.28 0.24 0.20 0.19 0.20 0.19

MgO 10.3 9.3 8.9 11.2 10.6 8.9 12.4 11.1 7.9 12.3 11.0 12.1 7.1 12.1 10.4

Cao 7.82 7.40 7.46 6.03 8.49 8.42 8.19 7.85 7.93 8.57 8.09 6.98 10.80 5.87 7.51

NaO 2.56 1.76 2.17 1.32 0.83 2.76 1.36 1.25 1.73 0.78 1.16 1.88 2.23 1.42 1.88

K0 0.06 0.08 0.08 0.05 0.14 0.11 0.09 0.09 0.10 0.10 0.11 0.46 0.12 0.04 0.08

P:Os 0.05 0.05 0.05 0.03 0.03 0.04 0.03 0.04 0.05 0.04 0.04 0.04 0.05 0.05 0.05

total 92.7 90.5 89.9 90.4 89.8 89.8 89.2 89.2 88.5 87.0 88.1 88.3 95.6 94.2 94.2

Mg#
Ni

Rb
Sr
Y
Zr

Nb

Ba

Pb

Th

La 2.633 0.742 1.533 1.540 0.708 1.017 1.423 1.715 1.777 1.168 0.590 1.414 1.779 0.592 0.724 0.826
Ce 7.531 1.998 3.972 4.005 1.993 3.008 3.772 4.186 4.334 3.062 1.983 3.852 4.333 1.897 1.959 2.666
Pr 0.913 0.345 0.511 0.514 0.290 0.458 0.535 0.578 0.550 0.426 0.358 0.476 0.563 0.291 0.269 0.421
Nd 3.593 1.557 2.108 2.137 1.252 2.020 2.220 2.354 2.248 1.785 1.699 1.937 2.318 1.324 1.135 1.949
Sm 1.100 0.469 0.663 0.666 0.405 0.653 0.688 0.713 0.776 0.567 0.521 0.651 0.692 0.454 0.355 0.662
Eu 0.352 0.203 0.222 0.222 0.138 0.270 0.216 0.286 0.338 0.209 0.226 0.246 0.318 0.170 0.136 0.249
Gd 1.161 0.450 0.724 0.735 0.437 0.676 0.730 0.773 0.881 0.616 0.496 0.709 0.784 0.456 0.371 0.651
Tb 0.328 0.120 0.198 0.197 0.118 0.191 0.203 0.217 0.254 0.176 0.131 0.203 0.215 0.129 0.104 0.190
Dy 2.490 0.897 1.493 1.500 0.898 1.449 1.525 1.659 1.915 1.355 0.998 1.532 1.650 0.955 0.785 1.393
Ho 0.590 0.228 0.364 0.364 0.223 0.352 0.368 0.402 0.449 0.329 0.252 0.358 0.403 0.225 0.190 0.330
Er 1.897 0.790 1.171 1.188 0.740 1.139 1.187 1.311 1.375 1.069 0.889 1.101 1.328 0.709 0.621 1.045
Tm 0.295 0.135 0.189 0.189 0.122 0.181 0.188 0.209 0.202 0.169 0.156 0.161 0.215 0.110 0.100 0.160
Yb 2.016 0.972 1.304 1.312 0.875 1.243 1.297 1.454 1.288 1.162 1.164 1.043 1.503 0.746 0.691 1.071
Lu 0.313 0.168 0.213 0.215 0.146 0.206 0.209 0.242 0.206 0.192 0.203 0.165 0.258 0.117 0.116 0.172

Total iron as FeO



Table 3 Magjor and trace element composition of atered Isua MORBs

sample K020 K024 KO024MISS K025 K066 K247 K263 K314CORE K320 K329 K330 K331 K403 K410 K466 K469 K561rim* K563  K567RIN K568CORE K583 K588 K623 K656 K658 K670 K689 K689 K703 K709 K731

SIC. 503 471 47.4 522 446 522 493 56.7 499 524 509 497 439 428 458 362 48.7 46.1 47.6 49.2 432 472 468 487 486 480 494 494 442 469 467
TiO: 0.3 0.2 0.2 0.7 0.3 0.7 0.7 0.9 0.7 0.7 0.9 1.0 15 0.8 11 0.4 03 04 0.3 03 0.3 0.3 0.2 0.8 05 04 10 10 0.8 0.2 0.2
AlO. 187 16.0 16.0 141 183 151 156 144 7.2 147 100 100 156 147 152 184 16.9 225 20.5 20.9 182 171 156 118 48 188 113 113 78 130 165
FeOt 89 9.9 10.0 9.4 9.9 106 114 105 121 111 117 141 154 134 138 203 89 137 9.0 88 101 107 93 111 125 114 158 158 330 102 84
MnO 0.2 0.2 0.2 0.2 0.2 0.2 0.2 0.2 0.2 0.2 0.2 0.2 0.2 0.2 0.2 0.2 0.2 0.1 0.2 0.1 0.2 0.2 0.2 0.2 0.3 0.2 0.3 0.3 0.4 0.2 0.2
MgO 73 142 14.2 9.7 114 6.0 7.0 46 136 71 90 118 6.9 87 79 9.4 107 4.1 7.7 7.6 143 142 150 95 199 95 6.8 6.8 75 176 122
Ca0 106 71 71 89 118 106 110 48 106 71 107 78 9.2 81 5.4 4.1 8.1 0.7 9.1 71 72 43 69 123 73 79 110 110 56 6.6 8.8
NaO 13 05 0.5 25 11 19 20 47 0.7 45 22 2.8 0.6 22 21 22 0.8 1.9 2.0 21 1.6 10 15 18 0.4 14 2.8 2.8 0.6 0.6 2.0
K20 0.6 0.1 0.1 0.3 0.2 05 0.4 0.1 0.1 0.1 05 0.1 0.0 0.1 0.9 0.1 02 73 0.9 13 0.1 0.2 0.0 0.3 0.6 0.1 0.3 0.3 0.8 0.0 0.1
P.Os 0.1 0.1 0.0 0.1 0.0 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.0 0.0 0.1 0.1 0.0 0.0 0.0 0.1 0.1 0.1 0.1 0.1 0.1 0.0 0.1
total 981 953 95.7 981 978 978 976 97.0 952 980 962 976 936 910 925 914 94.9 96.8 97.2 97.4 951 951 956 964 950 977 986 986 1009 954 952
Mg# 593 718 717 646 673 504 520 439 66.7 533 579 600 445 538 505 454 68.2 34.9 60.2 60.6 717 703 741 605 739 597 433 433 289 753 722
Ni 128 371 371 220 244 98 108 56 186 38 76 88 113 111 134 116 246 70 88 82 407 241 33 153 983 73 82 82 65 345 288
Rb 264 31 31 11.2 10 119 68 29 11 16 112 14 0.2 38 441 22 6.6 192.6 35.2 52.7 - 85 - 45 205 04 14 14 239 0.1 -
Sr 67 38 38 194 92 101 92 147 11 82 108 30 113 53 195 70 49 35 70 76 70 48 65 154 43 74 83 83 9 11 92
Y 12 9 9 13 11 17 20 12 16 15 14 19 30 16 20 5 10 6 10 11 11 11 9 16 10 13 18 18 15 13 12
Zr 23 16 16 84 16 54 61 119 38 45 53 66 88 47 58 22 17 28 28 27 15 14 13 51 59 24 66 66 55 12 15
Nb - - - 22 - 14 11 25 0.7 0.7 16 16 29 13 17 0.7 - 05 0.2 - - - - 14 18 0.2 17 17 11 - -
Ba 18 5 5 136 4 26 16 6 10 17 51 13 - 14 228 46 15 12722 45 70 22 38 9 27 129 12 6 6 260 4 3
Pb 27 15 15 71 21 9.8 81 72 12 35 6.4 1.0 13 47 6.6 364 25 5.0 45 49 35 - 24 5.9 11 26 4.7 47 12 0.3 0.7
Th 0.9 - - 21 05 16 15 35 0.7 0.7 04 1.0 0.6 11 0.2 0.9 0.6 0.9 05 0.8 0.7 0.2 - 14 0.8 1.0 0.9 0.9 0.3 0.2 0.8
La 0.406 0.635

Ce 1.168 1.708

Pr 0.202 0.271

Nd 1.060 1.350

Sm 0.392 0.467

Eu 0.149 0.183

Gd 0.675 0.754

Tb 0.154 0.163

Dy 1.293 1.346

Ho 0.332 0.331

Er 1.126 1.107

Tm 0.190 0.182

Yb 1311 1.242

Lu 0.223 0.206

Total iron as FeO



Table 3 (Continued)

sample PICOREMANT PILLOW PILLOWACORE PILLOWCORE2 PILLOWCORE4

SIO. 52.1 52.0 476 439 56.5
TiO: 03 0.3 11 0.3 16
Al:0s 16.3 17.1 143 16.2 145
FeOt 95 9.1 189 14.3 14.0
MnO 0.2 0.2 0.2 0.2 0.2
MgO 83 76 6.9 13.2 29
Ca0 87 95 6.9 7.0 43
NaO 20 20 14 0.7 35
K0 0.1 0.1 0.3 0.1 13
P:Os 0.1 0.1 0.1 0.0 0.2
total 97.6 98.0 97.6 96.0 99.0
Mg# 61.0 60.0 394 62.1 272
Ni 110 119 81 139 16
Rb 04 10 26 04 485
S 70 78 26 13 67
Y 12 11 17 10 21
Zr 24 22 61 23 243
Nb - - 19 - 53
Ba 17 20 26 9 104
Pb 22 21 14 15 30
Th 0.7 0.4 0.1 0.7 24
La
Ce
Pr
Nd
Sm
Eu
Gd
Tb
Dy
Ho
Er
™™
Yb
Lu

Total iron as FeO



Table 4 Major and trace element composition of Isua OIBs

samples K001 K004 K048 P0O65 K076 K155 K166 K179 K181 K285 K345 K409 K421 K425 K428 K430 K457 K458 K461 K464 K470 K508 K579 K636 K672
SiO: 487 495 499 491 486 477 477 462 488 520 488 457 490 470 482 473 491 483 470 478 558 496 470 480 490
TiO: 0.8 0.9 1.0 1.0 14 05 0.3 25 1.0 0.9 12 24 1.0 0.8 0.9 0.9 1.0 12 0.6 1.0 0.6 12 1.0 0.9 11
Al:Os 152 157 142 152 145 170 160 125 136 131 147 134 139 130 145 144 140 144 166 151 137 141 141 142 155
FeOt 114 116 144 126 135 106 127 187 146 125 134 189 147 210 136 136 145 150 113 124 75 169 163 140 119
MnO 0.2 0.2 0.3 0.2 0.2 0.2 0.2 03 0.2 0.2 0.2 0.2 0.3 05 0.2 0.2 0.2 0.2 0.2 0.2 0.1 0.2 03 0.3 0.2
MgO 82 7.8 7.0 78 68 101 121 50 6.3 9.9 7.0 5.8 6.9 71 74 73 6.9 6.4 8.8 82 4.2 6.4 6.6 73 77
Ca0 113 116 101 110 109 96 7.0 96 108 72 108 94 79 44 102 107 98 9.8 91 101 6.2 9.3 98 112 108
NaO 16 13 16 18 19 17 16 18 17 23 16 0.8 32 05 21 21 18 22 20 24 3.6 14 15 15 24
K0 03 0.2 0.3 0.2 03 0.1 0.2 0.6 0.2 0.1 0.2 0.5 0.1 0.2 0.2 0.2 0.2 0.1 0.0 35 0.2 03 0.7 0.2
P:Os 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.2 0.1 0.1 0.1 0.2 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.4 0.1 0.1 0.1 0.1
total 976 989 989 991 983 976 978 973 973 982 980 974 971 943 974 968 975 978 959 973 956 994 971 983 99.0
Mg# 56.1 544 464 524 473 628 629 324 436 586 481 352 456 376 492 489 459 431 582 539 503 404 421 483 534
Ni 115 115 61 109 85 127 192 37 47 153 68 a7 68 87 119 88 64 68 109 125 a7 60 64 84 120
Rb 24 0.8 21 6.4 32 16 1 31 11 29 18 - - 23 0.9 25 25 1.0 - 18 - 19 105 09
Sr 72 82 109 76 72 50 41 46 58 75 57 124 45 25 69 164 60 65 71 153 124 44 35 53 105
Y 18 18 20 19 25 17 95 36 20 22 24 34 20 10 18 18 19 23 18 19 34 24 21 18 25
Zr 55 54 54 56 81 40 16 143 61 70 74 128 60 41 59 55 61 7 51 53 128 76 62 52 74
Nb 13 16 17 13 26 0.7 48 16 14 2.0 4.4 16 11 18 15 17 26 11 14 4.4 23 16 15 22
Ba 35 22 51 27 26 13 12 71 9.1 - 14 53 23 4 54 44 40 28 37 52 53 13 23 32 29
Pb 3.0 18 4.9 31 29 124 171 32 32 19 43 17 0.6 0.7 72 13 2.0 0.8 11 7.8 17 38 19 a7 14
Th 14 0.9 0.7 03 0.7 0.7 0.4 23 0.8 10 13 24 0.9 0.2 0.8 0.2 0.8 0.8 13 0.6 24 0.8 03 0.9 0.6
La 2.82 417 258
Ce 7.56 107 782
Pr 1.07 136 128
Nd 4.16 535 583
Sm 1.16 143 184
Eu 0.47 057 0.76
Gd 0.81 101 120
Tb 0.39 043 053
Dy 2.27 253 298
Ho 0.53 057 064
Er 157 171 1.9
m 0.23 025 027
Yb 143 154 167
Lu 0.23 026 0.27




Table 5 Major and trace element composition of altered Isua OIBs

samples K047 K070 K158 K173 K176 K178 K189 K265 K378 K420 K422-1B K431 K442 K447 K452 K454 K467 K506 K514 K584 K634 K680 K689 K693 K695 K699
SiO: 485 488 483 568 591 492 491 469 440 589 45.9 470 476 480 486 472 656 550 584 481 540 444 494 530 492 539
TiO: 11 0.9 0.4 0.8 0.8 1.0 10 19 0.2 04 0.7 10 1.0 0.6 0.9 12 0.4 1.0 0.2 0.6 0.3 11 10 0.4 1.0 0.6
Al:Os 153 149 185 174 173 151 145 123 169 162 121 140 155 145 143 150 92 143 28 63 193 143 113 182 152 132
FeOt 128 122 107 10.6 8.0 8.9 132 232 107 103 29.3 13.8 12.0 118 135 125 193 125 8.2 11.9 6.4 190 158 8.0 12.6 9.5
MnO 0.2 0.2 0.2 0.1 0.1 0.2 0.2 0.1 0.3 0.1 0.4 0.2 0.2 0.2 0.2 0.2 05 0.2 03 0.2 0.1 0.2 03 0.2 0.2 0.2
MgO 7.4 7.7 9.3 16 3.0 11.2 7.6 35 12.2 21 7.2 7.7 7.9 7.9 71 71 11 4.7 4.9 18.6 6.1 6.7 6.8 5.6 7.7 8.1
Ca0 112 117 81 53 5.0 89 9.7 46 106 31 14 5.0 33 107 108 110 09 76 104 102 68 100 110 115 111 84
NaO 12 11 1.0 25 33 2.6 10 1.0 0.8 5.8 0.0 17 16 21 18 24 0.0 2.6 0.0 0.3 20 25 28 13 14 25
K0 03 0.1 0.7 30 20 12 23 0.9 11 0.6 0.0 39 11 01 0.3 0.2 14 0.4 13 0.0 24 0.2 03 0.2 0.2 038
P:0s 0.1 0.1 0.1 0.2 0.2 0.3 0.1 0.2 0.0 0.3 04 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.0 0.1 0.1 0.1 0.1 0.1
total 981 978 974 982 988 986 986 947 968 97.8 97.2 94.3 90.3 9.0 977 968 985 985 867 964 973 987 986 983 987 974
Mg# 508 529 607 208 402 693 505 214 671 261 305 499 540 545 484 505 92 403 518 734 626 384 433 553 523 603
Ni 109 97 82 36 38 65 82 26 363 1 25 94 114 92 71 110 17 52 343 793 231 97 82 59 104 9%
Rb 17 0.1 56 331 116 6.2 96 47 37 49 - 200 49 0.5 31 14 84 11.0 510 0.7 104 0.6 14 38 33 36
Sr 174 68 48 177 328 84 126 44 43 84 3 133 79 131 139 96 - 192 10 6 114 177 83 96 78 274
Y 20 20 15 19 21 23 19 31 8 22 18 11 16 14 18 23 19 19 5 13 5 23 18 14 18 14
Zr 69 56 21 204 196 73 57 118 15 194 90 54 52 34 54 73 99 119 25 79 20 68 66 24 56 88
Nb 16 13 - 5.8 53 22 19 37 - 4.7 23 16 13 0.7 15 23 3.0 34 0.5 18 0.0 19 17 0.2 16 26
Ba 35 13 23 182 249 36 101 199 35 258 - 2233 76866 2123 355 290 693 101 9 0 368 67 6 25 21 250
Pb 8.9 20 13 21 13 85 8.8 35 1.0 57 11 4.1 28 54 22 11 26 26 34 - 20 5.0 4.7 20 31 9.2
Th 11 1.0 0.2 6.1 5.0 11 01 17 04 102 71 038 17 05 0.6 11 32 2.8 0.6 21 11 0.2 09 0.7 0.9 27
La
Ce
P{
Nd
Sm
Eu
Gd
Tb
Dy
Ho
Er
m
Yb
Lu

Total iron as FeO



Table 6 Mgor and trace element composition of ultramafic rocks

samples K163 K164 K294 K296 K325 K327 K390 K673 K674 K749-1 K749-2 K751

SO, 436 451 324 357 442 432 389 545 489 554 472 599
TiO: o4 04 OO0 00 03 02 02 06 08 0.2 0.9 0.5
AOs 42 46 22 27 143 114 10 141 122 6.4 13.7 165
FeOt 115 115 90 86 93 101 203 95 127 134 15.6 6.6
MnO 02 02 02 01 02 02 02 01 02 04 0.3 0.1
MgO 299 307 347 365 119 223 351 100 96 9.4 6.7 2.5
CaO 34 31 02 01 53 66 06 51 104 9.7 10.3 4.4
NaO 01 01 - 00 36 03 00 36 08 2.6 14 15
K20 00 00 - - 19 00 - 05 22 0.1 0.4 4.3
P:0s i1 01 00 OO O1 01 00 O1 O1 0.1 0.1 0.2

total 933 958 787 839 909 945 964 982 978 977 96.6 96.5
Mg# 823 827 873 883 695 797 754 652 574 555 434 403

Ni 1539 1590 1686 1959 199 720 2821 123 216 70 68 57
Rb 43 37 - - 116 4 - 239 103 37 27 97
Sr 72 78 25 22 86 78 21 130 176 39 191 131
Y 44 46 36 43 15 16 12 83 62 73 55 196
Zr 0.7 07 - - - 0.1 - 22 16 14 1.7 5.1
Nb - - - - 407 20 - 221 163 27 20 194
Ba 23 25 - - 91 02 11 84 67 4.5 04 14
Pb - - - - 88 - - 19 50 - 3.3 130

Th o4 07 03 03 07 03 02 26 17 2.3 0.2 6.5

Total iron as FeO



Table 7 Mg or and trace element composition of sedimentary rocks

samples K229A K229B K233 K386 K387 KOMI

SO 46.0 442 498 46.7 47.0 54.0
TiO: 0.3 0.4 04 02 04 10
AlOs  18.2 209 21.0 16.0 19.6 13.8
FeOt 9.1 139 11.2 95 109 123
MnO 0.2 0.1 0.2 0.2 02 0.2
MgO 11.0 4.4 38 159 96 45
Cao 11.1 1.4 28 58 7.8 64
NaO 0.9 2.2 14 05 19 41
K0 0.3 7.2 61 00 00 0.9
P2Os 0.0 0.0 00 00 01 01

total 97.1 947 96.6 948 974 97.3
Mg#

Ni 232 65 78 369 71 52
Rb 12 196 178 - - 32
Sr 58 39 63 19 50 168
Y 10 7 10 10 12 20
Zr 18 25 32 15 26 125
Nb - 0.7 0.8 - 0.2 34
Ba 20 10721 9424 2 10 729
Pb 2.2 55 64 0.1 - 5.6

Th 0.0 1.0 0.9 0.7 0.7 2.9
Total iron as FeO
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V-1 Introduction

Archean orogenic belts are subdivided in to two groups; high grade gneiss terrain and
granite-greenstone belt. The former includes the Akulleq terrane with the Isua supracrustal
belt, southern West Greenland and Acasta gneiss, Slave Province, Canada. The latter includes
North Pole area and Cleaverville area, Pilbara Craton, Barberton Greenstone Belt in South
Africa, Belingwe Greenstone Belt in Zimbabwe and Abitibi Greenstone Belt. in Canada.
Although the latter is, generally speaking, characterized by low grade metamorphism, some
rocks are metamorphosed to amphibolite facies. North Pole area is a unique greenstone belt
because the area is one of the oldest greenstone belts but is least metamorphosed. Therefore,
not only primary magmatic structure but also primary magmatic minerals are well preserved,
which allows us to study the detailed investigation of magmatic process in the Archean.
Moreover, the insignificant metamorphism and very wide-spread outcrops lead to many
detailed interdisciplinary works (e.g. Schopf 1994)

North Pole areais an Archean accretionary complex, which is characterized by duplex
structure and oceanic plate stratigraphy. The geological evidences allow us to determine the
tectonic setting of greenstones in North Pole area. The field occurrences of greenstones and
the surrounding rocks indicate that two types of greenstone occur in this area; one originated
from mid-ocean magmatism and another was derived from oceanic island magmatism. This
work presents the brief geological review for the North Pole area as an accretionary complex,
and geochemistry of two types of greenstones. This study indicates that mantle had been
already heterogeneous, that the Middle Archean mantle was enriched in FeO content, and the
potential temperature of the Middle Archean mantle was about 100 °C higher than that of the
modern mantle.

V-2 Geological outline

IVV-2.1 Geology of the Pilbara craton

The Pilbara craton occurs in the northern part of Western Australia (Fig. 1). It is
exposed over an area of 183,000 km? and has two different tectonic components. Oneis a
granite-greenstone belt, and forms between 3.6 to 2.8 Ga. The other is volcano-sedimentary
succession, Mount Bruce Supergroup, which unconformably overlies granite-greenstone belt.
The granite-greenstone is exposed over the northern third of the craton, 60,000 km? between
Karratha and Nullagine. The volcano-sedimentary succession of the Hamersley Basin is
preserved over the southern two-thirds of the craton. Pilbara craton is bordered tectonically on
the south by the 1.9 Ga Capricorn Orogen and Paterson Orogen and on the east by the
Paterson Orogen, whereas on the both the north and west are hidden beneath Phanerozoic
cover deposits of the Canning and Carnarvon Basins.
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IV-2.1.1 Pilbara Super group
All the Archean greenstones of the Pilbara were grouped by Hickman (1983) as the
Pilbara Supergroup. It is subdivided into three groups. Warrawoona, Gorge Creek, and Whim
Creek Groups in ascending order of stratigraphy (Hickman, 1983). Basement of the Pilbara
Supergroup had been unknown. However, the new unit, the Coonterunah succession which
unconformably underlies middle part of Warrawoona Group was discovered nearby the
Strelley Pool Chert (Buick et al., 1995). This succession, at least 5.5 km thick, is dominated
by a bimodal suite of volcanic rocks with compositional units ~1 km thick. The mafic units
consist of sparsely amygdaloidal tholeiitic pillowed and massive basalt with minor magnesian
basalt, komatiitic basalt (>11% MgO), and coarse-grained volcaniclastic rocks. The felsic
units contain massive, highly amygdaloidal dacite with subordinate dacite porphyry and
hyaloclastic rhyolite. This unconformity cuts the Coonterunah succession and granitoids of
the Carlindi batholith, which intruded into the Coonterunah succession. The age of the
succession is 3515.12 + 2.7 Ma, determined by zircon U-Pb geochronology (Buick et al.,
1995). These zircons were obtained from rhyolites in middle part of the Coonterunah
succession.

Warrawoona Group

The Warrawoona Group is the lowermost part of Pilbara Supergroup. It is composed of
mainly mafic rocks, minor felsic volcanics, bedded chert, and volcano-derived epiclastic
sediments. The total thickness of Warrawoona Group is about 15 km. These rocks were
metamorphosed under greenschist facies condition. Lipple (1975) had divided the
Warrawoona Group into the following two subgroups: Talga Talga Subgroup and Salgash
Subgroups. The Duffer Formation separated these subgroups. The Talga Talga Subgroup is
composed of the North Star Basalt, the McPhee Formation, and the Mount Ada Basalt in
upward sequence (Hickman, 1983). The Salgash Subgroup comprises Towers Formation,
Apex Basdlt, Panorama Formation, and Euro Basalt in ascending order. The Wyman
Formation had been considered that belonged to an uppermost part of the Warrawoona Group
(Hickman, 1983) However, Hickman (1990) interpreted that the Wyman Formation did not
belong to the Salgash Subgroup because it localy unconformably overlay the Salgash
Subgroup. Furthermore, Barley (1993) divided the Warrawoona M egasequence (previously
the Warrawoona Group) into three subgsequences. Talga Talga, Duffer, and Salgash
subsequences. Duffer subsequence consists of the Duffer Formation and the Panorama
Formation. A study of the cherts and vol canic sediments shows that they were deposited in
shallow, subaquerious environments (e.g. Barley et a., 1979; Dunlop and Buick, 1981; Lowe,
1983; Buick and Dunlop, 1990; Nijman et al., 1998).

Gorge Creek Group
The Gorge Creek Group, which unconformably rest on the Warrawoona Group, is
composed of psammitic and pelitic rocks, ferruginous metasediments, tholeiitic pillowed
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basalt, banded iron formation, ferruginous chert, shale, and acidic tuff. This group is
divided into the following six formations: the Corboy Formation, Charteris Basdlt,
Cleaverville Formation, Honeyeater Basalt, Lalla Rookh Sandstone, and Mosquito Creek
Formation. This Group has atotal thickness up to 15 km. Chemical sedimentary rocks and
fine-grained clastic rocks are largely restricted to the lower part of the succession. I sotopic
evidence from unit immediately underlying and overlying the Gorge Creek Group indicates
an age range of 3.3 — 3.0 Ga. The Upper part of this group, the Lalla Rookh Sandstone and
Mosguite Creek Formation, is characterized by rift-related trough deposition or fault-bounded
basin (Eriksson, 1981; Krapez, 1984). These upper sedimentary sequences, the Lalla Rookh
Sandstone and Mosquite Creek Formation, are caled the DeGrey Group and there
unconformably overlie on the Honeyeater Basalt.

Whim Creek Group

The 3.0 GaWhim Creek Group is composed of the Warambie Basalt, Mons Cupri
Volcanics, and Rushall Slate. It unconformably overlies the Warrawoona Group and the
Mosquito Creek Formation. It is overlain unconformably by the Mount Roe Basalt (about
2775 Ma) in the lowermost part of the Fortescue Group. Barley and others (1984) interpreted
the Whim Creek Group contains a partly subaerial sequence of calc-alkaline volcanics and
associated epiclastic sediments which show shallow-water and deep-water facies. The
depositional environment of the Whim Creek Groups is terrestrial to marine environments
within arapidly subsiding ensialic graben or pull-apart basin (Barley, 1987).

1V-2.1.2 Mount Bruce Super Group

Mount Bruce Super Group occurs over the northern third of the Craton, and is also
exposed in several inliers further south (e.g. Wyloo, Rocklea and Milli Milli Domes, and the
Sylvanialnlier) (Fig. 1). The latter is exposed in the southern two-thirds of the craton, form
outliers on the granite-greenstone terrain to the north (e.g. in Marble Bar area), and has three
stratigraphic components; Fortescue Group, Hamersley Group and Turee Creek Group in
chronological order (Thorne, 1990: Hickman et al., 1990).

Fortescue Group

The Fortescue Group has maximum thickness of 6.5 km and forms about 40 percent of
the outcrop area of the Hamersley Basin. The succession consists mainly of mafic volcanics,
vol caniclastic rocks, sedimentary rocks, and (platform) carbonate. Mafic and acidic intrusive
igneous rocks are also in an important component locally. The Group is subdivided into six
stratigraphic units; Mount Roe Basalt, Hardy Formation, Kylena Basalt, Tumbiana Formation,
Maddina Basalt and Jeerinah Formation in ascending order. Detailed descriptions about those
formations have been reviewed by Thorne (1990). U-Pb zircon chronological studies show
that the Group were formed between ca. 2775+10 and 2684+6 Ma, felsic lava or tuff units
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occurring close to the base of the Group and felsic volcaniclastic units in the upper part of
the Jeerinah Formation, respectively (Thorne, 1990).

Hamerdey Group

The Hamersley Group conformably overlies the Fortescue Group and occupied most
of the remaining 60 percent of the Hamersley Basin. It has a maximum thickness of about 2.5
km and consists mainly of banded iron formation (BIF), shale, carbonate and tuff, interlayered
with mafic and felsic intrusive igneous rocks. The Hamerdey Group consists of eight
stratigraphic units; Marra Manba Iron Formation, Wittenoom Dolomite, Mt. Sylvia Formation,
Mt. McRae Shale, Brockman Iron Formation, Weeli Wolli Formation, Woongarra V olcanics
and Boolgeeda Iron Formation in ascending order. Moreover, Brockman Iron Formation is
subdivided into Dales Gorge Member, Whaleback Shale Member, Joffre Member, and
Y andicoogina Shale Member in order of age. The Group is characterized by abundance of
banded iron-formation (BIF), but intrusive and extrusive igneous rocks (both mafic and acidic
rocks) also occur pervasively, over 40 percent of the Group. The geochronology of Hamersley
Group had been poor-understood, and few U-Pb zircon ages were reported; 2490+20 Ma from
the Dales Gorge Member, and 2470+30 Ma from Woongarra Volcanics (Compston et al.
1986). Recently SHRIMP ages, however, gave the tight constraint of the depositional and
eruption ages; a tuff band in the Dales Gorge Member at 2,470+4 Ma, felsic tuffaceous
sandstone in the Weeli Wolli Formation at 2449+3 Ma, and rhyolite sheet in the Woongarra
Rhyolite at 2449+3 Ma (Barley et a. 1997).

Turee Creek Group

The Turee Creek Group conformably overlies the Hamersley Group, and consists
largely of argillite and sandstone, intercalated with minor carbonate and conglomerate. It
occurs in scattered localities in the southern Hamersley Basin and has a maximum thickness
of nearly 5-km. There are no geochronologica data from this Group.

Wyloo Group

The Wyloo Group, which is an arcuate belt of Proterozoic sedimentary,
unconformably covers the Hamersley Group and volcanic rocks which forms the northern
margin of the Capricorn Orogen. The Wyloo Group consists of seven stratigraphic units;
Beasley River Quartzite, Cheela Springs Basalt, Wooly Dolomite, Mount McGrath Formation,
Duck Creek Dolomite, June Hill Volcanics, and Ashburton Formation in ascending order
(Thorne and Seymour, 1991). The age of the Wyloo Group is poorly known but it is thought
that the Group has a probable age of approximately 2000 Ma (Gee, 1980).

IV-2.2 Geology of the North Pole area
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IV-2.2.1 Previous Works

The North Pole area of the East Pilbara greenstone belt is about 160 km south of Port
Headland and 50 km west of Marble Bar. The areais formed atypical granite-greenstone belt,
which belongs to the Warrawoona group (Hickman 1983). Bedded chert and greenstone are
dominated, with minor amount of T-chert and veinlets or layers of barite. T-chert (tectonically
controlled chert) is distinguished from normal sedimentary chert by lack of internal banding
and its discordant relations to adjacent strata (Dunbar and Rodgers, 1961). Hickman (1973)
first reported existence of T-chert in the North Pole area in Pilbara Craton. T-chert was
originally considered that the chert was formed as fumarole or feeder to bedded sedimentary
chert units. However, this interpretation was rejected two observation: (1) the intrusive chert
isinjected along fault plane which displace the sedimentary chert units; and (2) the T-chert
penetrates the layered succession above the level of the highest sedimentary chert. These
rocks are exposed over an area of 20 x 10 km?. The thick bedded cherts, is called “ chert-barite
unit” because it contains large amount of barite, is the lowermost concordant sedimentary unit
in the North Pole area (Hickman, 1973). The stratigraphic definition of these thick chertsin
the Warrawoona Group is still controversial. Hickman (1973) had suggested that these cherts
lay near the base of the Talga Talga Subgroup in the Warrawoona Group. Thereafter,
Hickman (1981,1983) revised that these thick sedimentary chert and greenstones belonged to
Towers Formation. Whereas, Lowe (1983) and co-workers interpreted that the Strelley Pool
Chert (Towers Formation), to the north of North Pole area, was the stratigraphic equivalent of
the thickest chertsin other area but North Pole was not. The thick chertsin North Pole area
was arranged structurally about 10 km below the Strelley Pool Chert. Many previous workers
have interpreted that origin of these thick cherts were shallow-water environment. Evidences
of the shallow-water environment are roughly divided into four groups:. (1) sedimentary
structures of bedded cherts (e.g. laminae, ripple mark, etc.), (2) presence of evaporites (barite
and carbonates), (3) size and amount of vesicles in metamorphosed, pillowed basalt, and (4)
sulfur isotope data of barite (e.g. Dunlop et al., 1978; Barley et al., 1979; Walter et al., 1980;
Dunlop and Buick, 1981; Nijman et al., 1998). Maruyama et al. (1991), however, suggested
that these chert and barite unit have been formed in deep-sea environments, which correspond
to Mid-Ocean Ridge, and that the North Pole area has been formed as a thrust-imbricated
accretionary complex. The accretionary complex is composed of thrust-imbricated piles
primarily pillowed basalts (500 m +) with minor sheeted dikes and the overlying bedded
cherts (30 m +) with or without volcaniclastic or terrigenous sediments.

IV-2.2.2 Geochronology
Zircon U-Pb dating yielded an age of 3459 + 18 Ma for the North Pole Adamellite

(Thorpe et al., 1992a). The age of afelsic rocks, belong to the Duffer Formation, on southern
part of the area (Panorama Ridge) is 3458 + 1.9 Ma (Thorpe et al., 19923, b) and 3464 + 2 Ma
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(Buick et al., 1995). Pidgeon (1978) dated afelsic volcanics unit in the Duffer Formation at
3452 + 16 Ma by the U-Pb zircon method. This age is consistent with a Rb-Sr isochron age of
3506 + 62 for the Duffer Formation at Warrery Gap on the western side of the Corunna
Downs Batholith (Cooper et al., 1982). The North Star Basalt, at the base of Warrawoona
Group, yielded a 3560 + 32 Ma Sm-Nd isochron age (Hamilton et al., 1981). Furthermore,
Gruau et al. (1987) has reported Sm-Nd isochron age at 3712 + 98 for komatiites, high-Mg
basalt and tholeiites from the North Star Basalt and the Mount Ada Basalt, which are
stratigraphically equivalent to the Unit I, the Unit I, and part of the Unit 111 as shown below.
Gruau et al. (1987), however, suggested that this might be an artifact of mixing material from
isotopically heterogeneous sources. A more recent U-Pb zircon method at 3449 + 3 Ma and
3470 + 3 Ma have been reported by Thorpe et al. (1992a) for felsic schist of Mount Ada
Basalt from Pyramid Well. McNaughton et al. (1993), however, has reported that the ages
from 3.24 Gato 3.31 Gafor doleritic sill from the McPhee Formation of middle part of the
Talga Talga Subgroup. These ages are younger than ages of the overlying Duffer Formation.
Galena from vein barite in Unit | (chert-barite unit) gives amodel age of 3490 Ma [data of
Richards et a. (1981) re-calculated by Thorpe et a. (1992b)].

VV-2.2.3 New geological inter pretation of the North Pole area

This areais divided into the thrust-bounded five units: the Unit | to V in ascending
order (Fig. 2). These consist of the greenstones and conformably overlying bedded cherts.
These units are concentrically distributed around intruded adamellite. The Unit I, the Unit I,
and the Unit 111 exposed all over the area except for western part. On the other hand, the Unit
IV and Unit V exposed only southern part and northern part marginally. The Unit | and Unit
Il correspond to the lower part of Talga Talga Subgroup in Warrawoona Group (Lipple, 1975).
They are considered as equivalent to the North Star Basalt (Hickman, 1983) The Unit 111
corresponds to the middle part of the Talga Talga Subgroup which is upper part of the North
Star basalt and lower part of Mount Ada Basalt. The Unit 1V corresponds to the upper part of
the Mount Ada Basalt, the Duffer Formation (Hickman, 1983), and the Panorama Formation
(DiMarco and Lowe, 19893, b). Therefore, bedded cherts at the top of the unit correspond to
the part of the Towers Formation. The Unit V' corresponds to lowermost part of the Apex
basalt (Hickman, 1983) or the Euro Basalt (DiMarco and Lowe, 19893, b).

The Unit | is the lowermost unit in this area. This unit consists of the basaltic and
doleritic greenstones, up to 2000 m, and the bedded cherts, up to 70m. Massive or pillowed
basdltic flows, several to tens of meters thick, are dominated, with the minor amount of
hyaloclastitic breccia in the upper part, whereas massive basaltic, doleritic or gabbroic rocks
become predominate in the lower area. In this unit, pillowed basalts have low vesicularity and
pillow size is smaler than those in the other units. Although rarely, these flows in the
uppermost area are intercal ated thin bedded cherts. Alteration trends to become severe from
the lower to the upper. These greenstones are conformably covered with the bedded cherts,
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which ranges in thickness from several meters to tens of meters. These bedded cherts are
discontinuously distributed due to the high angle normal faults. These cherts are intercalated
with numerous bedded barites. The bedded barites are ubiquitous distributed in this unit.
Furthermore, veinlets of barite with or without T-chert intrude into the strongly altered
greenstones. 75% T-cherts of all occur in this unit and are gathered upper part of this unit.
The largest of all the T-chert dikes is 2 km long, and tens of meterswide. The T-cherts
intruded into greenstones and lower part of bedded chert but neither intruded into the
uppermost bedded chert nor through the bedded chert layers.

The Unit Il structurally and stratigraphically overlies the Unit |. This unit is aso
composed of bedded, up to 40 m thick and greenstones. This unit, however, has T-cherts less
than the Unit I. T-cherts intruded into only upper part of the unit. The bedded cherts contain
no bedded barite. The greenstones in the Unit |l are similar to those in the Unit | in field
occurrences. However, total thickness of the unit (~1000 m) isless than the Unit 1.

The Unit [11, 1500m thick, is distinct from two units in lithology. This unit is
composed predominantly of massive and pillowed lava of basalt and pyroxene spinifex-
bearing komatiite, which intercalated, discontinuous, thin bedded cherts, 0.2 to 10 m thick.
The pillows of greenstones trend to be larger than those in any other units. These pillowed
greenstones have significant amount of vesicles in the outer margin.

The Unit 1V consists of predominantly greenstones, felsic lava, and minor, thin,
intercalated, bedded cherts. The lower part of this unit consists of komatiitic, high-Mg basaltic
greenstones, similar to the upper part of the Unit I11. The felsic lava, up to 400m thick, is
restricted in top of this unit. The lava are intercalated thin bedded cherts and pillowed and
massive greenstones.

The Unit V overlies the bedded cherts of the uppermost of Unit 1V along thrust. This
unit issimilar to Unit I11. Nevertheless, the total thickness is thin, only 600m, relative to the
Unit 1.

V-3 Chemistry

IV-3.1. Sample preparation

To obtain the original magmatic composition, greenstone samples were carefully
selected for the major and trace elements analyses step by step. First of all, field occurrences
of greenstones and even the surrounding rocks appear to be related to the extent of the
secondary alterations and the distribution of the altered zones. For example, the extensive
altered zones appear at the stratigraphic top of the pillow lava flow units, or in the
surroundings of large quartz veinlets such as T-chert. Such stratigraphically controlled
alteration suggests a hydrothermal alteration at the formation of the magmas, accompanied
with the interaction with seawater. It is suggested that the involvement of the fluid migration
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from the neighboring sediments forced the composition, especially isotopic composition,
disturbed during the metamorphism. Therefore, 2,500 greenstone samples elsewhere were
preferentially collected, or thin massive lavas were also preferred. At the second stage, <1-
cm-thick slabs were cut from each sample to select the rock samples without a visible internal
fracture filled with quartz, chlorite and epidote minerals and the heterogeneous surfaces.
Whole rock powders were prepared for 112 fresh samples, which contain neither veinlets of
quartz, chlorite, and calcite, nor the heterogeneous domains even under the microscope. Slabs
whose surfaces were polished were broken into small pieces, ultrasonically cleaned in de-
ionized water and ethyl alcohol, dried, and powdered in atungsten carbide shatter-box.

V-3.2. Analytical methods

Magjor and some trace elements (Ni, Rb, Sr, Y, Zr, Nb, Ba, Pb, and Th) were measured
by X-ray fluorescence (XRF) at Tokyo Institute of Technology and at Institute of
Oceanography in Tokyo University, respectively. The analytical procedure, condition and its
accuracy are described by Goto and Tatsumi (1994). Rare earth elements were determined by
inductively Coupled Plasma Mass Spectrometry (ICP-MS) at Tokyo Institute of Technology.
The analytical procedure, condition and its accuracy are reported elsewhere (Hirata et al.
1988). Chemical compositions of minerals were determined by the electron probe
microanalyzer (JEOL-JXA-8800) housed at Tokyo Institute of Technology. All analyses were
performed with accelerating voltage 15 kV, 12 nA beam current and counting time 10-40 s.
Oxide ZAF correction methods was employed.

IV-3.3. Petrography

The rock samples were collected from Unit | and 11 (NPMORBS), and Unit Il
(NPOQIBs) al over the map area (Fig. 2). Rocks in North Pole area were metamorphosed
under from prehnite-pumpellyite through greenschist to lower amphibolite facies condition.
The mode of the progressive metamorphic zonation is very distinct because of the repetition
of metamorphic grade at Unit-boundary thrust, suggesting the hydrothermal metamorphism
(Terabayashi & Masuda, 1996, per. comm.). On the other hand, the subsequent contact
aureole is aso observed within anarrow band of the surrounding of North Pole adamellite.

The mineral assemblages are defined by Pum+CazPrh or Ep+PumzPrh+Cal in
prehnite-pumpellyite facies Ep+Pum+Ca or Ep-Pum+Act+Cal in transition of prehnite-
pumpellyite to greenschist facies, Ep+ActtCa and ActxCa in greenschist facies, and
Hbl+Cal in lower amphibolite facies. Chlorite and albite/plagioclase pervasively occur with
minor amounts of quartz, phengite, magnetite and sphene. The pervasive presence and
significant amount of calcite characterize the metamorphism in North Pole area, suggesting
high fCO, in metamorphic fluids. The mineral assemblage of Act+Rt+Cal in some altered
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rocksin Unit | also support high fCO, in metamorphic fluids (Kitgjima 1998, per. comm.).
Metamorphic zonation will be discussed elsewhere (Terabayashi et al. 1998; Kitajimaet al.
1998). The distinct feature of metamorphism is abundance of calcite. However, calcite-free
rock samples collected for chemical analyses.

Relict minerals of clinopyroxene, and chromian spinels are well preserved in many
coarse-grained rocks. However, many clinopyroxenes are overgrown by metamorphic fine-
grained actinolite needles. Although olivine relict minerals are well preserved in olivine
cumulate zone of athick komatiite flow in Unit 111, most olivine phenocrysts are completely
atered to chlorite elsewhere.

Magmatic textures are well preserved al over the area because neither metamorphism
nor deformation is significant on fabrics of greenstones. Rock samples are classified into two
groups based on the magmatic texture, fine-grained and coarse-grained types, respectively.
Fine-grained type includes aphyric, fine-grained plagioclase-bearing, fine-grained
clinopyroxene-bearing basalts and clinopyroxene-spinifex basaltic komatiites, whereas
coarse-grained type is characterized by coarse-grained plagioclase-phyric and coarse-grained
clinopyroxene-phyric basalts, plagioclase-clinopyroxene-dolerite or gabbro, and quartz-
plagioclase-gabbro. Minor amounts of olivine-cumulate rocks and olivine-clinopyroxene
rocks samples occur in Unit 111.

The aphyric basalts contain no phenocrysts, and are characterized by fine-grained
chlorite, actinolite, and fibrous or acicular —plagioclase with fine-grained epidote. Those rocks
occur in outer margin of pillow lavas and massive flows. However, aterations along
concentric fissures within pillow lavas obliterate the primary features in some rocks.

The fine-grained plagioclase-bearing basalts have plagioclase |aths or needles in the
matrix of chlorite and actinolite with minor amount of small epidote grains. Plagioclase laths
are up to 100 um long, whereas needles are up to 150 um in length. The plagioclase grains are
evenly distributed, up to 20 % in volume. Although the plagioclase-bearing basdts are
observed in all Units, they are distributed mainly in Unit | and Il. Some forms intersertal
texture with minor amount of small anhedral clinopyroxene grains.

The fine-grained clinopyroxene-bearing basdts are characterized by small
equigranular clinopyroxenes, in the matrix of chlorite and actinolite with minor amount of
small epidote grains. Clinopyroxene grains are subrounded to spherical, are up to 50 pm
across. The clinopyroxene grains are pervasively distributed, up to 20 % in volume. Although
the clinopyroxene-bearing basalts are observed in Unit |1 and 111, they are distributed mainly
inUnit 1.

The clinopyroxene-spinifex basaltic komatiites have clinopyroxene-needles, tens mm
in length with in the matrix of chlorite, actinolite and anhedral plagioclase with minor amount
of chromian spinels. The clinopyroxene-bearing basaltic komatiites occur in three localities.
A minor thin basaltic komatiite flow, 5 m thick and 50 m long, occurs accompanied with
pillowed basalt and gabbroic rocks in Unit I1. Although it has spinifex sequence of chilled
margin, randomly-oriented small clinopyroxene spinifex and randomly-oriented large
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clinopyroxene spinifex in descending order, neither olivine-cumulate nor gabbroic zoneis
involved. Thick major basaltic komatiite flow, ca. 100 m thick and over 15 km long, overlies
the thick-bedded chert of Unit 11. Thin-bedded chert, 5 m thick, covers the basaltic flow. It is
characterized by the distinctive magmatic layering. Basal chilled margin (tens cm thick),
cumulate zone (ca. 80 m thick), clinopyroxene-spinifex zone (ca. 10 m thick), and columnar-
jointed zone (2 m thick), and upper chilled margin (tens cm thick) in ascending order.
Cumulate zone range from olivine-dominated in the bottom, through olivine-clinopyroxene-
phyric to clinopyroxene-plagioclase phyric in the upper area. Olivines are euhedral to slightly
elongate, accompanied with minor amount of euhedral chromian spinels and inter-granular
anhedral or oikocrystic clinopyroxenes. Clinopyroxene grains in olivine-clinopyroxene-phyric
pyroxenite or clinopyroxene-plagioclase-phyric gabbro is large and subhedral to euhedral.
Clinopyroxene spinifex is oriented-grown normal to flow plane at lower half of the spinifex
zone. The spinifex clinopyroxenes are over one meter long. On the other hand, randomly-
oriented clinopyroxene spinifex predominates in upper haf of spinifex zone. The size of
spinifex grains ranges from less than one mm in upper part to over 5 cm in lower part, with
scattering of grain size at the same stratigraphic level. A minor thin basaltic komatiite flow,
10 m thick and 50 m long, occurs accompanied with pillowed basalt and pillow brecciasin
Unit [11. It is dominated by the randomly-oriented clinopyroxene spinifex with thin topmost
chilled margin, 10 cm thick.

The coarse-grained plagioclase-phyric basalts contain relatively large plagioclase laths
and euhedral columnsin the matrix of chlorite and actinolite with minor epidote. The size of
plagioclase grains range from 150 pm to 3 mm in length. The volume of plagioclase varies
from 20 % to 75 %. Although the plagioclase-phyric basalts are observed in all Units, they are
distributed mainly in Unit | and 1.

The coarse-grained clinopyroxene-phyric basalts contain relatively large equigranular
clinopyroxenes, in the matrix of chlorite and actinolite with minor amount of small epidote
grains. Clinopyroxene grains are subrounded to spherical, and range from 50 pm to 200 pm
across. The clinopyroxene grains are pervasively distributed, 20 to 60 % in volume. The
clinopyroxene-phyric basalts are observed in Unit Il and I11. Although they are distributed
mainly in Unit 111, they occur as thick pile of 10-m thick clinopyroxene-phyric basaltic flows
near alarge gabbroic body in southern Unit 11.

The plagioclase-clinopyroxene dolerite or gabbro forms ophitic to subophitic texture.
Plagioclase laths vary from 200 pm to 3 mm in size, wrapped within large oikocrystic
clinopyroxenes with minor amount of magnetite and matrix chlorite. Minor large brown
hornblendes are also interspersed in the matrix. The brown hornblendes are euhedral and
overgrown by bluish-green actinolite. Large euhedral magnetite grains are also pervasive.

The quartz-plagioclase-gabbro contains euhedral plagioclase, euhedral angular quartz
in the matrix of chlorite, actinolite and magnetite. Because quartz grains are angular and
euhedral, they are presumed to be primary. However, no late stage crystallization phases such
as pigeonite and orthopyroxene are preserved, possibly due to metamorphism and/or
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alteration.

V-4 Results

IV-4.1 Major and minor element chemistry of relict pyroxene crystalsin NPMORBs and
NPOIBs

Clinopyroxenes in NPMORBs include large equigranular clinopyroxenes in
clinopyroxene-phyric basalts, and large oikocrystic clinopyroxenes in plagioclase-
clinopyroxene gabbro. Clinopyroxenes in NPOIBs include large equigranular clinopyroxenes
in clinopyroxene-phyric basalts and large clinopyroxene oikocrysts enclosing euhedral
olivinesin olivine-clinopyroxene cumulate in a thick komatiites flow.

Pyroxenes in NPMORBs and NPOIBs are defined as augite or ferroaugite, and are
distributed within the variation of clinopyroxenes in modern MORBs (Fig. 3). Many
pyroxenes have compositionally normal zoning within the outer rim. The estimated minimum
temperature of clinopyroxene saturation is ca. 1250 °C or 1200 "C for NPMORBSs or NPOIBs,
respectively. Clinopyroxenesin NPOIBs are similar to those of tholeiitic OIBs.

Figure 4 shows the compositional differences between relict clinopyroxenes in
NPMORBs and NPOIBsin major and minor elements. Clinopyroxenesin NPMORBs are
subdivided into two types based on their composition; high-Ti group and low-Ti group. All
large oikocrystic clinopyroxenes in plagioclase-clinopyroxene gabbro belong to low-Ti group,
whereas large equigranular clinopyroxenes in clinopyroxene-phyric basalts belong to both
types. However, no samples contain both groups of clinopyroxenes. Clinopyroxenes in
NPOIBs belong to moderate-Ti group.

The clinopyroxenes of OIBs are enriched in Na,O, Ca0O, and TiO,, but depleted in
Al,Q, at the given SiO,, relative to those of low-Ti group of MORBSs. On the other hand, the
clinopyroxenes of OIBs are enriched in Na,O and CaO, depleted in TiO,, and equivaent in Al
at the given SiO, relative to those of high-Ti group of MORBSs. Clinopyroxenesin NPOIBs
are enriched in jadeite and Catschermak molecule relative to those in NPMORBs.
Clinopyroxenes of Low-Ti group in NPMORBSs have higher Al and lower Ti contents at a
given Si content, and lower jadeite component, relative to those of modern MORBs.
Clinopyroxenes of high-Ti group also have higher Al and Ti contents at a given Si content,
and lower jadeite component, relative to those of modern MORBs (Fig. 5).

IV-4.2 Major and trace element chemistry in NPMORBs and NPOIBs

Figures 6 and 7 show the MgO versus major and trace element diagrams of both
MORBSs and OIBs for North Pole area, along with the modern MORBs and OIBs. The latter
includes both alkaline basalts and tholeiites. NPMORBs and NPOIBs are defined as low-K
tholeiite affinities. Both NPMORBSs and NPOIBs include fine-grained basaltic and doleritic
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rocks. Chondrite-normalized REE abundances are shown in Figure 8. Despite of minor
scattering in especially CaO and Na,O content, both fine-grained NPMORBs (NPMORBs-I)
and NPOIBs (NPOIBs-1) make clear liquid lines of descent.

NPMORBs-I has lower Al,O, than the modern MORBSs at high MgO contents (> 10
wt %). NPMORBs-| has lower TiO, and P,O than the modern MORBs at low MgO contents
(< 7wt %). It also has lower Zr and Y at any give MgO content (especially low MgO), and
higher FeO* and MnO at high MgO content (> 10 wt %) relative to the modern MORBSs. SiO,,
CaO, Ni, Sr, and Na,O contents of NPMORBs-| are similar to those of the modern MORBSs.
They have adlightly light and middle REE-depleted pattern. The pattern of the liquid line of
descent of the NPMORBSs-| issimilar to that of the modern MORBs.

NPOIBs-| appears to be more dispersed than MORB-I. However, the former has lower
CaO and slightly higher Al,O, at moderate MgO content. Moreover, the former is enriched
SiO,, Na,O, P,O., Zr, Y, and Nb, whereas depleted in Ni. Concentrations of Al,O,, FeO, MnO,
and CaO in NPOIBs-| areequivalent to those of NPMORBs-I at high MgO content. The
pattern of the liquid line of descent of the NPOIBs is similar to that of the modern MORBS,
rather than that of the modern OIBs. They have slightly L REE-enriched pattern.

Coarse-grained samples are relatively scattered relative to fine-grained samples (Fig. 6,
and 7). Although many samples are distributed around the liquid line of descent defined by
fine-grained samples, some are plotted off. Clinopyroxene-phyric dolerite/gabbro has
relatively lower Al,O,, less than 10 wt %, and higher CaO at high MgO content, whereas
plagioclase-phyric dolerite/gabbro has relatively higher AlL,O,, Na,0O and Sr, and lower TiO,,
FeO*, P,O; and Y content at low MgO content. Plagioclase-clinopyroxene-dol erite/gabbro is
bimodal on MgO contents, more than 10 wt % or less than 5 wt %. High MgO dolerite/gabbro
appears to be plotted on the liquid line of descent.

For both NPMORBs-1 and NPOIBs-I, samples with higher MgO contents (> 8 wt %)
plot roughly along olivine fractionation curves accompanied with minor plagioclase on the
MgO variation diagrams, as follows: with decreasing MgO, TiO,, Al,O,, CaO Na,0, K,0,
P,Os, and incompatible trace element, including Sr, contents and Al,O,/Ca0O ratios increase;
SiO,, FeO* and MnO contents remain almost constant; Ni concentrations decrease. These
correlations suggest that the chemical variations of NPMORBs-I and NPOIBs-| at higher
MgO contents are mainly controlled by olivine fractionation, and plagioclase plays a minor
role. Clinopyroxene fractionation is still more insignificant. Plagioclase and then
clinopyroxene join olivine on the liquidus at ca. 8 wt % in MgO because the slope of the
liquid lines of descent increase change abruptly, Al,O, and CaO decrease substantially with
decreasing MgO (Klein & Langmuir 1987).

V-5 Discussions
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IV-5.1 The estimate of the influence of secondary alteration on wholerock chemistry
based on clinopyroxene composition

Petrographic observation and major element chemistry indicate that clinopyroxenes are
saturated just after plagioclase in NPMORBSs. Plagioclase-join lead to abruptly changing the
slop of liquid line of descent. During olivine fractionation, on a plot of MgO versus Al,O,,
Al O, increases with decreasing MgO; when plagioclase joins olivine on the liquidus,
however, the slop of the liquid line eof descent changes abruptly and Al,O, decreases
substantially with decreasing MgO. On the other hand, on a plot of MgO versus TiO,, TiO,
increases slightly with decreasing MgO; in plagioclase crystallizing, however, the slop of the
liquid line of descent changes abruptly and TiO, increases substantially with decreasing MgO.
Thus, precise MgO content where plagioclase joins olivine on the liquidus can be estimated
from the mode of the liquid line of descent. Moreover, substantial increase of TiO, content on
Mg* versus TiO, diagram allows us to estimate the precise partition coefficient, defined by
KdFeO—MgO:(Fe2+/M gz+)ch/(Fez+/M gz+)|iq_

Figure 9a shows Mg* value versus Al,O, content in NPMORBs-|, indicating that
plagioclase joins olivine at 60 in Mg#, equivalent to 8.5 wt % in MgO. Figure 9b shows Mg#
value versus TiO, content in NPMORBs-| and the calculated melt equilibrated with
clinopyroxene phenocrysts. The melt composition is calculated using the partition coefficient,
Kd™oMe© = 0.26 for Mg* (Sisson & Grove 1993, Tormey et al. 1987) and D, = 0.20 for Ti
content (Green 1994), respectively. Despite of dight dispersion due to less accuracy of
microprobe analyses, the calculated compositions are plotted on the liquid line of descent
defined by NPMORBs-I. If TiO, content remained during metamorphism because TiO,
empirically is regarded as immobile element, Figure 9b indicates that secondary alteration
play insignificant role on Mg* value.

Figures 9c and 9d show the composition of the clinopyroxenes phenocrysts and host
clinopyroxene-bearing samples. Because the host samples defined as clinopyroxene-phyric
basalts with large equigranular pyroxenes or plagioclase-clinopyroxene-gabbro, whole rock
composition do not directly reflect the magmatic composition. Therefore, partition coefficient
of Ti is relatively high. Despite of compositional variation of clinopyroxenes within one
sample, calculated partition coefficient of Mg and Fe between clinopyroxene and whole rocks
are distributed within the range calculated from the modern MORB and the included
clinopyroxenes.

IV-5.2 The differences of composition of clinopyroxenesin NPMORBs and NPOIBs

Both the compositions of clinopyroxenesin NPMORBs and NPOIBs are similar to
those in MORBSs and tholeiitic OIBs (Fig. 5). However, some differences are also between
clinopyroxenes in NPMORBs and NPOIBs, and those in MORBs. Clinopyroxenes in
NPMORBSs have lower wollastonite component, compared with those in modern MORBSs.
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The estimated minimum temperature of clinopyroxene saturation is ca. 1250 °C for
NPMORBSs (Lindsley 1983), indicating early saturation of clinopyroxene for NPMORBSs.
Relatively lower concentration of Ti and Nain clinopyroxenes of NPMORBSs is consistent to
the bulk composition of NPMORBS.

Some compositional differences are also between the clinopyroxenesin NPMORBs
and those in NPOIBs. The clinopyroxenes of NPOIBs are enriched in Na,O, CaO, and TiO,,
but depleted in Al,O, a the given SIO,, relative to those of NPMORBSs. The estimated
minimum temperature of clinopyroxene saturation is ca. 1250 °C for NPMORBs and 1200 °C
for NPOIBs (Lindsley 1983). In varying the degree, these differences are similar to the
differences between the clinopyroxenes in modern MORBs and modern OIBs (or alkali OIBs)
(Maruyama 1976; Nisbet & Pearce 1977). Ca content in clinopyroxenes depends on
temperature (Lindsey 1983), pressure, SIO, activity (Davidson & Lindsley 1994), water
content (Gaetani et a. 1993; Parman et a. 1997). But pressure dependence is relatively
insignificant at less than 5 kb. The difference in SiO, activities of NPMORBs and NPOIBs
also makes a minor contribution to the difference of Ca content in clinopyroxenes because
SiO, content is similar each other. Water content is supposed to plays a significant role on
higher wollastonite component in clinopyroxenes. Higher water content in melt breaks Si-O
chainsin the silicates to increase SiO, activity (Kushiro 1975). Moreover, high water content
changes appearance temperature of the silicate phases to varying degrees. Especialy, the
liquidus volume of plagioclase shrinks to delay plagioclase-saturation, relative to other phases
such as olivine and clinopyroxene. The late fractionation of plagioclase leads to higher Al,O,
in clinopyroxene and magmas at moderate MgO content. The relative location of the
refraction of liquid line of descent of NPMORBs and NPOIBs on MgO versus Al,O, and CaO
diagrams due to plagioclase-join is consistent to the later fractionation of plagioclase in
NPOIBs. Figure 10 shows the ternary diagrams of cpx-pl-ol and cpx-pl-gz (Tormey et al.
1987; Grove et al. 1992; Gaetani et al. 1993; Sisson & Grove 1993). Both figures indicate that
NPMORBs crystallized under the low-pressure anhydrous condition, whereas NPOIBs under
the relative high-pressure hydrous condition. The compositional difference between
NPMORBs and NPOIBs causes high Al,O, content of clinopyroxenes in some flows of
NPMORBs than that in NPOIBs (Fig. 11)

Although higher Na,O content or jadeite component of clinopyroxenes in OIBs is
caused by compositional differences of magmas, OIBs presumably crystallized at higher level
because of insignificant difference of Na,O content in NPOIBs from that in NPMORBs.
Figure 4 shows the mode of coupling substitution of minor elements. The plots of Na+'VAl
against V'Al+2Ti+Cr elucidate the oxidation state of these elements. If all the Fein pyroxenes
were Fe**, and Ti and Cr were in the 4+ and 3+ states, respectively the data would be plot on
the 45 ° line on such diagrams. Chemical datafor pyroxenes from NPOIBs plot on or towards
the Na+'YAl axis, indicating moderate Fe** in these pyroxenes. In contrast, pyroxenes from
NPMORBS plot on the other side of the 45 ° line, towards “'Al+2Ti+Cr which indicates the
presence of Ti*" and/or Cr*, and reflects the lower oxygen fugacity. However, V'Al+2Ti+Cr in
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pyroxenes from NPMORBSs appear to be extreme low. Such extreme high concentration in
VIAI+2Ti+Cr reported in some meteorites, such as Stannern and Nuevo Laredo (BVSP 1981).
Some pyroxenes in NPMORBSs have extremely high abundance of TiO,, up to 4.72 wt %.
Moreover, some pyroxenes of them include “exsolution grain” of a Ti phase. Further
investigation is required for determining the origin of high Ti content in some pyroxenes.

IV-5.3 Estimate of FeO content of and pressure and temperature of partial melting of
the sour ce mantle of the NPM ORBs

1V-5.3.1 Md* of source mantle of NPMORBs

Field occurrences suggest that NPMORBs were derived from mid-ocean ridge
volcanism. | here examine to estimate FeO content of source mantle, and temperature and
pressure of melting. NPMORBSs are enriched in FeO content relative to the modern MORB at
any given MgO content (> 10 wt %). This difference suggests that source mantle of
NPMORBSs had higher FeO than that of the modern MORB.

| assumed that the Archean mantle was still a spinel- or garnet-lherzolite. This
assumption leads to Fe**/a Fe ratio of source mantle similar to that of modern upper mantle
because Fe**/a Feratio is controlled not only oxygen fugacity, but also mineral assemblage. If
Archean basalts were formed within upper mantle, which consisted of olivine, orthopyroxene,
clinopyroxene, and spinel, Fe**/a Fe ratio in Archean basalts would be equivalent to that of
modern MORBSs. Further discussion is shown elsewhere. Batch melting is also assumed
because of its simplification.

Melting experiments of four natural peridotites KLB-1, HK66, PHN1611, and MM 3
have been extensively performed using diamond aggregate method (Hirose & Kushiro 1993;
Baker & Stolper 1994; Kushiro 1996). Those experiments showed SiO, content of meltsis
relatively independent of composition of peridotites and temperature of melting at moderate
degree of melting, but quite sensitive to melting pressure, because SIO, is a major constituent
element of al minerals. On the contrary, FeO* in melts strongly depends on FeO* content of
peridotites, together with pressure and temperature of melting. MgO content of melts is
almost proportional to degree of melting.

Some of most primitive NPMORBs and modern MORB are plotted along melt
compositions formed by different pressures and degree of melting and from different starting
materials in Fig 12b. Both NPMORBs and Modern MORBs are distributed on the
compositional trends defined by the melts formed at 10 or 15 kb (Fig 12b). This evidence
suggests that average melting pressure of NPMORBSs through melting column were 10 to 15
kb (Klein & Langmuir, 1987), and is equivalent to that (10 kb) of modern MORB (Fujii &
Bougault 1983).

Fig. 12b shows that each variation of FeO content of melt formed at 15 kb for KLB-1,
HK 66, and PHN1611, or 10 kb from MM 3. Primitive NPMORBs are plotted over melts from
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HK66 or PHN1611, whereas modern MORBSs are distributed on melts from KLB-1. The
composition of primary melt of NPMORBSs can not be estimated because olivine is extinct
due to metamorphism. If MgO content of primary melt of NPMORBs has ca. 20 wt % in
MgO, NPMORBSs can be formed from KLB-1 (Takahashi et al. 1993). However, because the
average melting pressure should be high ca. 4.6 GPa, in the case, NPMORBSs should have the
garnet signatures (Salters & Hart, 1989; McKenzie & O’ Nions 1991; Bourdon et a., 1996;
Salters, 1996; Hirschmann 1996; Hirschmann & Stolper, 1996). However, NPMORBs do not
show garnet signature, such as heavy REE depletion (Fig. 8). Furthermore, if NPMORBs are
highly differentiated basalts from komatiites, abundance of compatible element such as Ni
should be lower (Fig. 7), because Ni is more removed from the melts during crystal
fractionation. The results suggest that NPMORBs were derived from more FeO* -enriched
source mantle such as HK66 and PHN1611 rather than KLB-1 and MM 3.

The mantle of the Moon and the Mars have higher FeO content than the modern
mantle of the Earth (e.g. Hartman et al., 1986 or Bertka & Holloway, 1994a,b). However, the
result suggest that the source mantle of NPMORBs had at most 10 % in FeO. The differences
would be caused by core-formation, as discussed elsewhere.

IV-5.3.2 Potential mantle temperature of source mantle of NPM ORBs

The potentia temperature of the Archean mantle has been estimated by previous
workers (e.g. Takahashi, 1990; Nisbet et al., 1993; Ohta et al. 1996) since the establishment
of concepts of potential mantle temperature (McKenzie & Bickle 1988). The former two
works estimated potential temperature of Archean mantle from only MgO content in
peridotitic komatiites (Takahashi 1990, Nisbet et al. 1993). However, MgO content of a
primary melt strongly dependson the amount of olivine addition using olivine maximum
fractionation model because Fo content of olivine, generally speaking, is not available in
many Archean komatiites and basalts (Parman et al. 1997; Komiya et al. 1998). Moreover, the
difference of oxidation state of melting between the present and Archean would affect the
Mg” value (Arculus 1985). Ohta et al. (1996) estimated the potential mantle temperature by
the comparison of nine major elements in primary magma with those of experimental melts.
However, TiO,, Al,O,, FeO, Na,0, K,0, and P,O, contents are significant sensitive to those
contents in source mantle. Therefore, | here estimate the potential mantle temperature by the
abundance of FeO and SiO, in primitive magmas because they are relatively insensitive to the
extent of crystal fractionation and are strongly correlated to pressure and temperature of
melting.

Figure 12b shows composition of the primitive NPMORBs along experimental melt
from PHN1611 on a SiO, versus FeO diagram. Primitive NPMORBSs are plotted over the melt
formed at 1325, 1400, and 1425 °C, 15 kb. Each degree of melting is 18.4, 26.9, 35.9 %,
respectively according to experimental data (Kushiro 1996). Although a variation of
compositions is possibly caused by the influence of chemical alteration, it would reflect the
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small perturbation of globa trend (Klein & Langmuir 1989). Therefore, the potential
mantle temperature is obtained 1390 to 1550 °C of with Cp=1.2x10° Jkg", s/s=1.2x10-8 m*kg
Kt m/m=2.4x10° m*kg*K* and S=350 kg™’ K™, which is for modern mantle (Iwamori et
al., 1995). lIwamori et al. (1995) also obtained 1320 °C of potential mantle temperature of
modern MORBs for batch melting.

IV-5.4 Origin of OIBs

Field occurrences show that NPOIBs were derived off-ridge volcanism. Moreover,
thick basaltic komatiite flow occurs at the bottom of the Unit 111. A large gabbroic body also
is emplaced in Unit I, where a feeder dike runs towards the top-covering chert from.
However, except with komatiitic rocks, compositional variation of NPOIBs is different from
that of modern OIBs. Modern OIBs have lower SiO, and Al,O, and higher FeO and TiO, than
modern MORBSs. Moreover, plagioclase fractionation plays significant role on liquid line of
descent of modern MORBs whereas clinopyroxene fractionation is significant in modern
OIBs at moderate MgO content. Although clinopyroxene fractionation is dlightly of
significance in NPOIBs relative to NPMORBS, it is no much for that in modern OIBs.
Significant clinopyroxene fractionation would result from high pressure of melting and crysta
fractionation of OIBs, presumably involved with hydrous source mantle. However,
compositional variation of NPOIBs dominated by plagioclase fractionation. Compositional
variation of major and some trace elements in modern oceanic plateau is similar to that of
modern MORBs (Mahoney 1987; Allan et a. 1987), reflecting olivine and the following
plagioclase fractionation. NPOIBs presumably originated from an oceanic plateau. Flat-REE
patterns of NPOIBs, and higher Nb/Y and Nb/Zr ratios are also consistent to the chemical
nature of oceanic plateau (Mahoney 1987). An evidence of bimoda volcanism of
basalt/basaltic komatiite with huge rhyolite bodies in the eastern area Unit Il supports such a
large igneous province. Composition of clinopyroxene phenocrysts and whole rocks of
NPOIBs suggests the significant amount of water at least at the crystal fractionation.
Moreover, significant amount of vesicles and amygdules filled with quartz and calcite within
the outer margin of pillowed basalts in Unit |11 support the involvement of significant water
content in NPOIBs. These observation is consistent to recent evidences for hydrous
komatiites (Arndt et al. 1977, 1986, 1998; Stone et al. 1995ab, 1997; Lewis & Williams 1973;
Saverikko 1985, 1990; Dan & de Wit 1985; Echeverria & Aitkan 1986; Hill et al. 1995;
Hanski & Smolkin 1995; Grove et al. 1994, 1995, 1997; Parman et al. 1997). However, the
tectonic setting is presumed to be subduction zone because of its high water content (Brooks
& Hart 1974; Allégre 1982; Parman et al. 1997). Our evidences suggest that NPOIBs with
basaltic komatiites were derived at oceanic island or plateau through the plume magmatism
and its source mantle would be hydrous. The result implies that the source mantle involved
recycling oceanic crusts. Water content of source mantle can not be obtained, but appears to
be low because of lack of vesicles at outermost margin of pillow lavas and komatiite flows
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(McDonough & Danyushevsky 1995; Shimizu et al. 1997; Komiyaet al. 1998b).

IV-5.5 Mantle heter ogeneitiesin the Early Archean

Mafic and ultramafic volcanic rocks in Archean range from severely L REE-depleted to
LREE-enriched in REE patterns (Sun and Nesbitt, 1978). LREE-enriched pattern is restricted
to Al-depleted komatiite, suggesting difference of melting condition such as high-pressure
garnet fractionation (Green 1975; Nesbitt et al. 1979; Ohtani, 1990). However, flat- or LREE-
depleted REE patterns are pervasively observed in mafic and ultramafic volcanic rocks.
Moreover, the correlation of REE patterns with major and trace elements content is described
in some rocks (Sun, 1984).

Because this work present that REE patterns of both NPMORBSs and NPOIBs appear
smooth and do not have Eu-anomaly, it is regard that later metamorphism play a minor role
on abundances of rare earth elements. The distinct difference between REE pattern of
NPMORBSs and NPOIBs indicates that mantle have been already heterogeneousin the Middle
Archean because both magmas were formed under shallow depth condition. Moreover, source
mantle of NPMORBSs had been depleted relative to that of NPOIBs. If NPOIBs originated
from oceanic plateau volcanism, the source mantle should be or involve lower mantle,
analogous to modern oceanic plateau (Kogiso et al. 1997; Kimura et al. 1994). This results
implies that Archean mantle have been geochemically separated into two layers similar to the
modern mantle. Mgor and trace element concentration indicate that mantle source of
NPMORBSs are more enriched in Al,O,, and depleted in FeO*, TiO,, Y, Zr, and Nb compared
with NPOIBs. REE pattern of IMORBS indicates the presence of depleted source mantle in
the Archean, supporting the Nd isotopic evidences (Silver et al. 1988; Bennett et a. 1993).

IV-5.6 Origin of mantle heter ogeneity

Mantle heterogeneities of the modern mantle has been caused by long term recycling
of the oceanic crust, sediments and residual peridotites through plate tectonics (Chase, 1981,
Hofmann & White, 1982, Weaver, 1991, Chauvel et al., 1992, Woodhead et al., 1993; Roy-
Barman & Allégre, 1995; Hirschmann & Stolper, 1996; Hauri, 1996; Kogiso et al., 1997).
Active magmatism through plume tectonics and/or plate tectonics led the mantle to be
heterogeneous in the Early Archean (Komiya & Maruyama 1995; Chapter 111 in this paper).
What caused mantle heterogeneities by the Middle Archean? The three causes for mantle
heterogeneity are supposed; inhomogeneous accretion of planetesimals, magma ocean and the
following core formation, magmatism through plate tectonics or plume tectonics, and
recycling of supracrustal rocks through plate tectonics.

It is expected that the inhomogeneous accretion of planetesimals and magma ocean



108
and the following core formation led to the large-scale mantle heterogeneity at the

formation of the Earth. However, except for rare evidences (Barnes et al. 1985; Pattou et al.
1996; Harper & Jacobsen 1992), no vestiges are preserved in even the Early Archean rocks
(Gruau et al. 1988; Kato et a. 1998a). Therefore, it is supposed that mantle convection
completely erased mantle heterogeneities by the Early Archean (Abe 1993).

Archean plate tectonics has become widely accepted (e.g. de Wit et al. 1987ab, 1992;
Kusky 1989, 1990, 1991, Ohta et al 1996; Komiya et al 1998), despite of several objection
(Goodwin 1991, 1996; Davies 1992; Hamilton 1993, 1998ab).

The recycling of supracrustal rocks through plate tectonics played an insignificant role
on the mantle heterogeneities in the Early Archean (Chapter 111). However, the composition
of clinopyroxenes and liquid line of descent of NPOIBs indicate that the source mantle of
NPOIBs was more or less hydrous. Although the source of the incorporated water can not be
determined as yet, it was presumably subducted oceanic crust. NPOIBs are enriched in
incompatible trace elements compared with NPMORBS, but their ratios are similar each other.
NPOIBs did not have signature of the recycling of supracrustal rocks such as Nb- and Ti-
positive anomalies. Moreover, involved by the recycling of oceanic crust, NPOIBs should be
depleted in Pb, because Pb is removed compared with by fluids at subduction (Kogiso et al.
1997). However, neither NPMORBs nor NPOIBs indicates the depletion of Pb concentration
each other, despite of relative depletion in Pb compared with IMORBSs and 10IBs. The mantle
in transition zone, which is composed of [3-spinels and majorite, can contain significant
amount of water (Kawamoto et al. 1996). The source mantle of NPOIBs may involve minor
amount of such mantle. The dlightly enriched REE pattern and depletion of Y content support
that source mantle of 10IBs contained transition zone mantle materials (Fig. 7, 8, and 13).

As aresult, magmatism at spreading center, and if plate tectonics had never operated
yet, plume magmatism possibly mainly caused the mantle to be differentiated into MORBs
source and OIB source. In addition, involvement of mantle materialsin transition zone also,
more or less, played arole in mantle heterogeneities. Mgjor and trace elements composition of
NPMORBs and NPOIBs support the hypothesis, because the extraction of the magma from
mantle resulted in depletion of incompatible elements. NPMORBs are depleted in
incompatible elements relative to NPOIBs. However, residual mantle could not possibly
produce basaltic melts because of the lack of magmaphile elements. Therefore, the source
mantle of IMORBSs presumably involved minor amount of the residue of high-pressure plume
magmas with major amount of primordial mantle because of lower content in Al,O,, Y, and
HREE. Active mantle convection accompanied with plume magmatism probably caused the
local differentiation of the mantle before the Early Archean (Ogawa 1988).
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|VV-6 Conclusions

(1) Two types greenstones defined by their field occurrences occurred in North Pole area,
NPMORBs and NPOIBs. NPOIBs have lower Al,O, and higher FeO*, TiO,, Y, Zr, and
Nb than NPMORBSs at any given MgO contents. NPMORBs form LREE- and MREE-
depleted REE pattern, whereas NPOIBs form dlightly LREE-enriched pattern. The
differences of field occurrence are correlated with those of the composition each other.
The compositional differences indicate the mantle heterogeneities in the Middle Archean,
implying that the two component model is insufficient to investigate the evolution of the
mantle.

(2) Correlations among compositions of clinopyroxenes and whole rocks indicate that
secondary alteration played an insignificant role on the concentration of a least Ti, MgO
and FeO. The compositions of clinopyroxenes and whole rocks of NPOIBs indicate the
involvement of water during crystal fractionation, suggesting that the source mantle was
wer.

(3) NPMORBSs have lower TiO, and Na,O than the modern MORBSs. They also have lower Zr,
Y, and Nb at any give MgO content, and higher FeO* and MnO and lower Ni at high
MgO content (> 10 wt %) relative to the modern MORBS.

(4) Major elements chemistry of NPMORBSs indicates that the source mantle of NPMORBSs
had ca. 10 wt % in FeO. The higher content of FeO* in the Middle Archean mantle
suggests that the composition of upper mantle would change through the geologic time.

(5) The estimated potential mantle temperature of source mantle of NPMORBSs is about 1450
°C, which is much lower than previous works.
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FIGURE CAPTIONS

Figure 1. Geological map of the northern Pilbara Craton (Hickman 1990) showing the
distribution of the Pilbara Supergroup and the Mount Bruce Supergroup. The Pilbara
Supergroup in the northern region is composed of Granite-greenstone terrane, and is
exposed as inliersin the southern region. Mount Supergroup consists of the Fortescue
Group, the Hamersley Group and the Turee Creek Group in the southern region. The
Fortescue Group is exposed as outliers in Marble Bar area, East Pilbara and southwest
Pilbara basins. Inset map shows the location of Pilbara Craton in Western Australia.
Locality of mapped area, North Pole areais also shown.

Figure 2. Geological map of North Pole area (K abashima 1998 per. commun.).

Figure 3. Compositions of relict igneous pyroxenesin MORBs and OIBsin North Pole area
projected in terms of Wo-En-Fs. End members of pyroxene are calculated by Lindsley’s
(1983) method. Symbols; solid and open circles indicate pyroxenes from MORBs and
those from OIBs in North Pole area. Compositional fields with solid black line, broken
black line and gray line are from modern MORB, akaline OIB and tholeiitic OIB,
respectively.

Figure 4. Binary plots of major and minor elements of relict igneous pyroxenesin MORBSs
and OIBs in North Pole area. Symbols; solid and open circles indicate pyroxenes from
MORBs and those from OIBs in North Pole area.

Figure 5. Binary plots of major and minor elements of relict igneous pyroxenes in modern
MORSB, tholeiitic OIB and akaline OIB along with in North Pole MORBs. Symbols are
shown in inset.

Figure 6. MgO variation diagrams of major elements for MORBs and OIBs in the North Pole
area along with modern MORB and OIB. Symbols are shown as solid circles; coarse-
grained MORBS, solid circles with an inner white open circle; fine-grained MORBS,
open circles; OIBs, and open circles with inner small solid circle; fine-grained OIBs.
Coarse-grained samples, in general, are distributed more widely in composition relative
to fine-grained samples, influenced by accumulation of crystallized phases.

Figure 7. MgO variation diagrams of trace elements for MORBs and OIBs in the North Pole
area along with modern MORB and OIB. Symbols are the same as in Figure 6.

Figure 8. Chondrite-normalized rare earth element (REE) abundances in MORBs and OIBs
in North Pole area. 10IBs, gray lines, are dightly enriched in light-REE, whereas
MORBSs, black lines, are slightly depleted in light-REE. Values of chondrite are taken
from Anders & Ebihara (1982).

Figure 9. (a) Al,O,-Mg" plots of fine-grained North Pole MORBSs. A bending is present at
about 60 in Mg". The bending is caused by initiation of crystallization of plagioclase.
(b) TiO,-Mg” plots of fine-grained North Pole MORBs and the cal culated compositions
from relict igneous clinopyroxenes using an appropriate partition coefficient. Symbols
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are shown in inset. Compositional variation of the calculated compositions
corresponds to that of fine-grained MORBSs. (c) TiO,-Md" plots of fine-grained North
Pole MORBs and relict igneous clinopyroxenes along with modern MORB and
euhedral clinopyroxenes in modern MORBSs. Symbols are shown in inset. Numbers
indicates the calculated partition coefficient of Ti between clinopyroxene and whole
rock with the clinopyroxene. (d) Fe/Mg ratio of clinopyroxene versus Fe/Mg ratio of
whole rock sample with the clinopyroxene diagram. Solid circles are North Pole
MORBs. Number attached with black line is an apparent distribution function of Fe and
Mg between melt and clinopyroxene.

Figure 10. (@) Normative composition of North Pole MORBs and OIBs projected from silica
on to cpx-pl-ol pseudo-ternary phase diagram (Gaetani et al. 1993). Also shown are
pseudo-invariant points of ol-pl-cpx determined by melting experiments performed at 2
kb, under H,O-saturated condition and at 1 atm, under dry condition (Gaetani et al.
1993). Solid circles and open circles are North Pole MORBs and OIBs, respectively. (b)
Normative composition of North Pole MORBs and OIBs projected from ol on to cpx-pl-
gz pseudo-ternary phase diagram (Gaetani et al. 1993). Also shown are calculated
olivinetclinopyroxene LLD and olivinetclinopyroxenet+plagioclase saturation
boundaries at 2 kb, H20-saturated conditions and at 1 atm, dry condition (Gaetani et al.
1993). Solid circles and open circles are North Pole MORBs and OIBs, respectively.

Figure 11. Al,O,/TiO,-MgO plots of North Pole MORBs and OIBs. Solid circles and open
circles are North Pole MORBSs and OIBs, respectively. Al, O, to TiO, ratio of North Pole
MORBsis higher than that of OIBs.

Figure 12. (a) MgO variation diagrams of some major elements for coarse-grained (solid
circles) and fine-grained MORBSs (solid-circles with inner white circle) in the North
Pole (solid circles) along with compositional variations of modern MORBs (gray
regions). Three arrows on scattered plots indicate compositional variation of residual
melts through crystal fractional fractionation of olivine, olivinetclinopyroxene and
olivine+clinopyroxene+plagioclase, respectively. Abbreviations are: ol = olivine; cpx =
clinopyroxene; pl = plagioclase. (b) Comparison of primitive natural basalts with partial
melts formed from mantle peridotite by diamond methods. (i) SiO,-MgO diagram.
Symbols: solid black circles, solid gray circles and open circles are primitive North Pole
MORBS, starting materials of high-pressure experiments (see also Chapter V) and most
primitive modern NMORBS, respectively. Thick arrows indicate compositiona
variation of partial melts produced from four mantle peridotite at different pressure, 10
kb for light gray, 15 kb for gray, 20 kb for dirk gray and 25-30 kb for black arrow
respectively. This diagram indicates that both modern MORBSs and North Pole MORBs
were formed at 10 to 15 kb. (ii) MgO-FeO diagram. Symbols: solid black circles, solid
gray circles and open circles are primitive North Pole MORBS, starting materials of
high-pressure experiments (see also Chapter V) and most primitive modern NMORBS,
respectively. Thick arrows indicate compositional variation of partial melts produced at
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15 kb from four different mantle peridotite, HK66 for light gray, PHN1611 for gray,
KLB-1 for dirk gray and MM 3 for black arrow, respectively. This diagram indicates
that FeO content of mantle source of modern MORBSs is comparable to that of KLB-1,
whereas that that of mantle source of North Pole MORBSs was comparabl e to or higher
than that of HK66 and PHN1611. (iii) SiO,-FeO diagram. Symbols:. a solid circle and
small open circles are primitive North Pole MORBs and partial melts from PHN1611,
respectively. Thick arrows indicate compositional variation of partial melts produced
from PHN1611 at 10 to 15 kb for gray, and at 20 to 30 kb for black arrow, respectively.
This diagram indicates that melting pressure and temperature of North Pole MORBs
was around 15 kb and 1325-1425 °C. Potential mantle temperature was calculated to be
1390 to 1550 °C using degree of melting (Kushiro 1996) and thermodynamic
parameters (Hirose 1998).

Figure 13. Zr variation diagrams of incompatible trace elements for MORBs and OIBs in the

North Pole along with modern MORB and OIB, Mare basalt and Highland basalt in
Moon, Eucrite, and Orgueil. Symbols are the same asin Figure 6.
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Table 1 Chemical composition of aphyric MORBSs

sample 95NP010 E204 E205 E206 E208 E209 E214 F237 B106 E148 E152 95NP106 97NP101 95NP507
S02 49.4 490 491 483 498 499 485 510 521 542 50.0 49.8 51.6 50.0
TiO2 1.07 163 133 122 107 132 131 112 1.03 117 0.65 1.06 1.45 1.04
Al203 151 144 136 139 141 137 143 151 148 134 139 150 13.3 15.3
FeOt 12.0 144 151 147 148 144 151 141 128 136 110 10.8 14.4 11.7
MnO 0.25 021 024 026 028 028 022 0.22 020 021 0.21 0.25 0.31 0.27
MgO 6.50 666 754 656 623 524 630 6.33 794 574 901 8.57 5.03 8.24
CaO 13.0 884 974 111 998 111 953 8.68 995 99 126 111 9.15 9.56
Na20 2.34 248 235 298 252 251 343 2283 096 159 245 2.98 4.00 341
K20 0.20 220 094 08 114 143 116 116 008 0.01 012 0.38 0.66 0.38
P205 0.10 024 012 010 010 012 015 010 010 011 0.07 0.09 0.14 0.09
total 100 100 100 100 100 1000 100 100 100 100 100 100 100 100
Mg# 49.0 451 471 442 429 393 427 445 524 429 594 58.5 38.4 55.7
Ni 117 69 84 104 90 74 79 68 79 35 96 150 85 144
Rb 5.4 2271 832 720 1113 1100 802 242 4.2 1.3 4.4 13 8.3 11
Sr 102 185 219 195 132 208 123 165 95 110 177 128 94 149
Y 19 31 18 13 15 15 15 20 19 21 12 21 19 20
Zr 60 167 83 57 64 74 79 63 59 78 38 64 110 62
Nb 1.6 8.9 3.9 2.7 31 3.7 4.1 2.0 1.8 2.7 0.8 1.7 5.1 1.6
Ba 176 344 161 317 160 134 171 1093 115 163 241 86 123 146
Pb 2.1 3.3 1.7 3.2 2.5 31 24 3.2 0.9 0.6 0.6 0.5 1.2 1.4
Th 1.0 13 12 0.9 15 13 11 0.8 0.2 0.8 0.9 0.3 1.4 1.0

Total iron as FeO



Table 2 Chemical composition of coarse-grained MORBs

sample  95NP005 95NP0O12  A120 C179 C183 C209 D144B E197 E200 F167 C011 CO017 CO018 C182 (C232 F219 G136 B091 B101 B164 C094 D122 EO67 EO072 E104 E174 E174-2 EL77
Si02 51.5 50.2 50.2 514 515 484 50.6 519 490 494 496 511 508 452 510 496 520 59.2 518 525 535 520 505 510 524 524 520 503
Tio2 0.64 161 093 105 059 201 178 197 110 1.08 050 055 083 231 108 099 0.72 169 100 131 106 18 059 116 118 240 238 228
Al203 9.80 15.2 137 103 986 6.39 124 146 812 156 110 102 118 49 66 136 80 139 150 156 146 143 160 138 143 137 137 134
FeOt 115 12.9 128 104 108 159 15.2 145 151 139 111 110 123 201 132 130 119 133 112 128 129 141 98 148 156 159 16.2 150
MnO 0.21 0.24 020 021 019 029 021 020 027 017 020 020 020 033 024 020 024 011 020 018 017 018 017 032 021 023 023 027
MgO 132 6.77 969 708 133 105 7.65 6.01 130 962 156 148 121 150 125 975 188 220 762 579 817 518 960 6.83 728 4.92 491 480
Ca0 112 9.63 102 194 123 153 812 755 119 827 107 105 105 117 141 108 8.00 417 758 783 6.66 693 102 917 780 757 756 114
Na20 1.65 2.39 209 000 114 048 354 214 103 193 083 093 116 024 107 173 025 501 528 355 282 506 300 283 115 253 269 204
K20 0.14 0.93 015 000 030 067 026 094 042 0.00 040 061 029 012 015 015 0.02 000 023 0.26 o 015 0.03 0.00 - - B -
P205 0.06 0.16 010 009 006 010 019 021 010 0.10 006 006 010 011 010 0.09 0.09 040 010 014 010 020 007 010 012 035 035 035
total 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100
Mo# 67.0 48.3 575 547 687 540 473 425 604 553 714 705 637 571 628 573 738 228 548 446 530 395 635 451 454 356 350 362
Ni 259 86 188 133 266 239 116 57 323 121 345 301 256 622 200 191 407 2 7 100 62 51 92 35 35 40 40 38
Rb 8.7 51.0 3.8 11 212 335 181 1510 237 06 425 443 119 20 29 4.4 0.7 0.7 75 6.6 0.3 3.8 23 12 09 0.8 1.0 1.0
Sr 124 200 112 560 76 68 80 135 30 67 49 82 88 121 58 176 25 76 97 161 108 127 174 121 60 98 99 133
Y 9.4 32 16 14 11 17 25 35 15 16 11 9.4 19 14 15 11 14 40 17 27 17 29 8 19 20 34 33 33
Zr 28 109 61 49 31 84 126 128 65 55 26 26 55 90 68 42 55 307 67 98 63 163 33 64 73 160 157 147
Nb 0.8 35 18 23 0.7 72 5.0 45 31 11 0.2 0.3 13 117 41 15 2.0 147 21 39 22 72 0.8 2.0 2.6 6.1 6.1 5.8
Ba 162 4269 179 445 834 271 101 307 202 16 114 171 73 1398 83 412 62 26 658 252 30 114 41 41 27 52 63 838
Pb 0.0 18 22 3.6 11 0.7 0.6 11 13 - . 19 31 17 21 19 17 35 0.8 24 15 32 14 47 22 6.2 53 5.7
Th 1.0 1.0 0.5 05 0.7 1.0 16 18 11 1.0 0.2 -0.3 0.5 23 11 0.8 14 4.6 0.7 14 0.6 19 14 13 07 14 16 16
La 139 164
Ce 325 3.9
Pr 0.47 0.65
Nd 224 310
Sm 0.78 1.05
Eu 035 046
Gd 113 146
Tb 025 0.26
Dy 18 171
Ho 043 037
Er 123 106
Tm 018 0.16
Yb 115 105
Lu 017 0.16

Totd iron as FeO



Table 2 (Continued)

sample E182 E313 E313-2 G211 El166 E171 E278 G055 G214
Si02 537 517 51.7 53.1 484 522 499 521 492
TiO2 069 0.89 0.89 0.64 057 053 031 087 081
Al203 163 150 15.0 16.0 113 114 128 113 138
FeOt 848 114 114 8.27 108 965 920 119 128
MnO 015 020 0.20 0.17 020 018 017 019 0.20
MgO 960 7.71 771 9.11 132 145 152 120 109
Ca0 672 7.24 7.24 7.51 150 966 122 961 107
Na20 421 547 5.47 4.96 052 160 018 172 128
K20 000 023 0.23 0.14 000 026 000 019 0.09
P205 0.08 0.08 0.08 0.07 008 007 005 011 011
total 100 100 100 100 100 100 100 100 100
Mg# 668 54.6 54.6 66.3 684 728 747 641 604
Ni 80 82 81 85 170 300 328 250 252
Rb 0.9 8.9 8.7 5.6 0.8 7.3 10 55 34
Sr 95 101 100 140 247 112 91 126 86
Y 13 15 14 13 8.9 12 6.7 21 18
Zr 43 59 57 42 31 40 15 79 46
Nb 1.0 17 16 0.9 0.7 12 0.0 2.8 1.0
Ba 32 898 899 177 27 85 62 441 118
Pb 13 0.2 05 0.9 11 12 0.4 0.9 0.8
Th 14 13 13 0.9 1.0 11 0.7 12 12
La 170 356 0.56
Ce 484 807 139
Pr 074 112 021
Nd 346 531 098
Sm 113 149 037
Eu 046 054 017
Gd 125 167 055
Tb 025 032 013
Dy 166 210 093
Ho 035 045 021
Er 102 135 064
Tm 015 019 0.09
Yb 101 124 061
Lu 016 020 0.09

Totdl iron as FeO



Table 3 Chemica composition of altered MORBs

sample 95NP014  95NP047 95NPO50 C100 C178 C206 C233 EI90 E207 F137 F148 F149 F175 F238 F240 BO75 B092 B107 CO079 C092 EO060 EI123 EI151 E321 G223
Sio2 50.5 432 48.4 515 483 484 468 483 486 494 502 603 449 485 487 620 500 487 475 660 520 476 490 660 511
Tio2 1.02 1.19 1.01 105 112 15 09 110 124 052 063 187 098 119 133 192 178 094 072 058 139 116 072 057 0.69
Al203 134 8.61 14.7 150 157 150 61 154 136 661 738 118 149 120 102 145 136 139 136 103 103 139 137 103 147
FeOt 13.0 16.1 113 153 119 112 133 120 134 111 113 167 102 136 138 125 135 119 116 102 123 128 111 99 856
MnO 0.25 0.29 0.20 006 022 019 024 028 026 021 021 017 019 020 025 003 013 021 021 005 019 019 022 005 018
MgO 6.28 15.8 821 113 522 716 124 536 631 206 173 389 617 89 894 324 642 778 738 853 543 688 809 839 105
Cao 10.2 8.74 9.57 020 114 979 129 101 869 654 775 045 978 494 101 031 415 839 824 016 140 938 947 017 443
Na20 3.40 0.09 1.85 - 310 236 104 114 310 021 094 - 256 352 187 - 408 063 264 -0.25 - 119 398 - 4.34
K20 0.14 0.07 145 - 025 09% 011 28 122 002 002 036 008 011 106 176 000 0.08 - -0.01 - - 0.02 - 0.11
P205 0.09 0.11 0.09 007 011 015 009 012 011 007 008 027 009 010 012 019 019 009 007 004 011 010 0.07 0.06 008
total 99.8 96.0 98.0 959 986 981 954 979 979 965 970 974 910 946 979 977 954 939 933 967 969 946 97.7 963 957
Ni 129 807 119 207 99 89 283 91 86 498 402 17 124 115 134 57 48 93 63 322 138 82 82 179 101
Rb 16 5.7 86 0.5 4.3 111 17 126 113 08 11 11 45 4.5 82 50 11 4.2 12 0.3 0.8 0.9 14 0.7 5.2
Sr 1121 35.1 153 9.3 142 172 48 126 211 18 22 11 62 100 79 22 152 114 124 11 412 151 89 9 217
Y 20.1 135 21 20 23 25 12 16 14 12 15 47 14 15 20 28 28 16 13 14 15 21 13 8 14
Zr 59.5 63.9 60 54 66 95 58 137 70 42 54 237 56 64 93 168 157 56 44 33 71 71 41 25 46
Nb 15 8.1 1.0 15 17 3.6 3.7 6.0 3.6 14 18 8.8 18 25 4.4 8.0 71 16 0.9 0.9 25 2.0 1.0 0.5 11
Ba 297.8 26.6 1062 50 232 169 118 3735 256 47 22 33 17 274 167 137 540 59 390 85 88 602 131 342 6728
Pb 20 0.2 41 0.7 13 22 1.0 28 25 11 11 0.9 14 19 10 54 3.6 14 0.6 0.4 4.6 14 0.9 5.0 29
Th 0.7 1.2 0.8 0.8 11 11 0.4 2.2 0.6 0.8 15 1.3 0.6 0.6 1.7 2.7 2.5 1.2 1.0 0.3 1.0 1.0 0.7 0.2 0.7

Total iron as FeO



Table 4 Chemical composition of aphyric OIBs

sample B159 B171 E332 F188 G066 O5NP154 95NP174 95NP033 95NP034 95NP063  95PNOOL BOS2 B0B5 E027 EO028 E046 EO047 E228 E231 E255 G093 G119 G119-2 G177
Si0. 496 519 517 581 527 496 52.1 54.6 513 54.3 53.4 544 531 522 544 518 530 516 527 528 507 5L7 511 493
Tio: 064 125 219 080 113 279 2,07 215 1.87 2.00 1.83 103 173 219 124 201 212 214 210 151 239 179 178 092
AlLO: 126 151 143 157 109 138 137 14.1 145 136 14.1 147 147 138 143 150 143 155 141 149 135 156 154 167
FeOt 123 140 162 95 125 156 16.4 12.8 156 163 14.2 102 142 166 132 151 158 124 154 139 163 122 131 107
MRO 024 020 020 011 024 023 0.27 0.19 0.15 0.14 0.20 016 022 020 018 022 023 017 020 018 025 020 020 0.14
MgO 139 7.7 590 220 926 659 407 8.02 10.1 558 6.05 903 761 522 764 819 791 7.83 344 664 459 645 636 433
CaO 96 80 446 727 104 100 521 5.33 5.39 6.74 5.87 610 506 699 58 39 32 56 68 76 50 69 68 109
NaO 101 170 378 610 018 119 5.88 2.66 0.94 - 429 309 324 255 297 357 321 463 498 224 476 427 428 542
K:O0 -002 000 099 012 248 - 0.05 - - 1.26 - - - 00l 005 005 000 000 000 002 037 072 073 019
POs 007 011 021 015 010 026 0.18 0.20 0.16 0.32 0.18 012 017 019 016 020 022 022 024 023 033 015 016 017
tota 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100
Mg# 668 496 393 293 568 429 307 52.8 535 379 432 612 488 359 508 491 471 529 285 459 334 485 463 418
Ni 184 89 39 90 117 29 11 a2 51 18 35 78 64 16 55 48 29 53 13 57 44 67 66 91
Rb 02 07 133 60 452 0.9 17 0.9 11 35 0.7 05 07 15 25 24 12 12 11 20 64 206 204 75
S 125 160 141 103 233 100 152 123 112 45 155 137 146 146 150 218 128 158 165 124 136 175 174 458
Y 10 22 32 14 17 31 28 28 26 44 25 20 24 30 24 31 32 3B 32 28 37 2 21 18
zr 30 73 132 121 76 137 133 129 103 225 128 114 137 145 133 164 181 155 173 145 166 86 85 140
No 08 22 50 46 28 55 5.8 45 34 76 49 47 59 47 43 72 81 50 69 53 65 31 31 56
Ba 102 53 129 104 174 15 47 493 665 182 11 716 113 1039 219 315 389 181 27 392 148 150 152 213
Po 18 039 43 23 22 23 29 71 39 29 40 67 95 48 65 66 38 32 57 31 15 08 22 84
Th 077 039 14 64 16 11 22 18 15 28 18 26 18 13 20 24 29 19 22 18 16 17 09 68
La 6.76 7.49
Ce 16.6 19.1
Pr 2.20 2.40
Nd 103 109
Sm 2.80 2.87
Eu 1.41 1.00
Gd 405 3.29
Th 057 0.47
Dy 3.23 2.77
Ho 0.63 0.56
Er 1.88 158
m 0.26 0.26
Yb 172 1.85
Lu 0.24 0.27

Total iron as FeO



Table 5 Chemical composition of coarse-grained OIBs

sample B099 B100 D109 EI09 E126 EI126-2 95NP164 95NP166 95NP173 95NP059 95NP069 95NP110 95PNO09 A099 Cl115 Cl116 Cl17 Cl119 Ci28 Ci136 D016 D065 D129 D132 E034 EO035 EO050 E227 E256 G196 G260 G272 G273 G279  G279-2
SiO. 533 497 525 507 424 421 55.0 55.9 50.3 52.0 52.7 48.9 516 489 519 517 490 514 525 554 460 524 492 490 502 513 543 535 529 507 527 532 519 519 511
TiO. 066 126 061 09 039 039 2.36 161 1.05 114 1.66 0.71 179 098 056 058 165 194 137 224 234 130 244 08 175 174 268 226 156 092 091 098 105 098 0.98
Al:Os 52 149 519 751 320 3.19 137 155 9.61 146 154 114 156 120 505 500 149 151 130 135 142 126 138 144 147 149 133 154 148 164 642 851 891 882 8.64
FeOt 98 141 907 146 160 16.6 15.8 136 118 122 131 127 128 142 978 98 158 186 125 152 180 129 184 118 142 134 159 123 136 106 129 127 126 124 135
MnO 022 017 019 024 027 027 0.27 0.17 0.23 0.20 0.16 0.22 023 023 019 020 019 018 022 024 024 023 027 024 023 018 017 013 023 016 024 019 024 021 0.22
MgO 149 60 156 136 335 332 4.00 3.96 10.3 6.26 4.39 137 6.01 109 165 164 627 110 693 411 556 821 429 88 842 757 401 793 721 371 134 102 110 111 111
CaO 157 86 157 123 428 426 5.02 5.16 130 10.1 7.40 10.3 6.83 110 153 153 749 143 929 422 949 913 704 118 611 568 51 4.7 74 112 132 111 118 120 11.8
NaO 022 514 102 005 - - 3.60 3.67 3.56 3.42 5.07 187 479 152 070 091 435 - 397 482 404 312 435 294 265 345 425 354 205 615 026 304 221 255 249
K20 000 012 002 - 002 0.03 0.03 0.23 0.01 0.04 0.05 0.14 015 017 001 002 028 043 012 002 005 002 005 005 001 003 001 004 - 0.18 N 001 014 001 0.01
POs 007 008 007 009 006 006 0.21 0.22 0.10 0.16 0.16 0.08 024 009 006 006 008 009 014 022 010 012 015 009 016 017 033 026 020 017 009 010 010 0.10 0.10
total 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100 100
Mg# 730 431 755 624 789 78.1 310 34.1 61.0 47.8 375 65.8 45.6 579 750 748 415 514 497 325 35 531 293 572 513 501 309 535 485 385 649 589 609 614 59.3
Ni 194 62 226 153 1089 1093 51 28 115 59 41 295 53 227 269 261 50 56 59 45 20 79 12 80 68 69 05 44 57 82 160 145 163 180 182
Rb 12 4.9 11 06 36 35 18 84 12 17 24 56 42 55 10 07 107 112 43 12 13 10 20 21 15 17 14 24 0.7 6.9 0.8 11 4.0 14 0.9
Sr 27 105 23 26 21 21 168 90 43 231 206 192 162 110 30 30 117 10 127 142 108 248 51 107 216 404 81 134 93 323 40 87 69 62 62
Y 13 14 12 15 45 6.1 30 36 17 25 24 11 29 13 8.1 94 13 14 19 31 13 21 18 11 22 25 45 38 28 18 15 14 16 14 15
Zr 42 53 38 52 20 22 140 176 66 122 116 38 134 43 28 30 52 56 88 174 56 87 74 37 125 137 238 162 144 138 59 63 68 61 62
Nb 11 15 0.9 15 05 0.4 55 74 21 45 45 0.8 4.7 12 05 0.7 16 17 3.6 7.0 22 33 32 11 55 59 119 54 52 55 16 23 24 22 23
Ba 36 83 74 71 6.6 83 34 162 19 91 114 7 84 69 47 130 492 141 65 66 92 676 59 36 858 4794 26 39 410 384 542 13 43 85 26
Pb 18 12 0.4 0.7 05 0.3 6.6 31 12 26 75 29 16 - - 058 0.8 18 15 19 26 29 32 31 54 56 12 12 19 3.6 16 0.1 11 12 12
Th 11 095 12 16 05 0.8 20 26 1.0 17 14 11 19 037 072 000 11 066 08 21 032 090 12 0.9 22 22 34 18 15 73 15 11 13 0.9 05
La 5.43 3.24 4.89
Ce 1271 7.56 1132
Pr 173 1.00 152
Nd 7.95 471 717
Sm 229 142 2.10
Eu 0.99 0.56 0.81
Gd 2.76 193 2.62
Th 0.51 0.29 0.45
Dy 325 168 291
Ho 0.64 0.33 0.61
Er 184 0.95 172
™ 0.26 0.13 0.24
Yb 161 0.87 151
Lu 0.24 0.12 0.23

Total iron as FeO



Table 6 Chemical composition of altered OIBs

sample D108 B109 E313 F187 95NP052 95NP056 95NP083 95NP065 95NP090 95NP101  95NP104 95NP107 B092 C160 C172 E006 G120 G161 G093

SO: 447 494 491 546 551 55.9 51.3 55.8 4.7 47.8 47.6 484 500 491 524 501 493 508 490
TiG: 168 059 084 083 0.81 0.79 2.06 1.49 155 152 272 172 178 168 147 158 176 175 231
Al:Os 140 507 143 155 145 15.0 13.2 13.9 13.6 133 12.2 13.0 136 134 125 137 136 138 131
FeOt 160 884 109 949 9.35 9.37 138 12.3 145 131 14.4 14.2 135 133 155 123 147 127 157
MnO 022 035 019 0.12 0.12 0.15 0.17 0.12 0.18 0.18 0.18 0.22 013 017 017 023 025 021 024
MgO 663 144 733 280 2.59 4.14 243 2.32 8.61 6.72 3.81 4.16 642 524 653 567 331 464 444
CaO 768 154 6.88 563 6.56 6.38 6.50 4.06 6.33 6.72 8.44 7.69 415 623 403 6.08 617 530 488
NaO 406 040 519 534 2.38 2.60 3.08 5.01 0.72 2.28 1.36 0.21 408 4.05 - 341 416 479 460
K0 0.41 - 022 0.39 154 132 0.05 0.11 - - - 0.70 - - 034 008 030 006 035
P:Os 008 007 008 0.15 0.15 0.14 0.24 0.20 0.14 0.14 0.31 0.23 019 017 019 015 013 017 032
total 955 945 950 949 93.1 95.8 92.9 95.3 90.3 91.8 91.0 90.5 939 932 931 933 936 942 950
Mg#
Ni 52 201 81 99 84 93 19 20 60 58 - 29 48 37 36 57 0.4 44 44
Rb 7.3 0.8 8.7 15 65 36 25 4.8 13 0.5 12 21 11 0.3 9.3 3.6 5.6 3.2 6.4
Sr 31 39 100 219 206 684 139 67 38 61 57 41 152 209 24 134 113 256 136
Y 13 10 14 19 17 17 33 41 22 22 42 37 28 25 36 27 23 27 37
Zr 53 31 57 137 137 136 200 197 92 94 191 195 157 135 167 110 105 134 166
Nb 15 0.9 16 51 53 54 9.7 85 2.8 29 79 6.7 7.1 52 6.0 35 3.8 52 6.5
Ba 344 44 899 491 450 957 215 135 75 281 12 194 540 53 73 218 182 67 148
Pb 1.0 19 05 91 9.6 7.0 51 54 11 39 0.8 13 3.6 2.7 0.9 7.9 3.6 34 15
Th 0.6 1.2 13 65 8.2 6.4 3.3 2.6 1.2 0.5 1.9 2.6 2.5 17 1.8 1.7 1.2 1.8 1.6

Total iron as FeO
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V-1 Introduction

The compositional and isotopic evolution of the Earth has been relatively well
discussed (e.g. Allégre et al. 1980; Galer & Goldstein 1991; McCulloch & Bennett 1994).
Nevertheless, thermal evolution of the Earth has not been investigated so much well (e.g.
Richter 1985; Davies 1992; Ogawa 1997). Especially, direct observations of the temperature
of ancient mantle appear to be insufficient to construct the models compared to the
investigation of compositional and isotopic evolution. Therefore, the lack of data of ancient
thermal condition appears to make computational calculation of the thermal evolution of the
Earth ambiguous.

It was widely accepted before 1970s that the Earth has evolved in a very nearly steady
thermal state, because it was thought that the rate of heat loss from the Earth would be similar
to the rate of heat production in chondritic earth (Urey 1956; Birch 1958; Tozer 1965, 1972).
However, in 1980s, estimates of the heat loss incorporating revised cal culation of the heat loss
from oceanic regions indicated that the heat loss form the Earth are about 30 % higher than
would be expected for steady state heat flow from a chondritic Earth (Davies 1980; Sclater et
al. 1980, Pollack 1980). On the other hand, many geological evidences for the steady state
thermal evolution of the Earth were reported in the last half 1970s; for example, (1) similarity
of the geotherma gradient of Archean-aged continental lithospheres to the Phanerozoic
continental geothermal gradient (Burke & Kidd 1978), (2) similarity of the metamorphic
facies series between Archean and more recent rocks (Windley 1976; Watson 1978), (3) the
similarity of the height of mountain between the Archean and the modern (England & Bickle
1984), and (4) The presence of the Archean-aged diamond in kimberlite (Richardson et al.
1984). Nevertheless, Some geological evidences against the steady state of thermal evolution
are also reported; for example, (1) the eruptions of extreme high temperature magmas of
ultramafic komatiitic magma (Green et al. 1975; Bickle et al. 1977; Arndt & Nisbet 1982;
Bickle 1982), and (2) estimate of bulk composition of the Earth (Jagoutz et al. 1979). Bickle
(1978) proposed the plate tectonics in the Archean because of explaining the apparent
contradiction. Jordan (1975ab, 1978, 1981, 1988) strongly advocated that the continental
lithosphere was chemically distinct from the normal mantle, and that the thickness was not
controlled by the temperature of the mantle. Richter (1985) cal culated the thermal evolution
of the mantle assuming of double-layered mantle convection and chemica distinct
tectosphere, and solved the paradox.

In 1990s, despite of the some previous works (Richter 1985; 1988), the significance of
the combination of magmatism and mantle convection come to be recognized (Ogawa 1988,
1994). In addition, Ogawa (1997) showed that the Archean-Proterozoic boundary was a
turning point from the large-scale melting and chemical layering of the mantle to thermal
convection of solid-state mantle. Moreover, the presence of instability in mantle convection at
the Archean-Proterozoic transition was suggested by computer simulations (Breuer & Spohn
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1995). The calculation implies the episodic evolution of the mantle instead of gradual
change of the mantle. Since the last half of 1980s, the evidences of the Archean plate
tectonics have been reported in many Archean terrains (e. g. de Wit et al. 1987ab; Kusky
1991; Ohta et a. 1996; Komiya et al. 1998). However, operation of the plate tectonics
conflicts with the high temperature of the Archean mantle, because heat |oss through the plate
tectonics is relatively low (Davies 1992). Therefore, estimate of the Archean mantle
temperature becomes significant for not only the thermal history of the mantle but also
Archean tectonics.

Thiswork estimated the potential mantle temperature of source mantle of the 3.5 Ga
MORB based on the multiple saturation experiments of the most primitive Archean MORB
from the 3.5 Ga North Pole area.

V-2 Starting materials
V-2.1 Estimate of original composition of NPMORBs

Two types of basalt are recognized in North Pole area;, NPMORBs and NPOIBS,
respectively. The formers occur in Unit | and 11, which are covered with thick-bedded chert,
suggesting that it was derived from mid-ocean ridge vol canism based on accretionary geology.
On the other hand, the latters occur in Unit 111, which are repeatedly interbedded by thin chert
layers, suggesting that they originated from oceanic island magmatism. A komatiite flow at
the bottom and minor amount of basaltic komatiites flows all over the area of the Unit 111 also
support the estimated tectonic setting (Campbell et al. 1989; Campbell & Griffiths 1993)

To obtain the original magmatic composition, greenstone samples were carefully
selected for the major and trace elements analyses step by step. First of al, field occurrence of
greenstones appears to be related to the extent of the secondary aterations and the distribution
of the altered zones. For example, the extensive altered zones appear at the stratigraphic top of
the pillow lava flow units, or in the surroundings of large quartz veinlets such as T-chert.
Such dtratigraphically controlled alteration suggests a hydrothermal alteration right after
eruption, accompanied with the interaction with seawater. It is suggested that the involvement
of the fluid from the neighboring sediments al so disturbs the composition, especially isotopic
composition. Therefore, about 2,500 greenstone samples elsewhere were preferentially
collected from least altered area, remote from the T-chert and sedimentary layers. Massive
lavas are preferred to pillow lavas because many pillow suffered low-temperature
hydrothermal alteration along concentric fissures. At the second stage, <1-cm-thick slabs
were cut from each sample to select the rock samples without a visible internal fracture filled
with quartz, chlorite and epidote minerals and the heterogeneous surfaces. Whole rock
powders were prepared for 112 fresh samples, which contain neither veinlets of quartz,
chlorite, and calcite, nor the heterogeneous domains even under the microscope. Slabs whose
surfaces were polished were broken into small pieces, ultrasonically cleaned in de-ionized
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water and ethyl alcohol, dried, and powdered in atungsten carbide shatter-box.

Petrographic observation and major element chemistry indicate that clinopyroxenes are
saturated just after plagioclase in NPMORBS. Plagioclase-join leads to abruptly changing the
slope of liquid line of descent. During olivine fractionation, on a plot of MgO versus Al,O,,
Al O, increases with decreasing MgO; when plagioclase joins olivine on the liquidus,
however, the sopes of the liquid line of descent changes abruptly and Al,O, decreases
substantially with decreasing MgO. On the other hand, on a plot of MgO versus TiO,, TiO,
increases slightly with decreasing MgO; in plagioclase crystallizing, however, the slope of the
liquid line of descent changes abruptly and TiO, increases substantially with decreasing MgO.
Thus, precise MgO content where plagioclase joins olivine on the liquidus can be estimated
from the mode of the liquid line of descent. Moreover, substantial increase of TiO, content on
Mg* versus TiO, diagram allows us to estimate the precise partition coefficient, defined by
K d™oM®O=(Fe?* IMg*")™/(Fe/Mg?)". Figure 9ain Chapter IV shows Mg value versus Al,O,
content in NPMORBSs-1, indicating that plagioclase joins olivine at 60 in Mg#, equivalent to
8.5 wt % in MgO. Figure 9b in Chapter 1l shows Mg* value versus TiO, content in
NPMORBs-I and the calculated melt equilibrated with clinopyroxene phenocrysts. The melt
composition is calculated using the partition coefficient, Kd™>™"® = 0.26 for Mg* (Sisson &
Grove 1993, Tormey et al. 1987) and D, = 0.20 for Ti content (Green 1994), respectively.
Despite of dight dispersion due to less accuracy of microprobe analyses, the calculated
compositions are plotted on the liquid line of descent defined by NPMORBs-I. If TiO, content
remained during metamorphism because TiO, empirically is regarded as immobile element,
the evidence indicates that secondary alteration plays insignificant role on Mg value.

NPMORBs-I has lower Al,O, than the modern MORBSs at high MgO contents (> 10
wt %). NPMORBs-| has lower TiO, and P,O, than the modern MORBs at low MgO contents
(< 7wt %). It also has lower Zr and Y at any given MgO content (especially low MgO), and
higher FeO* and MnO at high MgO content (> 10 wt %) relative to the modern MORBSs. SiO,,
CaO, Ni, Sr, and Na,0O contents of NPMORBs-I are similar to those of the modern MORBSs.
They have adlightly light and middle REE-depleted pattern. The pattern of the liquid line of
descent of the NPMORBs-| issimilar to that of the modern MORBs.

V-2.2 Water content in NPMORBs

Higher water content in melt breaks Si-O chains in the silicates to increase SiO,
activity (Kushiro 1975). Moreover, high water content changes appearance temperature of the
silicate phases to the varying degrees. Especially, the liquidus volume of plagioclase shrinks
to delay plagioclase-saturation, relative to other phases such as olivine and clinopyroxene.
The late fractionation of plagioclase leads to higher Al,O, in magmas at moderate MgO
content. The refraction of liquid line of descent of NPMORBs is located at 8.2 wt % in MgO
on MgO versus Al,O,, and is equivalent to the modern MORBSs (Klein & Langmuir 1987).
Both the ternary diagrams of cpx-pl-ol and cpx-pl-gz (Tormey et al. 1987; Grove et al. 1992;
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Gaetani et a. 1993; Sisson & Grove 1993) indicate that NPM ORBSs crystallized under the
low-pressure anhydrous condition (see the Figure 10 in Chapter 1V). Water content affects the
composition of clinopyroxenes. Higher water content leads to higher Al,O, and CaO content
in clinopyroxenes (Gaetani et al. 1993; Parman et al. 1997). Clinopyroxenesin NPMORBs
have as higher Al,O, and CaO contents as those in NPOIBs (see the Figure 4 in Chapter 1V).
Therefore, NPMORBSs had insignificant water, equivalent to modern MORBS, ca. 0.12 wt %
(Sobolev & Chaussidon 1996).

V-2.3Ferricto Ferrousratio at the formation of NPM ORBs

Ferric to ferrous ratio in mantle is controlled not only by oxidation states (Hill &
Roeder 1973; Kress & Carmichagl 1989, 1991), but also chemical composition (Hill &
Roeder 1973; Mo et al. 1982; Kress & Carmichael 1989, 1991), mineral assemblage (O’ Nelll
et al. 1993), pressure (BVSP 1981; Mo et a. 1982; Kress & Carmichael 1989, 1991),
temperature (e.g. Miyashiro 1973; Kress & Carmichael 1989, 1991), and phase chemistry
(O’ Neill et al. 1993; Wood & Rubie 1996; McCammon 1997; McCammon et al. 1997). For
example, Fe**/& Fe in NMORBs has been long believed to be about 0.1 to 0.15, based on the
whole rocks chemistry (e.g. Miyashiro et al. 1969). If Fe**/a Fe ration remains constant during
magma ascent, MORB should be formed around the FMQ buffer condition, equivalent to
logfO,=-7. Therefore, assuming that the degree of melting is 12 % and distribution of Fe**
among the solid phases of peridotite, D =0.2, source mantle should have 0.389 wt %
in Fe,O,. However, Fe**/a Fe ratio of fresh glasses mid-ocean ridge basalt is only 0.07+0.03,
equivalent to FMQ-2 (Christie et al. 1986), because fractional crystallization, volatile loss,
sea-water ateration cause Fe*/& Feratio to increase. Therefore, mantle source has 0.145 wt %
in Fe,O,; namely, Fe*/aFe ratiois 0.018. The calculationis consistent to the Mdssbauer
analyses of natural primitive lherzolites, Fe**/a Fe=0.023+0.005 under FMQ condition
(O'Neill et al. 1993). Supposing melting under IW buffer condition, the source mantle has
Fe*/a Fe=0.005, and 0.044 wt % in Fe,0,. Very low Fe,O, content should be of
insignificance on melting relation. In addition, as far as source mantle consists of mineral
assemblage of peridotite, Fe,O, content must be suppressed because those minerals such as
olivine, orthopyroxene, and clinopyroxene contain insignificant amount of Fe,O, (O’ Neill et
al. 1993).

Therefore, graphite capsules are preferred to maintain the low Fe*/a Fe ratio during
the experiment.

V-2.4 Composition of starting materials
The sample used in this study, 97NP106, is the most primitive one of NPMORBs-I.

The rock sample was collected from Unit | in the southern region of North Pole area.
Starting materials are prepared as mixtures of a powdered natural rock sample
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97NP106 with synthetic olivine mixture from analytical reagent grade chemicals. Both
rock powder and analytical reagent grade chemicals are carefully ground under alcohol and
heated at 1000 °C for three hours before measurement. Four starting mixes were prepared for
the experiments with different amounts of synthetic olivine mixtures.

In Table 1, the results of XRF analysis of 97NP106 and of microprobe analysis of the
glass fused of four stating mixes just above the liquidus are shown. Four starting mixes have
8.70, 10.3, 11.8, and in MgO, respectively.

V-3 Experiments
V-3.1 Experimental methods

The high-pressure melting experiments were carried out in graphite capsulesin a solid-
media apparatus using the hot piston-out method described by Boyd and England (1967).
Pyrex glass deeves with graphite heater were used in the 3/4-inch diameter furnace
assemblies. Temperature was measured and controlled by Pt/Pt,Rh,, thermocouples.
Temperature is precise within 2- 3 °C and has not been corrected for pressure effects. The
experiments were made in the pressure range between 10 and 20 kbar, and in the temperature
range between 980 and 1340 °C. Run durations ranged from 15 to 20 minutes because long
run duration using graphite capsules causes the precipitation of metal blobs such asiron and
nickel. Identification and chemical analyses of phase were made with a scanning electron
microprobe (JEOL JSM5310) with Link EDS systems and the electron probe microanalyzer
(JEOL-JXA-8800) housed at Tokyo Institute of Technology. Analytical conditions were 15
KV accelerating voltage, 1 nA specimen current and 60 — 80s counting time for a scanning
electron microprobe, whereas were accelerating voltage 15 kV, 12 nA beam current and
counting time 10-40 s for microprobe. Oxide ZAF correction method was employed for
microprobe measurements.

V-3.2 Experimental results

The results of melting experiments are summarized in Table 2 and Fig. 2-5. The results
are consistent to similar experiments for modern island arc basalts and modern MORBs
(Tatsumi 1982, 1983ab; Fujii & Bougault 1983).

For 97NP106, which has 8.60 wt % in MgO, at any pressure, clinopyroxeneis the
liguidus phase and followed by orthopyroxene. Olivine does not join the liquidus volume at
any pressure. The temperatures are above liquidus for most runs. The phase relationships
suggest that if multiple saturation point were to exist, the point should be located at less than
10 kbar (Fig. 2).

For the start 1, which has 10.1 wt % in MgO, at any pressure, clinopyroxene is the
liquidus phase and followed by orthopyroxene and plagioclase. Olivine does not join the
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liquidus volume at any pressure. The phase relationships suggest that if multiple
saturation point were to exist, the point should be located at less than 10 kbar (Fig. 3).

For the start 2, which has 11.9 wt % in MgO, olivine is the liquidus phase at |ess than
12.5 kbar, and followed by clinopyroxene. At above this pressure, clinopyroxene is the
liquidus phase and followed by orthopyroxene and then plagioclase. Orthopyroxene also
appears very near the liquidus at 15 kbar. These phase relations suggest that the start 2 magma
coexists with alherzolitic mineral assemblage at about 13.5 kbar and 1340 °C (point A in Fig.
4).

For the start 3, which has 15.1 wt % in MgO, olivine is the liquidus phase at |ess than
15 kbar, and followed by orthopyroxene and clinopyroxene. Orthopyroxene is the liquidus
phase at high pressure. These phase relations indicate that the start 3 magma coexists with a
Iherzolitic mineral assemblage at about 15 kbar and 1350 °C (point B in Fig. 5).

Plagioclase sometimesfailed to crystallize in short-duration runs as pointed out by
Bender et al. (1978). It is because the rates of nucleation and growth of plagioclase in basaltic
melts are very small, compared to other ferromagnesian minerals (Donaldson 1979; Fujii &
Bougault 1983). In run #12, amorphous plagioclase is present around gquench crystal
plagioclase.

V-4 Discussion

V-4.1 Interpretation of the temperature and pressur e estimated by multiple saturation
experiments.

Before the first half of 1980s, more or less, a single composition was introduced as the
primary magmas of MORBs. Therefore, multiple saturation experiment (Kushiro &
Thompson 1972; Kushiro 1973; Fujii & Bougault 1983) and melting experiments of natural
peridotite (Jaques & Green 1980; Stolper 1980; Elthon & Scarfe 1984; Presnall & Hoover
1984; Fujii & Scarfe 1985; Falloon & Green 1987, 1988) was conducted for the estimate of
the depth and temperature. In the latter case, the estimated temperature and pressure depends
on the composition of natural peridotite In the former case, estimated temperature and the
pressure would depend on the composition of selected starting material. It is because the
extent of olivine fractionation is poorly restricted. Despite of presence of two opposing
schools for MORBSs genesis, high pressure picritic (O’ Hara 1968; Green et al. 1979; Stol per
1980; Elthon & Scarfe 1984) or shallow level tholeitic primary magma (Kushiro &
Thompson 1972; Kushiro 1973; Presnall et al. 1979; Fujii & Bougault 1983), the temperature
and pressure for MORB genesis were estimated. However, in the late half of 1980s, the
outline of melting mechanism for the modern MORBs was established (Klein & Langmuir
1987; Bickle 1986; McKenzie & Bickle 1988). The most impressive change would be the
accumulation of small melt batches from wide pressure range for MORB magma. Many
evidences for fractional melting are reported in 1990s (e.g. Johnson et al. 1990; Sinton et al.
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1993; Sobolev & Shimizu 1993; Iwamori 1993). Recently, the presence of small amount
of meltsthat involved garnet fractionation in MORBs is controversial (Shen & Forsyth 1995;
Hirschmann 1996; Stolper & Hirschmann 1996; Kinzler 1997). Therefore, the interpretation
of the temperature and pressure estimated by multiple saturation experiments is ambiguous
and controversial. Hirose and Kawamura (1994) demonstrated that both the melting processes,
incremental melting and batch melting, can generate melts with similar major element
compositions from the identical source if mantle melts isobarically, although higher
temperature is required for incremental melting. Moreover, both the melting processes could
generate melts with similar major element compositions even if accumulation of polybaric
incremental melts govern the melting mechanism (Hirose & Kushiro 1998). It contrasts with
case of isobaric melting, however, that the higher potential temperature is required for batch
melting to generate melt with a similar major element composition. The difference of
potential temperature for batch and fractional meting is estimated about 40 °C. Therefore, the
potential mantle temperature is estimated in this study, assuming batch melting.

V-4.2 Estimate of potential temperature of the NPM ORBs

The estimate of potential temperature of the Archean mantle has been reported since
1990 (e.g. Takahashi 1990; Nisbet et al., 1993; Ohta et al. 1996). Ones estimated potential
temperature of Archean mantle from only MgO content in peridotitic komatiites (Takahashi
1990; Nisbet et al., 1993). MgO content of primary magma were estimated using olivine
maximum fractionation model. The estimate, however, very severely depends on the amount
of added olivine and the dependence of partition coefficient on composition, temperature and
pressure even if the composition of most magnesian olivine phenocrysts is known. On the
other hand, Ohtaet al. (1996) compared the estimated primary magmawith experimental
melts from natural peridotite. However, the composition of primary magma depends on not
only temperature and pressure at melting but also the composition of peridotites. In addition,
Al,O, and CaO content of magma are dependent on the extent of fractional crystallization.
The estimated temperature and pressure is inconsistent to the trace elements chemistry, e.g.
REE pattern (Ohta et al. 1996).

The temperature and pressure estimated by multiple saturation experiments are, of
course, independent of the composition of source mantle. While, because they are dependent
on the composition of selected stating materials, the most primitive and its derivatives of
97NP106 are prepared. Experimental results indicate that NPM ORBs magma was formed at
13 to 15 kbar, and 1340 to 1350 °C. Assuming 0.6 °C/km for slope of adiabat, 590 kJ/kb (140
cal/g) for heat of fusion, and 1.26 kJ kg™K™ (0.3 cal/g’C) for heat capacity, potential mantle
temperature is calculated. Because the calculation of potential mantle temperature requires the
degree of melting, degree of melting is estimated based on melting experiments of PHN1611
(Kushiro 1996; Hirose & Kushiro 1998). The degree of melting that NPMORBs magma is
formed at 15 kbar and 1350 °C is estimated as 20.3 %. It is shown by calculation that the
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mantle which produces 20.3 partial melt at 15 kbar and 1350 °C has 1420 ° C of potential
mantle temperature. If the primary melts of the modern NMORBSs have about 50.5, 12, and
7.2wt % in SiO,, MgO and FeO respectively, the potential mantle temperature is estimated as
about 1300 °C (see the Figure 12b in Chapter IV). Thickness of oceanic crust indicates that
the potential temperature of the modern upper mantle is 1320 °C, assuming the batch melting
(Ilwamori et al. 1995). Because in fact, MORBSs are produced through the fractional melting,
potential mantle temperature estimated by the composition of the MORBSs possibly tends to
be lower than that by the thickness of oceanic crust (Hirose & Kushiro 1998).

On the other hand, the potential mantle temperature was estimated by comparison of
the primitive NPMORBSs and experimental melts from PHN1611. The detailed procedures for
estimate of the composition and potential temperature of source mantle are shown elsewhere
(Chapter I11 and V). Primitive NPMORBSs are plotted over the melt formed at 1325, 1400,
and 1425 °C, at 15 kbar. Each degree of melting is 18.4, 26.9, 35.9 %, respectively according
to experimental data (Kushiro 1996). Therefore, the potential mantle temperature is obtained
as 1384 to 1566 °C. Such the high potential mantle temperature resulted in thick oceanic crust,
about 20-km thick (Klein & Langmuir 1987; McKenzie & Bickle 1988; Iwamori et al. 1995)

Although the potential mantle temperature estimated by multiple saturation
experiments is within that by comparison of the primitive MORBs with experimental melts,
the latter tends to be higher than the former. It is probably because the composition of source
mantle is different from the PHN1611, especialy in Al,O, and CaO. The starting materials
are plotted on Walker’s ol-pl-gz ternary projections (Walker et al. 1979). It is recognized that
despite of the different compositions of peridotites, isobaric compositional trends of the melts
form as single lines in the projections (Fig 1, see also the Hirose & Kushiro 1993) whereas,
isothermal compositional trends severely depend on the composition of peridotite, especially
at low temperature (Fig. 1). Figure 1 also shows the melt of start 2 can be formed at 15 kbar
1350 °C, which is consistent of the multiple saturation experiments. However, the expected
melting pressure and temperature are inconsistent to the results of multiple saturation for the
melts of 97NP106, start 1 and start 3. The results imply that the 97NP106, the start 1 and the
start 3 are not primary magmas.

If the potential mantle temperature was 1420 °C, ascending mantle would pass the
solidus temperature of PHN1611 mantle at more than 30 kb. The calculations suggest
NPMORBs should have the garnet signature (Hirschmann & Stolper 1996). However,
NPMORBSs have L REE-depleted REE pattern as shown above, and apparent garnet signature
is not recognizable in REE pattern of NPMORBSs. However, Y/Zr ratio of NPMORBSs s lower
than the chondritic ratio, implying garnet signature.

V-4.3 Thermal condition of the Middle Archean mantle

The melting temperature of komatiitesisrelatively well constrained (e.g. Takahashi
1990; Nisbet et al. 1993). However, it is widely accepted that komatiite was not produced
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from normal upper mantle, but from plume source mantle at higher pressure or highly wet
mantle (e.g. Takahashi & Scarfe 1985; Inoue & Sawamoto 1992). Therefore, the potential
mantl e temperature estimated from the komatiite magma does not possibly represent that of
normal upper mantle in the Archean. On the other hand, the potential temperature of source
mantle of MORBSs was reported from only 3.3 Ga Cleaverville MORBs, about 1400 °C (Ohta
et al. 1996). Moreover, it seems that their results have some contradictions, for example lack
of garnet signature and unreasonable thermal parameters.

Our estimate of the potential temperature of 3.5 Ga MORBSs source mantle, 1420 °Cis
much lower than previous works, 1900 °C (Nisbet et al. 1993). One of the reasons is because
the former represents the potential temperature of normal upper mantle, whereas the latter
represents the plume source mantle. Higher temperature of mantle results in double-layered
mantle convection because of high Rayleigh numbers. Therefore, it is thought that the
Archean mantle whose potential temperature was high enough to produce komatiites, over
1900 °C convected in double-layered. However, if the potential mantle temperature is 1420 °C,
even single-layered convection can release the heat from the mantle (Richter 1985). Phase
change from gspinel+garnet+Ca-perovskite to Mg-perovskitetmagnesiowistite+Ca-
perovskite at 650 km induces the layered convection if the Clapeyron slope of the reaction is
low, -4 to -8 MPa/K (Christensen & Y uen 1985). Although effect of phase change on the
mode of mantle convection in the Archean will be discussed elsewhere (Chapter V1), the
Archean mantle was certainly inclined to convect in double-layered in than the modern.
Nevertheless, low heat |oss from the mantle through only plate tectonics leads to increase of
mantle temperature when mantle is about 50 °C hotter than at present. The cal culation appears
to be inconsistent to the geological evidences of plate tectonics (Davies 1992). However, the
episodic mantle overturn or active plume volcanism would account for the apparent
inconsistency (Breuer & Spohn 1995).

Assuming that the thickness of lithosphere is rheologically controlled by the
temperature at the bottom of the lithosphere, the Archean lithosphere would be less than 30
km thick when the potential mantle temperature, was 1420 °C (Richter 1985). The calculation
suggests the presence of the partial molten layer beneath the lithosphere, 60 km thick. It has
been long regarded as inconsistency with the geological observation because of the lack of
evidences of large-scale magmatism on the continents (Bickle 1978). However, if any
continent was underlain by the thick tectosphere in the Archean, high potential mantle
temperature did not necessarily lead to large-scal e volcanism on the continents. On the other
hand, thin oceanic plate led to high geothermal gradient, suggesting the presence of partial
molten layer beneath oceanic plate. Although thisideais not new (Nisbet & Walker 1982), it
alows usto explain the occurrences of Al-undepleted komatiites in the Archean.

Al-undepleted komatiites occur widely in the Archean terrains. These magmas are
characterized by high degree of melting and no garnet signature. Any normal adiabatic
decompressional melting can not produce such magmas because higher degree of melting
requires the beginning of melting at higher pressure. However, the presence of partial molten
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layer in steady state does not require the high pressure melting, which is consistent to the
geochemistry of Al-undepleted komatiites and the occurrences of relatively thick and long
flows (Arndt et al. 1977). The duration of presence of the partial molten layer depends on the
heat |oss from the mantle. High activity of magmatism leads to high heat loss and decreasing
potential mantle temperature, which appears to be consistent to the limited occurrences of
komatiites in the Archean.
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V-5 Conclusions

(1) Multiple saturation experiments were conducted in the pressure range between 10 and
20 kbar, and in the temperature range between 980 and 1340 °C using the four
derivatives from most primitive 3.5 Ga MORBS, collected from the North Pole area,
Pilbara Craton.

(2) The start 2, 11.9 wt % in MgO, and start 3, 15.1 wt % in MgO, have the multiple
saturation point of olivinetorthopyroxene+clinopyroxenetliquid, which is located at
1340 °C, 13.5 kbar and 1350 °C, 15 kbar, respectively.

(3) The potential mantle temperature, 3.5 Ga s estimated as 1420 °C, assuming that the
composition of source mantle is the same composition as PHN1611.

(4) The estimated potential mantle temperature is only 120 °C higher than that of modern
mantle.

(6) High potential mantle temperature leads to the partial molten layer beneath oceanic
lithosphere. Al-undepleted komatiites, which are characterized by high degree of
melting and no garnet signature, presumably were derived from plume magmatism
from the region.
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FIGURE CAPTIONS

Figure 1. Normative composition of starting materials projected from cpx on to pl-ol-gz
pseudo-ternary phase diagram (Waker et a. 1979). Also shown are normative
compositions of the isobaric (thick broken line) and isothermal (solid line)
compositional trends defined by the partial melts from (a) PHN1611 (Kushiro 1996), (b)
KLB-1 (Hirose & Kushiro 1993) and (c) HK66 (Hirose & Kushiro 1993) with
isoplethes of degree of melting (fine broken line). Numbers attached with thick broken
line, solid line and fine broken line are melting pressure, melting temperature and
degree of melting, respectively.

Figure 2. Melting phase relations of the Start 0, which is most primitive aphyric MORB in
North Pole  area No multiple  saturation point defined by
olivinetclinopyroxenetorthopyroxenetliquid is present, suggesting that this magma
was not derived directly from partial melting of a mantle peridotite, but was affected by
some crystal fractionations. Abbreviations are: ol = olivine; cpx = clinopyroxene; opx =
orthopyroxene; lig = liquid.

Figure 3. Melting phase relations of the Start 1, which is a mixture of most primitive aphyric
MORB in North Pole area with amounts of the equilibrated olivine. No multiple
saturation point defined by olivinetclinopyroxene+orthopyroxene+liquid is present,
suggesting that this magma was not derived directly from partial melting of a mantle
peridotite, but was affected by some crystal fractionations. Abbreviations are the same
asin Figure 2.

Figure 4. Melting phase relations of the Start 2, which is a mixture of most primitive aphyric
MORB in North Pole area with amounts of the equilibrated olivine. A multiple
saturation point defined by olivinet+clinopyroxenetorthopyroxenet+liquid is present
around 14 kb, 1325 °C, suggesting that this magma was coexisting with a mantle
peridotite. Abbreviations are the same asin Figure 2.

Figure 5. Melting phase relations of the Start 3, which is a mixture of most primitive aphyric
MORB in North Pole area with amounts of the equilibrated olivine. A multiple
saturation point defined by olivinet+clinopyroxenetorthopyroxene+liquid is present
around 15 kb, 1350 °C, suggesting that this magma was coexisting with a mantle
peridotite. Abbreviations are the same asin Figure 2.
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Table 1 Chemical datafor starting materials (major elementsin wt %)

sample 97NP106 startl start2 start3 97NP106*  startl* start2* start3*
SiO2 498 493 489 482 50.8(0.68) 51.2(0.59) 50.5(0.66) 49.3(0.55)
TiO2 110 105 100 091 1.11(0.13) 0.92(0.11) 0.91(0.10) 0.88(0.15)
Al203 150 144 136 124 14.9(0.39) 13.9(0.23) 13.4(0.33) 12.3(0.19)
FeO 108 109 110 111 10.6(0.70) 10.3(0.27) 10.6(0.49) 10.6(0.62)
MnO 020 020 020 0.20 0.17(0.21) 0.18(0.11) 0.21(0.17) 0.00(0.00)
MgO 860 101 119 152 8.70(0.23) 10.3(0.31) 11.8(0.39) 15.1(0.45)
CaO 111 106 101 919 10.5(0.62) 9.89(0.72) 9.69(0.37) 8.85(0.29)
NaO 3.00 287 273 248 2.87(0.24) 2.86(0.24) 2.51(0.21) 2.55(0.12)
K20 040 038 036 0.33 0.37(0.04) 0.40(0.03) 0.38(0.06) 0.29(0.09)
P20s 010 010 0.09 0.08

total 100.1 100.0 100.0 100.0 100.0 100.0 100.0 100.0
Mo# 58.7 622 658 70.9 59.4 64.0 66.6 71.7

Total iron as FeO



Table 2a Experimental run data on 97NP106

RunNo. P(kbar) T( ) Time phasepresent

Table 2c Experimental run data on start2

#1
#14

$5EEE

#11
#4
#2
#12
#1
#13
#9
#10

10
10
10
10
125
12.5
12.5
125
15
15
15
15
15
20

1250
1275
1300
1350
1250
1300
1325
1350
1300
1325
1350
1375
1400
1400

15 gl+cpx+opx
15 gl+cpx
10 ¢l
154l
15 gl+cpx
10 gl
15 gl+cpx
10 gl
10 gl
154l
10 gl
15 gl
15 gl

al

RunNo. P(kbar) T( ) Time phase present

Table 2b Experimental run data on startl

#7
#14
#5
#3
#6
#3
#11
#4
#2
#12
#1
#13
#9
#10

10
10
10
10
125
12.5
12.5
125
15
15
15
15
15
20

1250
1275
1300
1350
1250
1300
1325
1350
1300
1325
1350
1375
1400
1400

15 gl+ol+cpx+opx(?)
15 gl+ol+cpx
10 gl+ol
15 glstal
15 gl+ol+opx+cpx
10 gl+ol+opx(?)
15 gl+ol+cpx
10 gl
10 gl+opx+cpx+pl
15 gl+opx+g-cpx
10 gl
15 gl
15 gl

gl+cpx

RunNo. P(kbar) T( ) Time phase present

Table 2d Experimental run data on start3

#7
#14

S5EEE

#11
#4
#2
#12
#1
#13
#9
#10

10
10
10
10
12.5
12.5
12.5
125
15
15
15
15
15
20

1250
1275
1300
1350
1250
1300
1325
1350
1300
1325
1350
1375
1400
1400

15 gl+cpx+opx
15 gl+ol+cpx
10 gl+cpx
15 gl+opx
15 gl+cpx+opx
10 gl+cpx
15 gl+cpx
10 ¢
10 gl+opx+cpx+pal
15 gl+cpx
10 gl+cpx
15 gl
15 g

a

RunNo. P(kbar) T( ) Time phase present

#7
#14
#5
#3
#6
#3
#11
#4
#2
#12
#1
#13
#9
#10

10
10
10
10
12.5
12.5
12.5
125
15
15
15
15
15
20

1250
1275
1300
1350
1250
1300
1325
1350
1300
1325
1350
1375
1400
1400

15 gl+ol

15 gl+ol

10 gl+ol

15 gl+ol

15 gl+ol+cpx+opx

10 gl+ol+cpx

15 gl+ol+cpx

10 gl+ol

10 gl+ol+cpx

15 gl+opx+g-cpx

10 gl+ol+opx+cpx

15 gl

15 gl
gl+opx+g-cpx

gl=glass, ol=olivine, pl=plagioclase, opx=orthopyroxene, cpx=clinopyroxene, g-cpx=quench crystal of clinopyroxene
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VI-1 Introduction

Many evidences for dlab penetration into lower mantle are reported by seismic
observations and possibly high-pressure experiments in the Phanerozoic. The evidences of
seismic observations are from the residual sphere analysis of body-wave travel times (Jordan
1977; Creager & Jordan 1984, 19864a), a suite of unusually broad and complex shear waves
from two deep-focus events approximately along the strike of the slab (Silver & Chan 1986;
Beck & Lay 1986), three-dimensional tomography (Dziewonski 1984; Woodhouse &
Dziewonski 1987; Fukao et al. 1992), and three-dimensional P-wave velocity variation near
the core-mantle boundary (Creager & Jordan 1986b; Morelli & Dziewonski 1987,
Gudmundsson et al. 1986). On the other hand, high-pressure experiments indicate that slab
tends to be stagnated along the upper-lower mantle boundary, because of the negative slope of
Clapeyron curve of post-spinel transformation (Ito & Yamada 1982; Ito & Takahashi 1989),
or of the higher pressure transformation of the subducted oceanic crust relative to the
surrounding mantle (Irifune & Ringwood 1987, 1993; Ringwood 1991). However, inertia of
slab descending motion prevents the slab from stagnation on the boundary (Ito & Sato 1992).
Because slab becomes warm enough to comprise dense mineral assemblage in its stagnation
on the boundary, still relatively cold plate can penetrate into the lower mantle. Because thick
pile of oceanic crust isostatically penetrates into the lower mantle across the boundary, its
basement comes to comprise the dense mineral assemblage to subside into the lower mantle
(Irifune & Ringwood 1987, 1993; Hirose et al. 1998).

It has been long suggested that high temperature of the mantle leaded to double-
layered convection because of high Rayleigh number in the Archean. However, some
differences between the Archean and Phanerozoic are expected to result in the dab
penetration in to the lower mantle in the Archean. For example, oceanic crust in the Archean
had lower Mg* vaue and lower Al,O, content because of higher degree of melting. The
compositional differences lead to transformation into the perovskite-bearing mineral
assemblage in the oceanic crust at lower pressure (Irifune et al. 1996). Moreover, the higher
potential temperature of the mantle leads to the thinning of the oceanic lithosphere. Therefore,
oceanic lithosphere was presumably dominated by the oceanic crust and harzburgite relative
to the modern oceanic lithosphere (Arndt 1983). On the other hand, the higher potential
mantle temperature led the surrounding mantle to transform into the dense lower mantle at the
lower pressure.

This paper presents the preliminary results of high-pressure experiments of the
Archean oceanic crust. The secular change of the composition and temperature of the upper
mantle will be discussed based on the estimated potential temperature and composition of the
mantle in Chapter 111, IV, and V.
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VI-2 Experiments

Two kinds of ultra-high pressure experiments were conducted for two purposes with
multianvil apparatus. One of the purposes is the investigation for transformation of the
Archean oceanic crust at upper-lower mantle boundary. Another ultra-high pressure
experiment is conducted under the controlled oxygen fugacity, for the measurement of
solubility of FeO iron into Mg-perovskite. Although the latter is still on going, the present
will aso present some preliminary results.

VI-2.1 Starting materials

Three different starting materials were used in this study. Two materials are natural
greenstone samples from 3.5 Ga North Pole area. Another sample is a primitive modern
NMORB, MARO2 (Hirose et al. 1998). One of the Archean MORBs is a primitive NPMORB,
B106, which has 8.91 wt % in MgO. Another of the Archean MORBSs is a coarse-grained
NPMORB, C017, which has 14.3 wt % in MgO. Although the latter contains many
clinopyroxene and plagioclase phenocrysts and forms the gabbroic texture, it is plotted on the
higher MgO extension of liquid line of descent on the MgO versus major element diagrams.
The chemical compositions are shown in table 1 and Figure 1.

To obtain glass starting materials, the one atmosphere melting were performed at pO,
= 10® bar with the Pt-loop method (), where pO, was controlled by changing the mixing ratio
of CO, and H, gases. In order to minimize iron loss, very thin Pt wire (0.05 mm) was used as
a loop. The compositions of starting materials were confirmed with electron microprobe
(Table 1).

Four starting mixes, (MgyoFe,;)SIO;+8%AI0,,, (Mg,.Fe,)SIO,+6%AI0,,
(MgygF€,)SIO+4%AI0,,, and (Mg, Fe,;)SIO,+8%AI0,; were prepared for another
experiments from analytical reagent grade chemicals (Table 3). The samples were synthesized
in the piston-cylinder apparatus, with oxide mixtures as starting material. The mixtures were
prepared by weighing the heat-treated oxides, MgO, Al,O,, Fe,0, and SiO,, in the above
composition, followed by grinding under alcohol in an agate mortar. The oxide mixtures were
then placed in a CO,-CO gas-mixing furnace at temperature 1473 K for 24 hours. To reduce
the Fe** to Fe*, the oxygen fugacity (fO,) was controlled at about 10'°%. This oxygen
fugacity between the iron-wstite (10™") and wustite-magnetite (10°*°) buffers at 1473 K.
The treated mixtures were reground and was set in graphite capsules within outer sealed
platinum capsules. The capsules were then run in the piston-cylinder apparatus for 5 minutes
1500 K and 1.0 GPa and then quenched.

V1-2.2 Experimental methods
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High-pressure and high-temperature experiments were conducted in a uniaxia
multianvil (MA6-8 type) apparatus, driven by a 1500-ton hydraulic press with aram diameter
of 20 inches, at the Geophysical Laboratory. The runs were made in a pressure of 25.5, 26,
and 27 GPa, and at 1500 °C. Run duration was 12, 8, and 6 hours, respectively. In all the
present experiments, MgO pressure medium of 8 mm edge length octahedron was used,
where afew percent of Cr,O, was added in order to reduce heat loss by radiation. Toshiba (F
grade) tungsten carbide cubes with 3-mm truncated edge length were used for al the
experiments. Lanthanum chromite furnace was used for heat insulation. A ribbon of Re foil
was used for capsules. Details of experimental configurations and pressure calibration for the
8/3 assembly were described elsewhere (Bertka & Fei 1997; Hirose & Fei 1998). Boron
nitride capsules with Re outer capsule instead of graphite inner capsule were used for the
experiment under the controlled oxygen fugacity. Temperature was measured with W5%Re-
W26%Re (type C) thermocouple, which was put axially in contact with the sample capsule.
All experiments were run under dry condition. Multiple samples with different compositions
were loaded in a Re capsule, separated by thin Re disks, in single experiments to compare to
each other (Fei et al. 1991; Hirose & Fei 1998).

Phase relations and major element chemical compositions were determined with an
electron microprobe (JEOL-JXA8800) housed in the Tokyo Institute of Technology. All
analyses were performed with accelerating voltage 15 kV, 12 nA beam current and counting
time of 10-40 s. Phase relation were examined also with the micro-focused X-ray
diffractometer and micro-Raman spectroscopy at Tokyo Institute of Technology.

V1-2.3 Experimental Results

Experimental conditions and mineral assemblage of run products are summarized in
table 2. At 25.5 GPa, the mineral assemblages of majoritet+stishovite+Ca-perovskite+Al-
phase were observed in all specimens. Mineral assemblage of MARO2 is the same as the
previous work (Hirose et a. 1998). Minor amounts of an aluminous phase (Al-phase) are also
recognized (Hirose et al. 1998). At 26 GPa, the Al-bearing Mg-perovskite joins subsolidus
phase assemblage of magjorite, stishovite and Ca-perovskite in C017 and B106. Therefore, the
mineral assemblages are defined by Mg-perovskite, majorite, stishovite, Ca-perovskite, and
Al-phase. MARO2 is also composed of Mg-perovskite, majorite, stishovite, and Ca-perovskite
(Hirose et al. 1998) The phase assemblage at 27 GPa is Al-bearing Mg-perovskite, stishovite,
Ca-perovskite, Al-phase, and trace majorite. The mineral assemblage of MARO2 is the same
asthat in previous work (Hirose et a. 1998) (Fig. 2a). Th results suggests that FeO and Al,O,
content in subducted oceanic crust play an insignificant role on the P and T condition of phase
change. Thisis probably because FeO and Al,O, content in MORBSs exceed their solubilities
in Mg-perovskite, and another phase, such as magnesiowdstite and an aluminous phase are
precipitated.

Another experiment was conducted under the controlled oxygen fugacity, at 27 GPa,
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2000 °C. A natural peridotite, KLB-1 and a synthetic mix, En70+8%Al are used as
starting material. Although the deformation of boron nitride capsule did not allow us to
recover a sample En70+8%Al, KLB-1 sample was collected much enough to determine and
analyze the phases. The run charge contained Mg-perovskite, magnesiowustite, majoritic
garnet, and minor Ca-perovskite. The partition coefficient of iron and magnesium between
Mg-perovskite and magnesiowdstite are shown figure 2b with the compilation of previous
works (Ito et al. 1984; Ito & Takahashi 1989; Fei et al. 1991; Irifune 1994; McFarlane et al.
1994; Wood & Rubie 1996; McCammon et al. 1997). It iswidely accepted that the limited
amount of ferrousion can dissolve into Mg-perovskite (e.g. Fei et al. 1996), because the high
iron content modifies the crystal structure (Kudoh et al. 1990). However, iron content in Mg-
perovskite increase with Al,O, content (Wood & Rubie 1996; McCammon 1997; McCammon
et al. 1997). The observation is considered as the coupled substitutions of Al* and Fe** for
Mg?® and Si' respectively. Our experimental results also support the interpretation (Fig. 2b).
Wood and Rubie (1996) showed the substitution is independent of oxygen fugacity based on
diamond cell experiments using various capsules with different oxygen fugacity. However,
this experiments indicate Kd™™M®O=(Fe/Mg*™)™/(Fe/Mg*)™ is similar to Kd™>
MIO=(Fe*" IMg*")™/(FE"/Mg*)™ of natural mw and perovskite inclusions within diamonds
(McCammon et al. 1997). The evidences imply Fe,O, content in Mg-perovskite more or less
depends on oxygen fugacity. The coupled substitution of Al*Fe** for Mg*Si** isaccompanied
with deoxidization of Fe** into Fe (Wood & Rubie 1996; Miyajima per. commun. 1998).
Many metallic iron blobs with high Re content were also observed in this experiments.
Although involvement of partial molten Re capsule can not necessarily ruled out, this
evidence may indicate the deoxidization of Fe** into Fe.

V-3 Geology of other areas and geochemistry of greenstonesin the areas

VI1-3.1 The potential temperature and Mg# of the source mantle of mid-ocean ridge
basalts (MORBS) in Early Proterozoic, the Killara area, Western Australia

The Glengarry Basin was formed at the Middle Proterozoic, 1.6 to 1.9 Ga, by the
oblique subduction of oceanic plate (Pirajno et al. 1995, 1996). Despite of poor outcrops, the
lithostratigraphy indicates that the deposition was formed at the mature stage of rifting
(Pirgino et al. 1995, 1996). Therefore, the tholeiitic basalts in this area are equivalent to the
pillowed basalt in the Hamersley in the Early Proterozoic or tholeiitic basalts from the Red
Sea in the Phanerozoic.

Figures 3a show the MgO versus major element diagrams of basaltic rocks from the
Killara area along with the modern MORBs and OIBs (Table 8 and 9). The latter includes
both akaline basats and tholeiites. Chondrite-normalized REE abundances are shown in
Figure 4. The REE patters forms slightly light REE-enriched. Only fine-grained rock samples,
which petrographically defined as aphyric or small acicular plagioclase-bearing basalts are
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analyzed and plotted on the Figure 3a. Despite of minor scattering in especially CaO
content, it forms aclear liquid line of descent.

Field occurrences indicate that the Killara basalts were derived by the volcanism at the
mature stage of continental rifting as shown elsewhere. The liquid line of descent forms
abrupt increase of SiO, and FeO, and decrease of Al,O, and CaO at moderate MgO content,
similar to that of the modern MORBSs. The Killara MORBSs have higher SiO, content relative
to the modern MORBSs. Moreover, it is suggested that the Killara MORBSs have higher SiO,
and FeO, and lower Al,O, ad CaO at the high MgO content, compared with the modern
MORBs. The KillaraMORBs are enriched in FeO content relative to the modern MORB
(Figure 3a). This difference suggests that source mantle of the Killara MORBs had higher
FeO than that of the modern MORB. However, the difference of FeO content appears
relatively small.

Assuming that the mantle was still aspinel- or garnet-lherzolite, Fe*/a Fe ratio of
source mantle is possibly similar to that of modern upper mantle because Fe**/a Fe ratio is
controlled not only by oxygen fugacity, but also by mineral assemblage. Batch melting is also
assumed because of its simplification. Melting experiments of four natural peridotites KLB-1,
HK66, PHN1611, and MM3 have been extensively performed using diamond aggregate
method (Hirose & Kushiro 1993; Baker & Stolper 1994; Kushiro 1996). Those experiments
showed SIO, content of melts is relatively independent of composition of peridotites and
temperature of melting at moderate degree of melting, but quite sensitive to melting pressure,
because SiO, is a major constituent element of all minerals. On the contrary, FeO* in melts
strongly depends on FeO* content of peridotites, together with pressure and temperature of
melting. MgO content of meltsis amost proportional to degree of melting.

The most primitive Killara MORBs and modern MORB are plotted along melt
compositions formed by different pressures and degree of melting and from different starting
materials in figure 3b. The Killara MORBSs are plotted toward the higher SiO, content of the
melts formed at 10 kb, whereas Modern MORBSs are distributed on the compositional trends
defined by the melts formed at 10 or 15 kb (Fig 3b). Because the Killara MORBs have
relatively lower MgO content, the primary magma should have contained higher MgO.
Therefore, the primary magma of the Killara MORBSs is plotted on the partial melts at
pressure of 10 to 15 kb. This evidence suggests that average melting pressure of the Killara
MORBSs through melting column were about 10, kb (Klein & Langmuir, 1987). On the other
hand, the modern MORBSs are formed at 10 to 15 kb, and is consistent to the high pressure
experiments, 10 kb, (Fujii & Bougault 1983).

Figure 3b shows that each variation of FeO content of melt formed at 15 kb for KLB-1,
HK 66, and PHN1611, or 10 kb from MM 3. Primitive magma of Killara MORBs is plotted
toward the higher FeO content of melts from HK66 or PHN1611, whereas modern MORBs
are distributed on melts from KLB-1. The composition of primary melt of the KillaraMORBs
can not be estimated because olivine is completely altered due to metamorphism. If MgO
content of primary melt of the Killara MORBs has ca. 20 wt % in MgO, it can be formed
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from KLB-1 (Takahashi et al. 1993). However, because the average melting pressure
should be high ca. 4.6 GPa, in the case, the Killara MORBSs should have the garnet signatures
(Salters & Hart, 1989; Bourdon et al., 1996; Salters, 1996; Hirschmann 1996; Hirschmann &
Stolper, 1996). However, the Killara MORBSs does not show garnet signature, such as heavy
REE depletion (Fig. 4). The results suggest that the Killara MORBSs was derived from more
FeO* -enriched source mantle such as HK66 and PHN1611 rather than KLB-1 and MM 3.

The potentia temperature of the Archean mantle has been estimated by previous
workers since 1990 (e.g. Takahashi, 1990; Nisbet et al., 1993; Ohta et al. 1996). The potential
mantle temperature was estimated by the abundance of FeO and SiO, in primitive magmas
because they are relatively insensitive to the extent of crystal fractionation and are strongly
correlated to pressure and temperature of melting. Figure 3b shows composition of the
primitive basalt of the Killara MORBSs, along experimental melt from PHN1611 on aSiO,
versus FeO diagram. Primitive basalt of the Killara MORBSs is plotted near the melt formed at
1350 °C, 10 kb. If the primitive basalt is the derivative from primary magma of 15wt % in
MgO, the primary magma s plotted near the melt from at 1425, 15 kb or 1400, 15 kb. Each
degree of melting is 29.2, 35.9, 26.9 %, respectively according to experimental data (Kushiro
1996). Therefore, the potential mantle temperature is obtained as 1470 to 1570 °C of with 0.6
°C/km for slope of adiabat, 590 kJ/kb (140 cal/g) for heat of fusion, and 1.26 kJ kg™ K™ (0.3
cal/g’C) for heat capacity (Hirose & Kushiro 1998). Iwamori et al. (1995) also obtained 1320
°C of potential mantle temperature of modern MORBSs for batch melting.

V1-3.2 The potential temperature of the source mantle of Al-depleted ultramafic
komatiitesin the Middle Archean, the Barberton Greenstone Belt, South Africa

The Barberton Greenstone Belt is ca. 3.5 Ga greenstone belt, located at the
northeastern edge of the Kaapvaal craton, and is characterized by Al-depleted peridotitic
komatiites. The Barberton Greenstone Belt, the Swaziland Supergroup, is subdivided into the
vol canosedimentary Onverwacht Group and the overlying sedimentary Fig Tree and Moodies
Groups (Viljoen & Viljoen, 1969). The Onverwacht Group comprises the lower ultramafic
unit (the Tjakastad Subgroup) and the overlying mafic to felsic unit (Geluk Subgroup), and
they are bounded by the Middle marker chert layers at the boundary. The Tjakastad Subgroup
is underlain by the Sandspruit, Theespruit, and Komati Formations in ascending order, and is
composed mainly of peridotitic and basaltic komatiites, basalt, chert and banded iron
formation, together with minor clastic sediments and felsic intrusions. The Geluk Subgroup
consists of the Hooggenoeg, Kromberg, and Swartkoppie Formations in ascending order, and
contains basaltic komatiite, basalt, dacite, chert and banded iron formation, together with
minor ultramafic komatiite, clastic sediment, and felsic intrusives.

Figure 5a shows the geological map of the Komati Formation in Barberton Greenstone
Belt in South Africa. The Komati Formation is subdivided into two units by the lithology. The
lower area is characterized by the aternation of piles of peridotitic komatiite flows with



142
basaltic flows. The ultramafic komatiites are thin, 20 cm to 15 m thick, and form piles of
many flows. The pillow structures are pervasively recognized in the basaltic flow. Pillowed
and massive basdtic flows have white spherical structure, severa cm across. The white
spherules are called ocelli, caused by liquid immiscibility (Ferguson & Currie 1972), crustal
contamination (de Wit et al. 1987) or secondary alteration. Basaltic komatiite flow
conformably overly the basaltic flow in the upper area of Komati Fm. Basaltic komatiites are
characterized by clinopyroxene spinifex texture. Some basaltic komatiites form pillow lava
structure, but another form massive lava. Small clinopyroxene-spinifex crystals are
recognizable in the core of the pillow lava. Peridotitic komatiites are classified into two types
based on the volcanic occurrence; peridotitic komatiites flows with/without olivine spinifex
texture and intrusives of sills and dikes. The latters have the adcumul ate texture with euhedral
olivine, augite and bronzite oikocrysts, and titaniferous hornblende. There is obvious
relationship between stratigraphy and vesicularity of peridotitic komatiite lava flow. Thick
peridotitic komatiite flows at the bottom of the Komati Formation has no vesicles, while
many thin peridotitic komatiite flows at the intermediate stratigraphic level have many
vesicles at both upper and lower chilled margins. In addition, hyaloclastite with highly
vesicularity occurs at this stratigraphic level (Dann, 1998). At the upper stratigraphic level,
peridotitic komatiites without spinifex texture become dominated rather than spinifex texture-
bearing peridotitic komatiites, and have no vesicles. This area of the Komati formation is
bounded by two types of thrusts; one type is composed of four thrusts with NE-trending and
NW-dipping, and another type consists of three thrusts with EW-trending and N-dipping. The
direction of the deformation of the former thrustsis top to the north, while that of the latter
thrustsis also top to the north (Fig. 5a). The latter include the Komati Fault. In addition,
outcrop-scale duplex structures exist around the boundary between the Komati and
Hooggenoeg Formations. Therefore, the geological structure indicates that Komati Formation
forms thrust-bounded imbricate structure.

Figure 5b is geologica map of the Hooggenoeg Formation, overlying the Komati
Formation. The Hooggenoeg Formation mainly comprises basdltic lavas and intrusives,
basaltic komatiite, ultramafic komatiite lava and intrusives, dacite, gz-porphyry intrusives and
chert and volcanic sandstone. In the lower zone, pillow and massive basdltic lavas are
dominated, while basaltic and peridotitic komatiite, dacite and bedded chert are predominant
in the upper area. The dips and strikes of bedded chert layers range mainly from 30 to 85
south-dipping, and from 75 to 85 west-direction, respectively. Many layer-parallel shear
zones are present especially in the upper zone. Especially, the sear zones exist on the bedded
chert layers. In addition, there are outcrop-scale duplex structures in some places all over the
Hooggenoeg Formation. The direction of the movement is top to the east. The geological
structure of the Hooggenoeg Formation isalso thrust-bound imbricate structure. Recently,
petrology, geochemistry and geology of the Phanerozoic accretionary complex showed that
obvious and simple relationship between field occurrence of greenstones and their tectonic
setting (summarized by Ogawa and Taniguchi, 1989; Isozaki et al., 1990). Massive and
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pillowed basaltic greenstones overlain by thick-bedded chert have MORB-affinity
geochemistry and tholeiitic characteristics of relict igneous augites (Sugisaki et al., 1979,
Taira et a., 1988; Kimura & Mukai, 1991; Okamoto et al., 2000; Hashimoto & Kimura,
1999). In addition, Japanese island arc experienced ridge-subductions at least three times
(Isozaki, 1996). At the final ridge-subduction in the Tertiary, MORB magmatism occurred
around the subduction zone. The oceanic crust formed at the ridge subduction also accreted to
Japanese idand arc to make the Tertiary accretionary complex, the Shimanto Belt.
Greenstones with MORB-affinity geochemistry alternate with mudstone in some placesin
Shimanto Belt (e.g. Maeda & Kagami, 1996), and the field occurrence is quite similar to the
alternation between pillowed basalt and mudstone in the Taitao peninsulain southwestern
Chile, where an on-going ridge-subduction occurs (Nelson et al., 1993; Komiya unpubl. data).
On the other hand, greenstones with OIB- and oceanic plateau-affinity of whole rock and
relict igneous pyroxenes composition repeatedly alternate with thin bedded chert (meters to
centimeters thick), or are capped by limestone (e.g. Kimura et al., 1994; Nishimuraet al.,
1979; Kimura, 1994; Kimura et a., 1992; Matsuda & Ogawa, 1993; Maruyama & Y amasaki,
1978). Especialy, it isworth mentioning that both greenstones with MORB- and OIB-affinity
geochemistry occur in small areas, and that the field occurrence of the greenstones follows the
above-mentioned rule (Shimizu, 1979; Suzuki, 1988; Ueda et al., 2000). Comparison of
geologica and sedimentary structures between the Phanerozoic accretionary complexes and
the Barberton Greenstone Belt showed that the Barberton Greenstone Belt was accretionary
complex, which consists of oceanic island magmatic basalt and komatiite and pelagic
sediments. On the other hand, the structural movement of some shear zones and duplex
structures show that the accretionary complex had grown from west to east, and from north to
south.

Figure 6 shows geological map of the Schapenburg greenstone remnant. The
Schapenburg greenstone remnant in the Barberton Greenstone Belt is composed of ultramafic
komatiite, basaltic komatiite, gabbro, basalt, BIF/chert, and psammitic/pelitic gneiss, and was
intruded by granitoids and eventually by younger dikes. Previous work suggested
conformable cyclically repetition of ultramafic and basaltic komatiites (Anhaeusser, 1983).
However, the remnant comprises at least fourteen layer parallel thrust-bounded subunits
(horses). Figure 7 is a sketch map of outcrops at the boundary between two thrust-bounded
horses. The deformation is concentrated along the boundary to form shear zone. The
movement of the deformation istop to the east. Duplex structures with outcrop scale are
obvious in some places. The subunits have the similar lithostratigraphy one another, which
consist of ultramafic komatiites, basaltic komatiite, and chert/BIF in ascending order. Shear
zones are remarkable only at the top and bottom of the lithostratigraphy. Despite that the
lithostratigraphy is quite thin, it is similar to “oceanic plate stratigraphy” in the Phanerozoic
accretionary complex (Isozaki et al., 1990). The lines of evidence of duplex structure and
“oceanic plate stratigraphy” imply that the Schapenburg greenstone remnant was mid-
Archean accretionary complex, comparable to the oldest accretionary complex in the Isua



144
supracrustal belt (Komiyaet al., 1999). Chert layers are relatively thin and discontinuous.
In addition, some layers are conformably interlayered with basaltic greenstone. The field
occurrence of mafic/ultramafic volcanics and bedded chert layers suggests that the
Schapenburg remnant originated from oceanic island and plateau, according to accretionary
geology (Isozaki et al., 1990).

Figure 8 shows sketch maps of the peridotitic komatiite at the intermediate
stratigraphic level, which are composed of the seven thin komatiite flows. Despite of the
difference in thickness, each flow is composed of basal chilled margin, equant olivine
cumulate, oriented olivine spinifex zone, random-olivine spinifex zone and invisible random
spinifex zone and topmost chilled margin in ascending order in this outcrop. The stratigraphy
is equivalent to the previous works (Arndt et al. 1977; Arndt 1994; Grove et a. 1997). Chilled
margins occur only at the topmost and bottom, and no chilled margin runs between oriented
olivine-spinifex zone and equant olivine cumulate zone. The observations are inconsistent to
the interpretations by Grove and co-workers which suggested spinifex zone intruded into the
massive ultramafic rocks (Grove et al 1997). Small but visible vesicles occur at both the top
and the basal chillsin some flows (Fig. 8, 9). Nevertheless, no vesicles are present on the top
surface of the chilled margin, suggesting that the magma was under-saturated in H,O at the
eruption. These flows appear to be thinner than others. Size of vesiclesincreases inward (Fig.
9). Figure 10 is the sketch of relatively thick ultramafic komatiite flow at the stratigraphic
bottom. The inner stratigraphy is similar to the thin flow, but is characterized by the presence
of foliated zone (B1). The flow consists of basal chilled margin, equant olivine cumulate,
oriented olivine spinifex zone, foliated zone, random-olivine spinifex zone and invisible
random spinifex zone and topmost chilled margin in ascending order in this outcrop. The flow
contains no vesicles not only at the chilled margin but aso in the spinifex zone.

Figure 11 shows the progressive metamorphism in this area. Metamorphic zones are
defined by minera assemblage and the composition of amphibole and plagioclase in
Tholeiitic basalt in Komati Fm. Metabasite in the upper zone is characterized by actinolite
and albite, suggesting greenschist facies condition. The mineral assemblages of metabasitesin
the middle zone are characterized by hornblende+albite, hornbel nde+albite+calcic plagioclase,
actinolite+hornblende+calcic plagioclase, suggesting the transition zone from the greenschist
to amphibolite facies. Metabasites in the lower zone contain hornblende and calcic plagioclase,
indicating amphibolite facies. Theirregular variation of the compositions of amphiboles and
plagioclase is caused by the variation of bulk compositions, but aso presumably by the
repetition of metamorphic grade along thrust.

Olivines are found all over the Komati Fm., especially in olivine cumulate zone of
peridotitic komatiite flows and poikilitic komatiitic sills and dikes (Fig. 12a). However, the
olivines have distinct compositions between in low-grade and in high-grade metamorphosed
zones. Figure 13 shows the compositions of olivines in olivine cumulate zone in the
ultramafic komatiite flows from the lower metamorphic grade zone and higher metamorphic
grade zone. Olivines in the severely metamorphic zone have relatively higher Fo value, up to
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93.5, but are highly dispersed in Ni and Mn contents at given Fo value. In addition, the
olivines are characterized by high ratio of secondary magnetite to serpentine and
inconsistency between the direction of c-axis of relict olivine and that of its pseudomorph.
The lines of evidence indicate that olivines in high-grade metamorphic zone originated from
the metamorphism. The olivines in low-grade metamorphic zone have relatively lower Fo
value, and have characteristics of low ratio of secondary magnetite to serpentine and
consistency between the direction of c-axis of relict olivine and that of its pseudomorph.
Olivines coexisting with Type Il (mentioned later) clinopyroxenes are relatively magnesian,
and range from 90.5 to 92.8 in Fo value, whereas olivines enclosed by Type Il clinopyroxene
and orthopyroxene oikocrysts are less magnesian and have the Fo values from 87.2 to 88.5.
The less metamorphosed olivines define a clear single compositional trend of Ni or Mn,
which corresponds the cal culated olivine-fractionation trend on Fo diagram. Most refractory
olivine of the less metamorphosed olivines has 92.8 in Fo value, suggesting that the primary
magma of ultramafic komatiite is at least 26.5 wt % in MgO (Komiyaet a., 1998).

Clinopyroxenes are also found all over the Komati and the Hooggenoeg Formations
(Fig. 12ab). but some of them suffered post-magmatic modification on the composition.
Figure 14 shows the composition of clinopyroxene in a single sample of ultramafic komatiite.
The pyroxenes vary so much in composition, but forms distinct two compositional trends.
One trend is defined by increasing wollastonite content with increasing Mg”, whereas another
trend is defined by decreasing wollastonite content with increasing Mg*. The former is caused
by secondary alteration including subsolidus interaction with fluids, analogous to the
hydrothermal clinopyroxenes of the Skaergaard intrusion (Manning & Bird 1986). The latter
originates from the magmatic differentiation.

Primary relict igneous clinopyroxenes are subdivided into three types by the
occurrence and composition (Fig. 15). Type | clinopyroxene is calcic clinopyroxenes with
spinifex texture. Type Il clinopyroxene crystallized from interstitial melt among olivine grains
in cumulate zone, and formed euhedral column to oikocrysts, depending on the crystallinity.
Type 111 clinopyroxene forms poikilitic texture, accompanied by inclusions of euhedral
olivines, oikocrystic bronzite and intercumulus igneous hornblende, and is found in komatiitic
sillsand dikes.

Type | is enriched in wollastonite component and has the large compositional
variation (Fig. 16). It is still controversial whether the high wollastonite content was caused
by high H,O content (Gaetani et al., 1993; Parman et al., 1997) or high cooling rate (Kinzler
& Grove, 1985). Clinopyroxenes of Type |l display quite distinctive compositional zonation
from pigeonite in the core through augite in the mantle to highly aluminous augite along the
rim (Fig. 17 and 18). The ratio of volume of pigeonite in the core to augite in the mantle/rim
increases from the stratigraphic bottom to the top in the Komati Fm (Fig. 19). Especially, no
pigeonitic cores exist within clinopyroxene grains at the stratigraphic bottom of the Komati
Fm. Figure 17 shows the compositions of augite and pigeonite from type Il ultramafic
komatiites. Figure 18 shows the textual relationships between augite, pigeonite and aluminous
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augite, suggesting that olivine is followed by pigeonite, augite and aluminous augite.
Although any pigeonite isenclosed by augite, pyroxene geotherm indicates that pigeonite
crystallized at the almost same temperature (Figure 17). The line of evidences suggests that
the ultramafic komatiites had only small amount of water, less than 0.4 wt % (Figure 15b).
Pyroxene geotherm (Lindsley, 1983) indicates that the clinopyroxenes crystallized from 1300
°C. Parman and others (1997) showed that crystallization of augite preceded that of pigeonite
in peridotitic komatiites with high water content (more than 0.4 wt %). The texture indicates
presence of water in the host magma at the crystallization, and degassing of H,O with
decreasing depth of seawater due to piling up of komatiite and basaltic flows. Olivinesin
cumulate zones of peridotitic komatiites with type Il-clinopyroxenes, form a clear single
liquid line of descent, and range from 90.5 to 92.8 in Fo value (Fig. 13a). Clinopyroxenes of
Type Il are more magnesian, up to 89.5 in Mg” value than the coexisting olivines, 87.2in Fo
value (Fig. 20). The coexisting orthopyroxenes are relatively magnesian, up to 90.6 in Mg"
(Fig. 20). The compositional relationship indicates that olivine, clinopyroxene, and
orthopyroxene crystallized in almost equilibrium, consistent to the poikilitic texture. Pyroxene
geotherm indicates that clinopyroxene and orthopyroxene crystallized from 1200 °C. Highly
titaniferous hornblende occurs as intercumulus phase among olivine, orthopyroxene and
clinopyroxene grains, suggesting H,O-saturation in highly evolved magma. Relict igneous
olivine phenocrysts define a single liquid line of descent in cumulate zone with type 11 and
[11-clinopyroxenes, but olivines from type 111, 87.2 to 88.5 in Fo value, are less magnesian
than those from type 11, 90.5 to 92.8 in Fo value. The compositional evidence is consistent
that both types of ultramafic komatiites were differentiated from the same primary magma.

Figures 23 and 24 show compositional variations within chromian spinels enclosed by
olivine and clinopyroxene, respectively. Chromian spinels within olivine phenocrysts or
serpentine pseudomorphs after olivine have high Cr,O,, FeO and MnO and low MgO content.
Extreme high abundance of MnO in those chromian spinelsis unique of all the chromian
spinels in any terrestrial rocks. Chromian spinels within clinopyroxene phenocrysts form
distinctive compositional zoning. They have high MgO, and low Cr,O,, FeO and MnO in the
core. However, they have higher MnO and FeO in the outer margin or along the fissures.
Figure 25 shows compositional variations of isolated chromian spinels and chromian spinels
enclosed by various phases such as olivine, clinopyroxene, orthopyroxene, and hornblende
along with chromian spinels in the modern MORBs and boninites on the calculated Fe*
versus Al diagram. Cores of chromian spinels enclosed by clinopyroxenes are plotted on the
estimated compositional trends of fractional crystallization. On the other hand, the calcul ated
Fe** content in other chromian spinels increases with decreasing Al content, suggesting that
the compositions suffered from recrystallization during solidification of magma (Ridley 1977;
Wilkinson & Hensel 1988) or secondary alteration at the metamorphism. Figures 26a and 26b
show compositional variations of fresh chromian spinels within clinopyroxene phenocrysts
along with chromian spinels in the modern MORBs and boninites on Mg* versus Cr, and Ti
versus Fe*/(Fe**+Cr+Al) ratio diagrams. Chromian spinels from ultramafic komatiites form a
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compositional variation similar to those of boninites. Chromian spinels in ultramafic
komatiites have higher Fe** compared with those of modern MORBSs, suggesting that
Fe**/a Fe ratio of ultramafic komatiites was higher than that of modern MORBSs. The high
Fe**/a Fe ratio was presumably caused by the melting of transition mantle, which can contain
higher Fe** content than peridotitic mantle. The pattern of REE elements and Al,O, content of
Al-depleted komatiites support the speculation.

Type |11 ultramafic komatiite contains highly titaniferous hornblende, kaersutite (Fig.
27). The shape of them is irregular and is dependent of the outlines of the surrounding
minerals. The hornblende crystals are colorless to brown in color, and have clear cleavages.
The color corresponds to the Ti content of the hornblende, and varies from colorless to brown
with increasing Ti content. Colorless areas appear to be near the high Ca-augite or salite. The
observation suggest that colorless hornblende suffered from secondary chemical modification
possibly due to the interaction of metamorphic or hydrothermal fluid.

Here, potential mantle temperature of ultramafic komatiites will be estimated from
combination of the sequence of fractional crystallization and recent experimental result
(Parman et al. 1997). Igneous texture of fresh ultramafic komatiites indicates the sequence of
fractional crystallization pass from olivine through pigeonite to augite as shown above. In
additions, augite was crystallized just after pigeonite (Fig. 17a). Therefore, ultramafic
komatiite magma would contain ca. 0.5 wt % in H,O when pigeonite joined olivine on the
liquidus (Figure 17b), suggesting that the primary magma would contain about 0.4 % in H,O.
The result is different from the previous works, which showed ultramafic komatiites had over
4.2 wt % (Parman et a. 1997). Moreover, theresult is consistent to FTIR and ion-probe
analyses of melt inclusions of Al-undepleted ultramafic komatiite (McDonough &
Danyushevsky 1995; Shimizu et a. 1997). Parman et al. (1997) regarded that primary magma
has 23.2 wt % in MgO, whereas Fo value of olivines phenocrysts indicate the primary magma
should have 26.5 wt % in MgO. Because increasing 3 % MgO content results in increase of
liquidus temperature by 60 °C at 1 atm (Nisbet et al. 1993), the liquidus temperature of
ultramafic komatiites is estimated as about 1500 °C based on the experimental results of
ultramafic komatiites (Parman et al. 1997). The degree of melting was estimated as about
36 % by the abundance of incompatible elements such as TiO,, assuming that the source
mantle would be pyrolitic in TiO, content. The potential mantle temperature was estimated as
about 1700 °C based on the melting experiments at relatively lower pressure (Hirose 1997),
because of lack of melting experiments of slightly hydrous peridotite at high pressure (Figure
28). Although the thickness of oceanic plate cannot be estimated, the oceanic plate was
supposed 60-km thick, average thickness in the Archean (Chapter V). The difference of
mineral assemblage may affect the estimate of potential mantle temperature because spinel
can contain much water relative to olivine, orthopyroxene, and clinopyroxene. The estimated
potential mantle temperature means maximum because the difference leads to increasing the
solidus temperature at the higher pressure.
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V-4 Discussions

VI1-4.1 The secular change of the potential temper atur e of the MORB sour ce mantle

Many previous works estimated the mantle temperature of the Archean from the
composition of the komatiites (Green et a. 1975; Takahashi 1990; Nisbet et al. 1993).
Therefore, it is considered that the Archean mantle was much hotter than the modern mantle.
However, it is poorly understood where komatiites were formed (e.g. Green et al. 1975;
Takahashi & Scarfe 1985; Inoue & Sawamoto 1992). In addition, it becomes widely supposed
that komatiites were derived from plume-related magmatism (e.g. Campbell et a. 1989;
Campbell & Griffiths 1993).

Recently Maruyama and co-workers proposed the determination methods of geological
setting of greenstone based on the accretionary geology, analogous to the Phanerozoic
accretionary complex (Maruyama et al. 1991ab; Isozaki et a. 1991; Kimura et al 1993; Ohta
et al. 1996; Komiya et al. 1998). The results indicate that the Archean MORBs were FeO
enriched tholeiites instead of komatiites (Ohta et al. 1996; Komiyaet al. 1998). Therefore, the
potential mantle temperature estimated from the komatiite magma does not represent that of
normal upper mantle in the Archean, but represent that of plume source mantle. The potential
temperature of source mantle of MORBs was reported from only 3.3 Ga Cleaverville MORBS,
about 1400 °C (Ohtaet a. 1996).

This doctor thesis presents the potential mantle temperature of MORBS source mantle
with different age (in Chapter |1 to V1). The potential temperature of 3.5 Ga plume source
mantle is also presented in this chapter. Figure 29 shows the secular variation of the potential
temperatures of source mantles of MORBs and plume-related magma. The estimated potential
mantle temperature with each age except for that of 3.5 Ga North Pole area involves the
uncertainty of about 100 °C, caused by uncertainty of the composition of primary magma,
insufficiency of experimental data, and influence of secondary alteration on especially SiO,
content. Magmatic process (Klein & Langmuir 1989) and small temporal change of potential
mantle temperature (Reynolds et a. 1992) may also play significant role on the large
uncertainty.

Secular change of potential temperature of upper mantle was obtained in Figure 29,
assuming that MORBs with different age represent a typical MORB from the normal ridge
segment with the age. The potential temperature of present-day mantle is estimated by three
methods: thickness of oceanic crust (McKenzie & Bickle 1988; Iwamori et al. 1995), rare
earth element inversion (McKenzie & O’Nions 1991; White et al. 1992), major element
inversion (e.g. McKenzie & Bickle 1988; Kinzler 1997; Hirose & Kushiro 1998). Thickness
of oceanic crust vary from ca. 2.1 +0.6 km in very slow spreading ridges through 4.0 £1.3 km
in fracture zones and 7.1+0.8 km in normal ridges to 10.7 £1.6 plume affected oceanic ridge
(White et al. 1992). Oceanic ridges directly above arising mantle plume, such as Iceland and
possible Ontong-Java plateau have very thick oceanic crust, 18.5 + 0.5 km (White et a. 1997).
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However, subaerial or subglacial magmatism occurs instead of submarine eruption on
Iceland because of very thick oceanic crust. Pillow lavaisformed even by subglacia eruption,
but not by subaerial eruption. Subaerial eruption leads to toe structure with rare exception
(Jones 1968). There are some differences between submarine pillow lava and subglacia
pillow lava (Wells et a. 1979). For example, subglacia pillows tend to be more widely
separated from one another, with the intervening spaces filled by palagonitized hyal oclastite.
Pillow lavas with subcircular or elliptical outlines and hollow layered pillows are common in
subglacial exposures (Wells et a. 1979). Small amount of hyaloclastite and common
occurrence of closed-pack-type pillow lava in Archean greenstone belt are incompatible to
subglacial or subaerial eruption. Moreover, the overlying bedded chert without tidal structure
or perturbed sedimentary structure is considered as pelagic or deep-sea sediment. Therefore,
even if the paleoenvironment of investigated areas were affected by mantle plume, they did
not lie directly above arising mantle plume. Despite of minor influence of small amount of
exposed continental crust and short life span of oceanic lithosphere, if amount of water in
Archean was comparable to that at present, axial depth of oceanic ridge should be aso
comparable. Then variation of thickness of oceanic crust islimited to ca. 3000 m. Inversion of
thickness of oceanic crust showed potential mantle temperature varied from 1343 °C for 8-km
thick oceanic crust to 1385 °C for 11-km thick oceanic crust (Iwamori et al. 1995). REE
inversion showed potential mantle temperature varied from 1330 °C for 8-km thick oceanic
crust to 1365 °C for 11-km thick oceanic crust (White et al. 1992). Major element inversion
also indicated that potential mantle temperature varied from ca. 1416 °C for 8-km thick
oceanic crust to ca. 1449 °C for 11-km thick oceanic crust (Kinzler 1997). Namely, possible
gpatial variation of potential mantle temperature plays insignificant role on the estimated
secular variation. Recently, depth of water at oceanic ridge in middle Archean was estimated
to be comparable to present-day depth of water, based on fluid circulation and ocean floor
metamorphism in North Pole area (Kitajima & Maruyama 1997 per. Commun.).

Despite of large error, figure 29 indicates some significant and new observation.
Firstly, the Archean mantle was only about 100 to 200 °C higher than the modern mantle. The
estimated temperature is much lower than that by previous works, 1900 °C (Takahashi 1990;
Nisbet et al. 1993). Higher temperature of mantle makes mantle convection double-layered
because of high Rayleigh numbers. Therefore, it is thought that the Archean mantle was
necessarily convected in double-layered. However, if the potential mantle temperature ranged
from ca. 1400 to 1550 °C in the Archean, even single-layered convection can release the heat
from the mantle (Richter 1985). Phase change from g-spinel+garnet+Ca-perovskite to Mg-
perovskite+magnesi owstite+Ca-perovskite at 650 km induces the layered convection if the
Clapeyron slope of the reaction islow, -4 to -8 MPa/K (Christensen & Y uen 1985). However,
the modern mantle convects in whole mantle because of the involvement of subsidence of
dlab into the lower mantle and ascent of superplume from the lower mantle.

Figure 33 shows the phase relations of KLB-1in 0 to 30 GPa, and 1200 to 2600 °C
(Herzberg & Zhang 1996). P-T paths of the mantle with three different potential mantle
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temperatures are also drawn on figure 33. Each P-T path corresponds to the Archean
normal upper mantle, 1450 °C in PMT, the modern normal upper mantle, 1330 °C, and the
Archean plume-source mantle, 1700 °C. P-T condition of phase change from majorite-bearing
to perovskite-bearing oceanic crust are also shown based on experimental data of this work
and Hirose et al. (1998) in Figure 33.

Although the depth of upper-lower mantle boundary (ULB) decreases with potential
temperature of the mantle, difference of potential mantle temperature by 150 °C plays
insignificant role on the depth of ULB, by only ca. 7 km (Fig. 33). Moreover, large
temperature difference, even by 400 °C leads to small difference of depth of phase, by at most
ca. 4 km (Fig. 33). Although the temperature of slab rather than surrounding mantle is critical
on whether slab penetrates into lower mantle, it depends strongly on thermal structure of slab.
Therefore, temperature of slab at ULB is still poorly known. The temperature of slab depends
primarily on the velocity of the slab penetration, which is the function of dip angle of the
subduction (Ito & Sato 1992). The dip angle of subduction is proportional to the age of slab.
Lifetime of oceanic plate is supposed to have been shorter in Archean than in Phanerozoic
because plate moved faster (Dewey & Windley 1981; Nisbet & Fowler 1983) and/or the size
of plate was smaller (Hargraves 1986) in order to release much heat from the mantle. This
prevents the slab from penetrating not only into the lower mantle but also into the mantle
transition zone.

The plate motion depends not only on ridge push and mantle drug force but also on
dab pull. In the Phanerozoic, the latter is more significant. Hotter potential mantle
temperature leads to thicker oceanic crust, ca. 17 km at 1450 °C (Fig. 30), whereas thickness
of oceanic plate decrease with increasing potential mantle temperature (Table 6). Maximum
thickness of Archean and preset-day oceanic lithosphere calculated by simple thermal
conductivity indicates that thickness of Archean oceanic plate was less than ca. 71 km,
whereas that of present-day oceanic lithosphere is more than 190 km. Moreover, it is thought
that another small-scale mantle convection keeps the thickness of plate constant beneath
relative older lithosphere (e.g. Richter & Parsons 1975). Therefore, at present, even 200 Ma
oceanic lithosphere are at most ca. 100 km thick. In Archean, its short lifetime, 20 m.y., led to
thin oceanic lithosphere (Fig. 30). Therefore, slab pull increases and slab resistance decrease
(Arndt 1983; Richter 1985). Recently Davies (1992) emphasized that Archean oceanic plate
with thick oceanic crust and harzburgite could not subduct at trench because its density was
lighter than the underlying asthenosphere. However, hislogic is unsound, because initiation
of subduction occurs from difference of density between the two lithospheres, instead of the
underlying mantle. Therefore, initiation of subduction is independent of potential mantle
temperature.

Higher potential mantle temperature may result directly in higher geothermal gradient
in subduction zone. Figure 32 shows phase relation of hydrous MORB with geothermal
gradient of Archean subduction zone estimated from Isua supracrustal belt. Higher
geothermal gradient prevents the subducted oceanic crust from changing into eclogite or high-
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pressure granulite. Therefore, some considered that plate tectonics had not operated yet in
Archean (e.g. Hamilton 1998). However, dab melting leaves eclogite (r=3.55) or high-
pressure granulite (r =3.47) as residue, which are dense than ambient mantle (r =3.34) (Fig.
32). Therefore, Archean oceanic lithosphere with thick basaltic crust could easily subduct into
upper-lower mantle boundary.

Subducted oceanic plate tends to be stagnated on upper-lower mantle boundary
because both oceanic crustal portion and the underlying mantle portion have Mg-perovskite-
bearing phase assemblage at relatively higher pressure (Fig. 33). It may be possible that a
subducted oceanic lithosphere penetrates into the lower mantle due to inertia of descending
slab. However, even if isostatic, Archean oceanic lithosphere could subside into the lower
mantle because of its thick basaltic crust (Fig.34). Phase change from majoritic garnet to Mg-
perovskite in basalt system takes place by 40 km deeper than that in peridotite system (Fig. 33
and 34). Therefore, subducted oceanic lithosphere is stagnated to produce megaliths mainly of
basaltic materials along upper-lower mantle boundary. Isostasy indicates that once megaliths
grow up to 80 km thick, the basement delaminated to sink into lower mantle (Fig. 34). High
production rate of oceanic crust at ridge in Archean indicates that it takes only 100 M.y. for
80-km thick subducted oceanic crust to be stored over upper-lower mantle boundary.
Moreover, high potential mantle temperature led to the harzburgite-dominated lithosphere,
which may have allowed the slab to penetrate into the lower mantle (Irifune & Ringwood
1987). Therefore, slab penetrated into the lower mantle in the Archean as well as in the
Phanerozoic. Namely, episodic whole mantle convection predominated even in the Archean.
Despite of presence of highly depleted mantle (Silver et a. 1988; Bennett et al. 1993,
McCulloch & Bennett 1994), no magmas from complementary enriched mantle have been
reported in the Archean, suggesting that subducted oceanic crusts ware not homogenized but
were stagnated somewhere (Chase & Patchett 1988; Blichert-Toft & Albaréde 1993, 1994).
Subducted oceanic crusts were presumably stagnated in the lower mantle as well asin the
bottom of upper mantle.

Secondly, the temperature of upper mantle has not been decreasing gradualy but
episodically. The potential mantle temperature remained constant from 3.8 to 2.5 Ga, about
150 °C higher than the modern. Moreover, potential mantle temperature appears to have been
relatively lower at 3.3 Ga, whereas it appears to be higher at 2.5 Ga. The effect of global
variation of potential mantle temperature, analogous to the modern upper mantle (Klein &
Langmuir 1987, 1989; Klein et a. 1991; Kinzler 1997) can not be ruled out on higher
potential mantle temperature at 2.5 Ga. However, active magmatism including ultramafic
komatiites was reported around the Archean-Proterozoic boundary (Arndt et al. 1977; Nisbet
et al. 1977; Hall 1980). Therefore, the higher potential mantle temperature may represent the
average at 2.5 Ga. Recently Ogawa (1997) proposed that mantle temperature may have
remained constant based on the computer simulation in the Archean. Although our geological
investigation indicated that plate tectonics had aready operated in the Archean, his
calculation is consistent to this result.
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Constancy of potential mantle temperature through the Archean may be because
the hotter lower mantle materials were injected episodically or continuously into the upper
mantle. Mantle over turn is also expected by computer simulations (Breuer & Spohn 1995).
Relatively higher potential temperature of the early Archean mantle may represent the
rejuvenation by involvement of lower mantle materials. Further investigation will be required
for the quantification of mantle overturn and the accompanied rejuvenation of upper mantle.

V1-4.2 The secular change of composition of the M ORB sour ce mantle

It iswidely supposed that the Earth was made of chondritic meteorites (Ringwood
1966). Therefore, the average composition of the whole mantle is supposed to equivalent to
that of chondrite except for the depletion of volatile and siderophile elements, due to heat
generation during the accretion and the segregation of iron metal in the following core
formation, respectively. The imaginary mantle, which has such primitive composition, is
called primordia mantle or primitive mantle. However, chondritic mantle model also involves
some inconsistencies. For example, depletion of Si relative to Mg in the (upper) mantleis
well known. The causeis still controversial; for example, fractionation into the lower mantle
(Liu 1982; Anderson 1982, 1983; Taylor & McLennan 1985), volatility-controlled processin
the solar nebula prior to accretion of the Earth (Ringwood 1979; 1989), and fractionation of
metallic Si into the iron core (Ringwood 1979). The first idea is inconsistent to the ultra-high
pressure experiments (Kato et al. 1988; Kesson & Fitz Gerald 1991). The second idea is
supported by Preliminary data (Ringwood 1989), but there appears to be no gainsaying the
ignorance of composition of another planet.

On the other hand, the mantle compositions estimated by the meteorites have higher
FeO content than the modern ultramafic mantle nodules (e.g. Jagoutz et a. 1979). This
difference may be caused by secular change of the composition of the mantle (e.g. Glikson
1971, 1979; Sun & Neshitt 1977) or fractionation into the lower mantle (e.g. Anderson 1982).
Archean basalts have higher FeO content than modern MORB (Glikson 1971; Gill 1979).
Therefore, it was thought that Archean mantle was more enriched in FeO relative to modern
mantle. In later 1970s, composition of Archean mantle was estimated from liquid line of
descent of Al-undepleted komatiite (Bickle et al. 1977; Sun & Nesbitt 1977; Sun 1982,
Beswick 1983). It is thought that Al-undepleted komatiite was produced by high degree of
melting at moderate pressure, 3 to 7 GPa. Therefore, only olivine was left in residue. Liquid
line of descent of Al-undepleted komatiite indicates that Archean mantle had slightly higher
FeO content than modern upper mantle but Iess than the estimate from Archean basalt (table
7). The discrepancy is because the liquid line of descent is derived not from fractional melting
but from crystallization of magma, and because MgO content of primitive mantle was
assumed to be 42 to 45 %. Chemical variation of magma through fractional crystallization is
quite different from that through mixing of residual magma and crystallized olivine on FeO vs.
MgO diagram. Liquid line of descent of Al-undepleted ultramafic komatiite indicates a trend
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of mixing of residua magma with olivine (e.g. Arndt 1994). However, if komatiite
magma |eft only olivine behind, composition of mantle source except for Ni can be estimated
from liquid line of descent liquid line of descent, involved by fractional melting (Fig. 36).
Because distribution function of Ni between olivine and melt is dependent on pressure (Taura
et al. 1998), the estimated concentration is slightly higher (Fig. 36). Thiswork also estimated
FeO content of source mantle of Al-undepleted komatiite from data of Al-undepleted
komatiite in Belingwe greenstone belt and Abitibi greenstone belt (Fig. 36). The result
indicates that Archean mantle had about 9.1 to 10.1 wt % in FeO (Fig. 36). Moreover, FeO
content of mantle source was estimated to be 9.6 wt % from most primitive magma of Al-
undepleted komatiite using distribution function of FeO and MgO between olivine and melt
(table 7). These evidences indicate that Archean mantle was still more enriched in FeO,
compared to modern mantle.

Magjor elements analyses of the MORBs with different age indicate that the Archean
mantle had a higher FeO content than the modern upper mantle (Fig. 29, and see the text in
Chapter 11, 111, and V). Moreover, FeO content of the MORB source mantle did not change
gradually through time, but changed abruptly after the Proterozoic. The mode of secular
change of the FeO content appears similar to that of the potential mantle temperature (Fig.
29).

Depletion in FeO may have been caused by the storage of FeO-enriched oceanic crust
in the upper or lower mantle (Chase & Patchett 1988). The idea is consistent to geochemistry
of the modern oceanic island basalt (e.g. Hauri 1996; Kogiso et al. 1997). However, thisidea
can not explain why modern MORBs can be produced from the residua mantle, again.
Namely, if the source mantle of MORBSs involved the recycled oceanic crust, the depletion in
only FeO cannot be explained.

This ultra-high-pressure experiment implies new idea that some of Fe** ions
transformed into Fe+Fe** during slab penetration into the lower mantle because aluminous
Mg-perovskite contains AI*Fe* instead of Mg*'Si** as shown above (Fig. 2b). The depletion
of FeO content depends on Al,O, content. Therefore, the subsidence of oceanic crust, which
contain more FeO and Al,O, relative to the underlying mantle, into lower mantle removes
much FeO content from the slab as metallic iron. The segregated metallic iron may subside on
the metallic core or float in the lower mantle. However, Sun (1982, 1984) emphasized that
metallic core had never grown after Archean based on ratio of siderophile to lithophile
element such as P,0O/TiO,. However, these works compared komatiite and picrite with
different age to modern NMORBs (Fig. 31; Fig. 2 of Sun 1984). Comparison of Archean
MORBs with modern MORB indicated obvious secular variation of P,O4/TiO, ratio (Fig. 31).
Therefore, extraction of metallic iron is consistent to secular change of siderophile element.
Moreover, Pb, a chalcophile element may be also enriched in the 3.8 Ga MORBS, relative to
the modern MORBs. However, there are not obvious secular variations of Ni and platinum
group elements (PGESs) abundances. Ni and PGESs behave as compatible element at mantle
melting. Although some PGEs like Re are thought to be highly incompatible elements,



154
modern MORBs have much less Re content than upper mantle (e.g. Keays 1982),
suggesting that PGEs, even Re, behave as compatible elements. The physicochemical
difference between siderophile and lithophile elements, in general, decreases at ultra-high
pressure condition (Hillgren et al. 1994; Righter et al. 1997; Walter 1997). Namely, partition
coefficients of P, Ni, PGEs between metallic liquid and silicate liquid decrease to ca. 3.1, 40
and 100 at 27 GPa, 1400 °C, DIW=+2 (Righter et al. 1997; Walter 1997; table 4). Therefore,
segregation of metallic iron plays significant role on abundance of incompatible siderophile
element such as P, but insignificant role on abundance of compatible element (table 4). Here,
I will estimate the amount of metallic iron precipitated from the subducted oceanic crust in
slab penetration into the lower mantle. Some parameters are summarized on table 4. The
calculation indicates that assuming that the production rate of metallic iron is equivalent to
that of Fe™, it takes 26 b.y. to reduce FeO content in whole mantle from 10.2 wt % to 8.1
wt % at the production rate of MORBSs in the Phanerozoic (table 5). On the other hand, the
production rate of MORBs in the Archean allows FeO content of whole mantle to decrease
from 10.2t0 8.1 wt % in only 3.1 b.y. (table 5). Moreover, phosphorus content falls from 29
to 21 ppminonly 5 b.y. (table 5). The estimated NiO content of modern upper mantle varies
from 0.24 to 0.31 wt % (Jagoutz et al. 1979). If a obvious secular change of NiO content is
recognized, Archean mantle should have been higher than 0.31 wt % in Ni content. The
calculation indicates that it is at least 15 b.y. before NiO content to fall from 0.3 to 0.25 ppm
(table 5), suggesting no secular change of Ni content. PGEs also indicate no secular change,
similar to Ni (table 5). On the other hand, if MORBs is produced at production rate of
Archean, the Earth experienced the geochemical whole mantle convection three times (table
5). Therefore, MORB mantle source involved the recycled oceanic crust that passed by the
lower mantle (Fig. 35) and it issignificantly depleted in FeO, whereas are insignificantly
depleted in other elements. The feature is consistent to geochemistry of modern MORBS,
whose model ageis calculated as about 1.7 to 4.5 Ga by Pb isotope (Silver et al. 1988).
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V1-5 Conclusions

(1) Ultra-high pressure experiments indicate that compositional difference between
the Archean and modern MORBS plays insignificance role on the depth of slab
penetration.

(2) Ultra-pressure experiments suggests that metallic iron is segregated form slab at
phase change from majorite to perovskite. The amount of segregated iron metal
depends on Al,O, content.

(3) Potential mantle temperature of upper mantle in the Archean was 150 to 200 °C
higher than in the Phanerozoic. The result suggests that episodic whole mantle
convection dominated even in the Archean.

(4) The potential temperature of upper mantle does decrease not gradually, but
episodically. Especialy, the potential mantle temperature decreased significantly
after the Proterozoic.

(5) The Archean upper mantle had higher FeO content than the modern upper mantle.
The secular change was not also gradual but probably continual.

(6) The depletion of FeO content in the upper mantle may be caused by the
segregation of metallic iron during slab penetration into the lower mantle.
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FIGURE CAPTIONS

Figure 1. Composition of starting materials for ultra-high pressure experiments. MgO
variation diagrams of major elements for MORBSs in the North Pole area along with
modern MORB. Starting materials are natural greenstone samples of North Pole
MORBs. Large gray circles, solid circles, and open circles indicate starting materials,
coarse-grained MORBS, and fine-grained MORBS, respectively.

Figure 2. (a) Phase relations of two North Pole MORBs under anhydrous condition along
with those of a primitive modern MORB (Hirose et al. 1998). Abbreviations are: mj =
majorite; cpx = clinopyroxene; st = stishovite; Ca-pv = Calcium-perovskite; Mg-pv =
Magnesium perovskite. (b) (i) Distribution function of total Fe and Mg between
magnesiowustite and Mg-perovskite versus Al,O, content in Mg-perovskite. Symbols
are shown in inset. A gray solid symbol is distribution function of ferrous and
magnesium between a natural magnesiowlstite and the coexisting orthopyroxene
transformed from Mg-perovskite within a diamond. Numbers are temperature controlled
in experiments. (ii) Fe/Mg ratio in magnesiowistite versus Fe/Mg ratio in Mg-
perovskite. Symbols are shown in inset. Symbols for e ement are materials of capsules.

Figure 3. (a) MgO variation diagrams of some major elements for Killara MORBs (solid
circles) along with compositional variations of modern MORBSs (gray regions). Three
arrows on scattered plots indicate compositional variation of residual melts through
crystal fractional fractionation  of olivine, olivinetplagioclase  and
olivinet+plagioclase+clinopyroxene, respectively. Abbreviations are: ol = olivine; cpx =
clinopyroxene; pl = plagioclase. (b) Comparison of primitive natural basalts with partial
melts formed from mantle peridotite by diamond methods. (i) SiO,-MgO diagram.
Symbols: solid circles and open circles are primitive Killara MORBs and most primitive
modern NMORBS, respectively. Thick arrows indicate compositional variation of
partial melts produced from four mantle peridotite at different pressure, 10 kb for light
gray, 15 kb for gray, 20 kb for dirk gray and 25-30 kb for black arrow respectively. This
diagram indicates that both modern MORBs and Killara MORBs were formed at 10 to
15 kb. (ii) MgO-FeO diagram. Symbols: solid circles and open circles are primitive
Killara MORBs and most primitive modern NMORBS, respectively. Thick arrows
indicate compositional variation of partial melts produced at 15 kb from four different
mantle peridotite, HK66 for light gray, PHN1611 for gray, KLB-1 for dirk gray and
MM3 for black arrow, respectively. This diagram indicates that FeO content of mantle
source of modern MORBSs is comparable to that of KLB-1, whereas that that of mantle
source of High Ti basalt was comparable to or higher than that of HK66 and PHN1611.
(iif) SIO,-FeO diagram. Symbols: solid circles and small open circles are primitive
Killara MORBs and partial melts from PHN1611, respectively. Thick arrows indicate
compositional variation of partial melts produced from PHN1611 at 10 to 15 kb for gray,
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and at 20 to 30 kb for black arrow, respectively. This diagram indicates that melting
pressure and temperature of High Ti basalt was around 10 kb and 1350 °C. Potential
mantle temperature was calculated to be 1450 to 1500 °C using degree of melting
(Kushiro 1996) and thermodynamic parameters (Hirose 1998).

Figure 4. Chondrite-normalized rare earth element (REE) abundances in Killara MORBs
(fine black lines with circles) along with modern OIB (gray line), EMORB (broken light
gray line) and NMORB (black solid line). Vales of these modern basalts are from Sun
& McDonough (1989). Values of chondrite are taken from Anders & Ebihara (1982).

Figure 5. (a) Geologic map of the Komati Formation. The inset map is geotectonic map of
Barberton Greenstone Belt, simplified after Anhaeusser et al. (1983). (b) Geological
map of the Hooggenoeg Formation.

Figure 6. Geological map of the Schapenburg remnant. The remnant comprises ultramafic
komatiite, basaltic komatiite, gabbro, basalt, BIF/chert, and psammitic/pelitic gneiss,
and was intruded by granitoids and eventually by younger dikes. Previous work
suggested conformable cyclically repetition of ultramafic and basaltic komatiites
(Anhaeusser, 1983). However, the remnant comprises at least fourteen layer parallel
thrust-bounded subunits (horses).

Figure 7. Sketch map of the boundary between horses. The horses are bounded by a layer-
parallel thrust, whose direction of movement is top to the east.

Figure 8. Sketch map of type locality of apile thin olivine spinifex flows at the stratigraphic
intermediate level in Spinifex Stream. Small vesicles are present in topmost and bottom
chilled margin of olivine spinifex Flows V1, V and I.

Figure9. A photo of chilled margin of Flow VI and topmost chilled margin of Flow V. Small
are present at the bottom of chilled margin of Flow VI and the topmost chilled margin
and the underlying fine-grained randomly-oriented olivine-spinifex zone of Flow V.
Size of vesicles increases from top to spinifex zone.

Figure 10. Sketch map of two thick olivine spinifex flows at the stratigraphic bottom of the
Komati Formation. The komatiite flows have no vesicles. Open circles are sample
localities.

Figure 11. (a) Compositional variations of metamorphic Ca-amphiboles in tholeiitic flows
interlayered olivine-spinifex komatiite flows. The compositions are shown in a
quadrilateral, which is a part of Halimond's triangular diagram. Open circles are
compositions of actinolite and hornblende, which are separated by a compositional
break. Solid circles are composition of amphiboles, which have no compositional break.
Compositional variations of Ca-amphiboles along the Tr-Prge,Ts,, line with increasing
metamorphic grade. (b) Compositional variations of Ca-amphiboles from northern to
southern area of Komati Formation, projected onto the Tr-Prgg,Ts,, line. Numbers at left
side are identifications of sample. Numbers at right side are Mg” of Ca-amphiboles. (c)
Variations of An content of plagioclase in tholeiitic flows from northern to southern
area of Komati Formation.
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Figure 12. (a) Distribution of relict igneous minerals in the Komati Formation. Augitic
pyroxenes are widely preserved all over the Komati Formation. Olivineis also present
both at the upper and lower area of the Komati Formation, but the olivine at the lower
areais metamorphic based on the crystal property and Ni and Mn contents. Pigeonitic
pyroxene exists only at the stratigraphic upper level, indicating the presence of water in
the host magma at the crystallization, and degassing of H,O with decreasing depth of
seawater due to piling up of komatiite and basaltic flows. (b) Distribution of relict
igneous minerals in the Hooggenoeg Formation.

Figure 13. (&) NiO and MnO versus Fo value of relict igneous olivines from ultramafic
komatiites in low metamorphic grade area. Gray and black lines indicate the cal culated
liquid line of descent of olivine fractionation in NiO and MgO content, respectively.
Maximum Fo value is 92.8, indicating that a primary ultramafic komatiite is 26.5 wt %
in MgO. The difference of symbols indicates difference of samples containing olivines.
(b) NiO and MnO versus Fo value of relict igneous olivines from ultramafic komatiites
in moderate- to high metamorphic grade area. Gray and black lines indicate the
calculated liquid line of descent of olivine fractionation in NiO and MgO content,
respectively. Squares and circles are NiO and MnO content, respectively. Many olivines
have higher Fo content up to 93.5.

Figure 14. Compositions of relict igneous pyroxenes in ultramafic komatiites projected in
terms of Wo-En-Fs. End members of pyroxene were calculated by Lindsley’s method
(Lindsley 1983). Solid circles indicate compositions of pyroxenes. Pyroxenes vary
significantly from diopside through augite and pigeonite to enstatite in composition. (b)
Compositions of relict igneous pyroxenes in an ultramafic komatiite, BC210, are shown
in a quadrilateral, which is a part of Wo-En-Fs ternary diagram (Lindsley 1983).
Despite of pyroxenes within a single sample, the pyroxenes vary significantly from
diopside and salite to augite in composition. Two compositional variations are present:
One indicates that Mg in clinopyroxenes increases with increasing Wo content. The
other indicates that Mg" in clinopyroxenes decreases with increasing Wo content.

Figure 15. Back-scattered electron image of ultramafic komatiites, and composition of
igneous pyroxenes. Pyroxenes in ultramafic komatiites are classified into three types
based on the texture; spinifex-textured clinopyroxenes (type ), euhedral to subhedral
clinopyroxenes (type 1) from inter-cumulus melt at the cumulate layer of ultramafic
komatiite, clinopyroxene oikocrysts (type Il1), together with euhedral olivine,
orthopyroxene oikocrysts and minor intercumulus titaniferous brown hornblende in
ultramafic komatiite dikes and sills. Type | clinopyroxene has calcic augite and salite
composition. Type |l clinopyroxene formed euhedra column to sub-oikocrysts,
depending on the crystallinity. The composition of the clinopyroxenes discontinuously
changes from pigeonite in the core through augite in the mantle to highly aluminous
augite along the rim in the stratigraphic intermediate to upper level of the Komati
Formation. On the other hand, the clinopyroxene in the stratigraphic lower level has
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augitic composition. Type Il clinopyroxene is augitic in the composition, and is often
accompanied with bronzitic pyroxene oikocrysts, and titaniferous hornblende.

Figure 16. Compositions of relict igneous pyroxene in a thin olivine-spinifex ultramafic
komatiite flow projected in terms Wo-En-Fs. End members of pyroxenes were
calculated by Lindsley’s method (Lindsley 1983). Solid circles indicate compositions of
pyroxenes from BC430. Gray region indicates compositional variation of pyroxenes
from olivine-spinifex komatiite flows (Parman et al. 1997).

Figure 17. (a) Compositions of relict igneous pyroxene in a ultramafic komatiite flow, which
has phase assemblage of olivinetpigeonite+Calcic clinopyroxene+Aluminous augite,
BC198, projected in terms Wo-En-Fs. End members of pyroxenes were calculated by
Lindsley’ s method (Lindsley 1983). Solid circles, gray solid circles and open circles are
pigeonite, Calcic clinopyroxene, and aluminous augite, respectively. Open fields with
solid line and with broken indicate compositional variation of clinopyroxenes produced
at 2 kb under hydrous condition and at 1 atm under anhydrous condition, respectively.
Gray region indicates compositional variation of pyroxenes from olivine-spinifex
komatiite flows (Parman et al. 1997). (b) Phase appearance temperature in proportion to
water content, modified after Fig. 5 of Parman et a. (1997). Sequence of phase
appearance changes from ol+csp+pig+taug under less hydrous condition to
ol+csp+aug+pig (opx) under higher hydrous condition.

Figure 18. Compositional distribution within clinopyroxene from BC198, whose phase
assemblage is ol+pig+calcic clinopyroxenetaluminous clinopyroxene. (a) Zoning
patters in clinopyroxene with euhedral outline of ca. 300 pm from pigeonitic core
through augitic mantle to thin aluminous augite margin along a white line. Light gray,
broken black and gray lines are SiO,, MgO and CaO content, respectively. Black and
dirk gray lines are twice of FeO content, and 10 times of Al,O, content. (b-€)
Distribution of SIO,, Al,O,, FeO, MgO and CaO content within clinopyroxene. (f)
Variation in Mg* within clinopyroxene. (g) SEM image of clinopyroxene. (h) Back-
scattered electron image of clinopyroxene.

Figure 19. Back-scattered electron image of type Il clinopyroxenes in the cumulate zone of
ultramafic komatiite flows depending on the stratigraphic level of the Komati Formation.
Volume of pigeonitic core decreases from the stratigraphic top to intermediate of the
Formation. No pigeonitic core is present at the bottom. The relationship between
stratigraphy and volume of pigeonitic core suggests paleo-bathymetric change of
seawater at the eruption of magma on the oceanic plateau due to piling of basalt and
komatiite flows.

Figure 20. Compositions of relict igneous pyroxene on compositional variation of increase of
Mg# with increasing Wo content in a ultramafic komatiite dike, which has phase
assemblage of olivinet+Calcic clinopyroxenetorthopyroxene+hornblende, BC210,
projected in terms Wo-En-Fs. End members of pyroxenes were calculated by Lindsley’s
method (Lindsley 1983). Solid circles indicate compositions of all the pyroxenes of
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from BC210. Open circles indicate compositions of orthopyroxene and the coexisting
clinopyroxene. Open fields with solid line and with broken indicate compositional
variation of clinopyroxenes produced at 2 kb under hydrous condition and at 1 atm
under anhydrous condition, respectively. Gray region indicates compositional variation
of pyroxenes from olivine-spinifex komatiite flows (Parman et al. 1997).

Figure 21. Summary of composition of type |l pyroxenes all over the Komati Formation.

Figure 23. Compositional distribution within a chromian spinel enclosed by an olivine from
BC210, whose phase assemblage is ol +clinopyroxene+orthopyroxene+hornblende. (a)
Zoning patters in chromian spinel of ca. 120 um along a black line. Dirk gray, gray and
light gray lines are Cr,O;, FeO, and MgO content, respectively. Black solid and broken
lines are four times of Al,O, content, and 10 times of MnO content. (b) Zoning pattern
of Cr* (gray broke line) and Mg* (light broken ling). Distribution of Al,O, (c), Cr,0; (d),
FeO (f), MgO (g) and MnO (i) content within chromian spinel. Variation in Mg (e) and
Cr* (h) within chromian spinel. (i) Back-scattered electron image of chromian spinel.

Figure 24. Compositional distribution within two chromian spinels enclosed by a
clinopyroxene from BC210, whose phase assemblage is
ol+clinopyroxene+orthopyroxene+hornblende. (a) Zoning patters in chromian spinels of
ca. 50 ym along a black line. Dirk gray, gray and light gray lines are Cr,0;, FeO, and
MgO content, respectively. Black solid and broken lines are four times of Al,O, content,
and 10 times of MnO content. (b) Zoning pattern of Cr* (gray broke line) and Mg* (light
broken line). Distribution of Al,O; (c), Cr,0O, (d), FeO (f), MgO (g) and MnO (i) content
within chromian spinel. Variation in Mg” (e) and Cr* (h) within chromian spinel. (i)
Back-scattered el ectron image of chromian spinel.

Figure 25. Plot of Fe* versus Al in chromian spinels from ultramafic komatiites (cal cul ated
to 4 oxygen anions). The ferric iron content was determined by assuming stoichiometry,
and an ideal XY ,0, formula, where X = (Fe**, Ni, Mn, Mg) and Y = (Cr¥*, Fe*", Al). Ti
was assumed to be present as an ulvdspinel component. Also shown are compositional
fields of chromian spinel from boninite and modern MORB. Two arrows indicate
compositional variation through crystal fractionation of olivine and minor chromian
spinels and through recrystallization of post-entrapment during cooling of magma
and/or metamorphism. Symbols are chromian spinelsin matrix, gray solid circles with
black outline, chromian spinels within orthopyroxene, gray solid circles, chromian
spinels within olivine, dirk gray solid circles, chromian spinels within clinopyroxene,
black solid circles, and chromian spinels within hornblende, open circles. Circle and
sguare represent core and rim of chromian spinel, respectively.

Figure 26. (a) Plot of Cr*, defined by Cr/(Cr+Al) ratio, versus Mg, defined by Mg/(Mg+Fe®)
ratio, in core of chromian spinels within clinopyroxene from ultramafic komatiites. (a)
Plot of Fe*/(Fe**+Cr¥*+Al*) ratio, versus Ti in core of chromian spinels within
clinopyroxene from ultramafic komatiites (cal culated to 4 oxygen anions). The ferric
iron content was determined by assuming stoichiometry, and an ideal XY ,0, formula,
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where X = (Fe**, Ni, Mn, Mg) and Y = (Cr**, Fe*, Al). Ti was assumed to be present as
an ulvéspinel component. Also shown are compositional fields of chromian spinel from
boninite and modern MORB. An arrow indicates compositional variation through
crystal fractionation of olivine and minor chromian spinels. Open circles are
composition of core of chromian spinels within clinopyroxene.

Figure 27. Compositional variations and textures of igneous and metamorphic Ca-amphiboles
in ultramafic komatiite, BC210. (a) The compositions are shown in a quadrilateral,
which is apart of Hallimond’ s triangular diagram. (b) TiO, content of the amphiboles,
projected onto the Tr-Prgg,Ts,, line. (c) Plots of TiO, content versus Mg* of the
amphiboles. (d) Plots of Fe** to total Feratio versus Ti of the amphiboles (calculated to
23 oxygen anions). (€) Variation of Mg* of the amphiboles, projected onto the Tr-
Prge, TSy line. (f) Textures of igneous amphiboles, back-scattered electron image. Color
of the amphiboles becomes light near a secondary clinopyroxene (cpx) and rim of the
amphiboles, suggesting post-magmatic recrystallization of igneous amphibole. Origins
of amphiboles, igneous or metamorphic are determined by texture (See also the text).
Open circles are compositions of metamorphic amphiboles. Gray solid circles are
compositions of igneous amphiboles near hydrothermal and metamorphic amphiboles.
Black solid circles are compositions of igneous amphiboles.

Figure 28. Melting phase relations of peridotite KLB-1 under anhydrous and slightly hydrous,
0.5wt % in H,O, condition. Wet solidus is extended to high pressure based on a melting
phase relation at low pressure under dlightly hydrous condition, 0.5 wt % in H,O
(Hirose 1997). P-T paths for anhydrous (black thick line) and hydrous (gray line)
mantle melting with no chemical isolation of melt are calculated from the model by
Iwamori et al. (1995). The liquidus curve is assumed to be the same as those for dry
melting.

Figure 29. Estimated secular changes of potential mantle temperature of Upper mantle (black
line) and plume source (light gray line), and FeO content of Upper mantle (gray line)
since Archean. The left vertical axis represents potential temperature of mantle, whereas
the right vertical axis represents FeO content of upper mantle. It means that Archean
mantle was not necessarily similar to PHN1611 or HK66 in major elements, but was
comparable to them in FeO content or Mg”.

Figure 30. Comparison of inner structure and thickness of oceanic lithospheres between
Archean and present. Thin oceanic lithosphere with thick oceanic crust in Archean
makes an excellent contrast with thick oceanic lithosphere with thin oceanic crust (See
aso the text). Inset diagram is P-T-X paths for mantle melting with no chemical
isolation of melt (Iwamori et al. 1995). Average thickness of oceanic crust from
Archean upper mantle, PMT = 1450 °C reached about 17 km.

Figure 31. (a) TiO, versus P,0O; plot to estimate the TiO,/P,O; ration for the mantle with
different age. Measured (P,O.),, value for each sample was corrected by a chondrite-
normalized Eu’/Nd ratio of that sample to account for deviation of its REE pattern and



167

TiO,/P,0O; ratio from the primitive mantle with chondritic REE abundances. Symbols
for Ancient MORBs are the same as Figure 25 (b). Data sources for komatiites and
picrite with different ages and modern MORB are from Sun (1984). (b) TiO, versus
P,O; content plot of Ancient MORBs and the modern MORB. Symbols are shown in
inset. Gray and open circle fields are compositional variations of Ancient MORBs and
the modern MORB.

Figure 32. Phase relations of a hydrous MORB, modified after Okamoto (1998). The residues
through partial melting are shown above wet solidus of a MORB under H,O-saturated
condition (Rapp et a. 1995). Also shown is an Archean geothermal gradient at
subduction zone (Komiya et al. 1998).

Figure 33. Phase relations of anhydrous peridotite KLB-1 (fine black lines), modified after
Figure 1 of Herzberg & Zhang (1996) and anhydrous Archean MORB (thick gray lines).
Symbols are defined as follows. L, liquid; Ol, olivine; Opx, orthopyroxene; Cpx,
clinopyroxene; Grt, garnet; Mw, magnesiowstite; MgPv, magnesium perovskite; CaPv,
calcium perovskite; 3, modified spinel (Mg, Fe),SiO,, g, spinel (Mg, Fe),SiO,. Also
shown are P-T paths of uprising mantle with 1330, 1450, and 1700 °C in PMT and of
descending slab.

Figure 34. Comparison of densities of a subducted oceanic lithosphere and ambient mantle
along the upper-lower mantle boundary in Archean. The subducted oceanic lithosphere
is heavier than the ambient mantle above the boundary, whereas is lighter just below the
boundary. However, the subducted oceanic lithosphere becomes heavier than the
surrounding mantle again below about 750-km depth. Calculation of simple isostasy
indicates that oceanic lithosphere could be stagnated up to 80 km thick along the
boundary. Inset diagram indicates change of the densities of subducted MORB and the
ambient pyrolitic mantle in a proportion to the pressure (Hirose et a. 1998).

Figure 35. Cartoon of material circulation in whole mantle in Archean. Formation of
continental crust at subduction zones, segregation of iron blobs in slab penetration into
lower mantle and recycling of FeO-poor subducted oceanic lithosphere and primitive
mantle from lower mantle have changed the chemical composition of the Earth’s mantle
through geologic time.

Figure 36. Chemical variations of Al-undepleted peridotitic komatiites from Belingwe
Greenstone Belt and Abitibi Greenstone Belt (Bickle et al. 1975; Arndt 1977; Arndt et
al. 1977; Arth et al. 1977; Nisbet et a. 1977; Nisbet et al. 1987; Arndt 1986;
McDonough & Ireland 1993). Symbols are shown in inset. (a) Plot of TiO, versus MgO
content in Al-undepleted komatiite from the Abitibi Greenstone Belt (Arndt 1986),
showing that they plot on an olivine control line. Average MgO content of bulk olivines
accumulated as cumulate is calculated to be 51.7 wt %. Assuming that source mantle
had 37 to 39 wt % in MgO, it had 2.4 to 2.2 wt % in TiO,. (b) Plot of FeO* versus MgO
content, showing that they plot on an olivine control line. Average FeO* content of bulk
olivines accumulated as cumulate is calculated to be 7.1 wt %. Assuming that source



168

mantle had 37 to 39 wt % in MgO, it had 9.5 t0 9.2 wt % in FeO*. (c) Plot of TiO,
versus MgO content in Al-undepleted komatiite from Belingwe Greenstone Belt and
Abitibi Greenstone Belt. Assuming that source mantle had 37 to 39 wt % in MgO, it had
25t00.9wWt % in TiO,. (d) Plot of FeO* versus MgO content, showing that they plot on
an olivine control line from A to B. Black lineindicates compositional variation of
residual melts, caused by extra-addition of crystallized olivine to magma from A to B,
and by crystal fractional fractionations of olivine+chromian spinel from B to C, of
olivinetclinopyroxene from C to D, of clinopyroxene from D to E, and
clinopyroxenetsulfide from D to F. Gray line indicates the compositional variation of
the olivine crystallized from primitive magma, 26.5 wt % in MgO to the differentiated
magma, 20 wt % in MgO. Assuming that source mantle had 37 to 39 wt % in MgO, it
had 10.1 t0 9.1 wt % in FeO*. (e) Plot of NiO versus MgO content, showing that they
plot on olivine control line at low pressure. Gray line indicates the compositional
variation of the olivine crystallized from primitive magma, 26.5 wt % in MgO to the
differentiated magma, 20 wt % in MgO. Assuming that source mantle had 37 to 39
wt % in MgO, it had 0.24 to 0.31 wt % in NiO. However, because melting pressure is
much higher, up to 7 GPa, than that of crystal fractionation. Assuming that distribution
function of Ni and Mg between olivine and melt at high pressureis 1.2 (Taura et al.
1998), mantle source had 0.26 wt % in NiO at 37.2 wt % in MgO.
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Table 1 Chemical datafor starting materials

1 2 3 4 5
C017 B106 MARO2 Cco17* B106*
SiO2 53.0 53.2 49.6 51.1 52.1
TiO2 0.26 0.38 1.64 0.55 1.03
Al203 10.2 141 14.9 10.2 14.8
Cr203 0.09 0.02
FeO 11.0 12.0 114 11.0 12.8
MnO 0.09 0.08 0.18 0.20 0.20
NiO 0.00 0.04
MgO 14.3 8.91 8.51 14.8 7.95
CaO 9.57 10.3 10.6 105 9.96
Na2O 1.08 0.92 2.90 0.93 10
K20 0.44 0.06 0.12 0.61 0.08
Total 100.0 100.0 99.9 100.0 100.0
Mg# 69.9 56.9 57.0 70.5 52.4

1, 2, and 3 = EPMA analyses of the glass starting materials
4, and 5 = XRF analyses of bulk compositions of rock samples

Total iron as FeO



Tabel 2. Experimental Conditions and Run Products

Run P,GPa T,0 Time, hours samples Run Products

LO#60 27 1500 6 C017  Mg-pv+st+Ca-pv+Al-phase
B106  Mg-pv+st+Ca-pv+Al-phase
MARO2 Mg-pv+mj+st+Ca-pv+Al-phase

LO#61 26 1500 8 C017  Mg-pv+st+Ca-pv+Al-phase
B106  Mg-pv+mj+st+Ca-pv+Al-phase

LO#63 255 1500 12 C017  mj+st+Ca-pv+Al-phase

B106  mj+st+Capv+Al-phase
MARO2 mij+st+Ca-pv+Al-phase

Run products are Mg-pv, Mg silicate perovskite; mj, majorite; st, stishovite;
Ca-pv, CaSiO3 perovskite; Al-phase, aluminous phase



Table 3 Chemical datafor starting materials

1 2 3 4
En90+8%Al En90+6%Al En90+4%Al En70+8%Al

SIO2 535 54.6 55.7 50.6
Al203 7.89 5.91 3.9 7.5

FeO 6.39 6.53 6.7 18.2
MgO 32.3 33.0 33.7 23.76
Tota 100.0 100.0 100.0 100.0
Mg# 90.0 90.0 90.0 70.0




Table 4. Basic Quantities

At present Archean
Areaof the earth 5.10x10C 5.10x10° km?
Average life-time of oceanic plate 60 20 m.y.
Area of the seafloor 3.0x1¢® 3.0x1C® knv
Average thickness of oceanic crust 7 20 km
Production rate of oceanic crust 3.5x10° 3.0x10° km¥m.y.
Average degree of melting 15 20 %
Volume of upper mantle 3.2x10" 3.2x10" km?
Volume of lower mantle 6.0x10" 6.0x10" km?
Average density of upper mantle 3.8x10%" 3.8x10* kg/kn?®
Average density of upper mantle 4.7x10% 4.7x10% kg/km?®
Averege density of oceanic crust 3.0x10* 3.0x10" kg/km?
FeO content of mantle 8.1 10.2 wt%
NiO content of mantle 0.25 0.30 wt%
P,O; content of mantle 0.021 0.029 wt%
Pd content of mantle 4.45 44.5 ppb
Ir content of mantle 1.84 18.4 ppb
Os content of mantle 34 34 ppb
Re content of mantle 0.28 2.8 ppb
Mass of subducted oceanic crust 1.1x10° 9.0x10” kg/m.y.
FeO content of oceanic crust 12 12.5 wt%
NiO content of oceanic crust 0.032 - wt%
P,O, content of oceanic crust 0.1 - wt%
Pd content of oceanic crust 0.7 - ppb
Ir content of oceanic crust 0.017 - ppb
Os content of oceanic crust 0.00104 - ppb
Re content of oceanic crust 0.022 - ppb
Ferric to toral iron ratio of metamorphic rocks 0.35 -
Volume of Mg-perovskite in subducted oceanic crust 27.0 - vol%
Al O, content in Mg-perovskite 151 - wt%
FeO* content in Mg-perovskite 23.0 - wt%
MgO content in Mg-perovskite 17.9 - wt%
Maximum solubility of Fe#O in Mg-perovskite 24 - wt%
Fe* content in Mg-perovskite 16.0 - wt%
Total amount of Fe* in Mg-perovskite 5.1x10* 4.4x10%° kg/m.y.
Inherent amount of Fe* in Mg-perovskite 2.0x10* 1.7x10" kg/m.y.
Acquired amount of Fe** in Mg-perovskite 2.6x10* 2.1x10" kg/m.y.
Amount of Fe** in Mg-perovskite 5.2x10" 4.5x10"® kg/m.y.
Amount of Fe in Al-phase 3.3x10* 2.8x10" kg/m.y.
Amount of Fe' in magnesio-wustite 3.9x10" 3.5x10"% kg/m.y.
Amount of Fe' in Ca-perovskite 5.6x10" 5.6x10" kg/m.y.
Amount of F€ in stishovite 1.9x10'* 1.9x10" kg/m.y.
Production rate of Fe 2.6x10" 2.1x10% kg/m.y.
total Fe 1.2x10" 1.0x10” kg/m.y.
1200 , 28GPa, logfO,=0
Partition coefficient of Ni between metal and silicate 24 -
Partition coefficient of P between metal and silicate 3.8 -
Partition coefficient of PGES between metal and silicat 100 -




Tableb

Upper mantle At present Archean
How long could primordial mantle last? 2.2 by. 0.45 b.y.
How long does it takes to remove FeO content from 10.2 to 8.1 wt %? 7.9 b.y. 0.96 b.y.
How long doesit takes to remove NiO content from 0.3 to 0.25 wt %7? 37 by. 45 by.
How long doesit takesto remove P,O, content from 29 to 21 ppb? 13 byy. 16 by.
How long doesit takesto remove Pd content from 18.3 to 1.83 ppb? 3.9x10° b.y. 47 b.y.
How long doesit takesto remove Ir content from 18.4 to 1.84 ppb? 1.6x10% b.y. 1.9x10° b.y.
How long does it takes to remove Os content from 34 to 3.4 ppb? 4.8x10° b.y. 5.8x10* b.y.
How long doesit takes to remove Re content from 2.8 to 0.28 ppb? 1.9x10° b.y. 2.3x10° b.y.
Whole mantle

How long could primordial mantle last? 7.3 by. 15by.
How long doesit takesto remove FeO content from 10.2 to 8.1 wt %? 26 b.y. 3.1 by.
How long doesit takes to remove NiO content from 0.3t0 0.25wt %?  1.2x10* b.y. 15 b.y.
How long does it takes to remove P,O, content from 29 to 21 ppm? 42 by. 5 b.y.
How long doesit takes to remove Pd content from 18.3 to 1.83 ppb? 1.3x10° b.y. 1.6x10° b.y.
How long doesit takesto remove Ir content from 18.4 to 1.84 ppb? 5.2x10" b.y. 6.3x10° b.y.
How long doesit takesto remove Os content from 34 to 3.4 ppb? 1.6x10° b.y. 1.9x10° b.y.
How long doesit takes to remove Re content from 2.8 to 0.28 ppb? 6.1x10° b.y. 7.4x10° b.y.




Table 6 numerical values and the calculated result

Archean at present References
heat flux
global
Fr 0.208 W/nr 0.082 W/n¥  Richter1985
oceanic
Foo 0.098 W/n¥  Richter1985
Fo(T)=Foo(To/T)" 0.248 W/nr Davies 1992
continental
Fro 0.025 W/n¥  Richter1985
Fem=p™A(Ti-Th)**(gaK¥kn(T))"*® 0.062 W/nr Richter1985
material property
gravity: g 9.8 m/s 9.8 m/s Richter1985
thermal expansion: a 3.0E-05 /O 3.0E-05 V/ Richter1985
thermal conductivity: K 4 W/mo 4 W/m  Richter1985
thermal diffusivity: k 1.0E-06 m?/s 1.0E-06 m?/s Richter1985
density: r 3.3E+03 kg/m? 3.3E+03 kg/m*  Richter1985
specific heat: Cp 1.2E+03 Jkg 1.2E+03 Jkg Richter1985
mantle
viscosity
no 3.0E+17 m?/s Richter1985
n(T)=n0(T,/Ti)* 1.0E+17 nv/s Richter1985
latent heat: DL 4.0E+05 Jkg 4.0E+05 Jkg Richter1985
potential mantle temperature
T, 1350 O Richter1985
T, 1450 O this work
temperature of bottom of plate: T, 1157 O 1157 O Richter1985
scale length of crustal heat
production: d 7.5 km 7.5 km thiswork
maximum thickness of oceanic
lithosphere: Z 70.7 km 194.1 km thiswork




Table 7 Mantle composition estimated by composition of komatiite

Bickleet al. 1977 Sun & Neshitt 1977 Sun 1982 Beswick 1983 this work

SiO2 42.1-42.9 45-52 445 43.9-44.5 43.8
TiO2 0.08-0.11 0.18-0.24 0.2 0.17
Al203 2.7-2.4 3.59-4.94 4.3 2.1-2.6 4.03
Cr203 0.47-0.27 0.44 0.4 0.15
FeO 8.7-9.2 8.6-9.7 8.4 7.0-7.8 9.6
MnO 0.15 0.1 0.12
NiO 0.31-0.23 0.25 0.3 0.26
MgO 42 38 38.0 44.8-42.5 37.2
CaO 0.5-25 2.96-4.07 35 2.2-2.9 419
NaeO 0.32-0.43 0.4 0.1-0.13 0.39
K20 0.024-0.033 0.0 0.05-0.06 0.06
PO, 0.018-0.024 0.0 0.00
Mg/Si 1.49-1.46 1.26-1.09 1.27 1.42-1.52 1.27




Table 1 Chemical composition of K-series MORBs

sample KI-001 KIA001 KIA002 KIA003 KIAQ04 KIAO005 KIAQO6 KIAO011l KIAO012 KIAO013 KIAO014 KIA016 KIAO17 KIA019 KIA021 KIA022 KIA023 KIA024 KIA025 KIA028 KIA041 KIA042 KIBOO1 KIB0OO2T KIBO08 KIBO1OT

SiC.
TiO:
Al:Os
FeOt
MnO
MgO
Ca0
NaO
K0
P.Os
total
Mg#
Ni
Rb
Sr
Y
Zr
Nb
Ba
Pb
Th

La
Ce
Pf
Nd
Sm
Eu
Gd
Tb
Dy
Ho
Er
Tm

Yb
Lu

59.1
0.76
129
5.94
0.09
7.40
5.89
0.26
6.46
0.09
98.8
68.9

60
7.4
56
17
61
37
38
30
32

52.9
1.09
139
114
0.19
5.20
9.65
0.84
201
0.13

97.3
448

41
22
198
24
101
53
600
6.5
54

53.1
120
136
120
0.20
5.03
8.62
1.00
201
0.14

96.9
428

36
26
185
20
109
6.0
400
5.6
6.0

53.3
106
141
112
0.18
5.50
9.20
0.84
184
0.13

97.3
46.7

533
1.09
14.0
114
0.19
5.36
8.70
0.98
222
0.13

97.4
45.6

41
26
202

517
0.60
14.4
9.43
0.19
8.26
113
0.47
152
0.07
98.0
60.9

68
17
174
15
43
21
570
20
14

5.306
10.357
1.281
5.734
1.507
0.609
1.761
0.302
2.287
0.448
1.301
0.194
1.347
0.206

51.1
0.60
144
9.55
0.18
7.90
103
0.45
331
0.07
97.9
59.6

61
19
276
13
43
21
206
05
10

4.691
9.928
1.324
5.329
1.395
0.524
1.569
0.309
2.010
0.438
1.268
0.189
1.276
0.217

52.0
0.95
143
112
0.20
6.52
9.29
0.92
211
0.11

97.6
50.9

50
32
220
18
84
4.4
269
29
37

50.1
0.88
14.0
116
0.19
6.32
104
0.30
281
0.10

96.7
492

50

50.2
0.95
142
116
0.22
6.63
105
0.71
211
0.11

97.3
50.4

49.6
1.20
14.7
113
0.21
6.80
12.0
0.17
222
0.12

98.3
51.8

55
16
204

20

92
7.2
69
24
21

49.9
121
15.0
11.2
0.21
6.54
114
0.19
231
0.12

98.1
51.0

57
45
195

18

88
7.6
127
2.7
22

495
119
146
114
0.20
6.77
115
0.17
244
0.12

97.9
51.4

58
31
204

17

89
75
82
20
20

50.4
120
148
11.0
0.20
6.94
109
0.20
259
0.12

98.3
53.0

53
7.9
197

17

91
74
89
5.3
24

50.3
119
148
11.0
0.19
6.67
119
0.15
224
0.12

98.5
52.0

57
2.8
227

16

87
74
123
25
16

49.2
119
149
114
0.20
6.66
117
0.19
237
0.12

98.0
50.9

63
4.1
199

18
89
72
176
29
16

49.8
119
146
12.2
0.20
6.31
117
0.17
218
0.12

98.5
47.9

62
2.7

495
121
14.8
115
0.20
6.86
113
0.15
257
0.12

98.3
514

49.9
119
145
10.9
0.20
6.44
114
0.17
2.46
0.12

97.3
51.2

53
28
201

16

87
74
124
3.0
22

51.9
0.70
14.4
9.63
0.18
7.61
10.0
101
251
0.08

98.1
585

76
51.0
222

14

61
33

31

9.653
19.470
2222
8.596
1.966
0.731
2.709
0.374
2.394
0.522
1.489
0.212
1.332
0.185

52.0
0.90
142
109
0.19
6.61
103
0.54
1.99
0.10

97.8
52.0

51
152
238

17
70
3.8
149
3.2

50.6
0.89
14.2
109
0.19
6.45
104
0.30
2.89
0.10

96.9
51.3

53.0
104
138
107
0.18
5.79
811
0.36
5.14
0.10

98.3
49.0

519
104
135
113
0.20
5.80
7.49
411
150
0.11

96.9
47.9

53.9
0.65
145
8.59
0.15
7.29
7.02
0.91
4.85
0.08

98.0
60.2

70
26.1
204

1

54.6
0.64
141
859
0.15
7.42
5.77
4.89
111
0.08
97.4
60.6

73
29.9
178

13

6.160
14.173
1671
6.713
1.678
0.519
2.328
0311
2,048
0.414
1.193
0.168
1.043
0.161

Total iron as FeO



Table 1 (Continued)

sample KIB012T KIB013 KIB015 KIB020 KIB022 KIB023 KIB024T KIB026

SiC. 511 53.6 52.2 52.0 51.9 50.3 51.1 54.4
TiC: 0.67 0.95 1.07 0.65 0.95 0.88 0.92 0.90
Al:Os 144 142 136 148 139 136 138 134
FeOt 9.06 101 109 8.94 114 125 1.2 108
MnO 0.17 0.16 021 0.17 0.20 0.19 0.20 0.17
MgO 7.44 6.28 6.17 7.67 6.50 7.02 6.84 5.73
Ca0 101 6.76 7.14 8.46 8.03 8.07 8.45 6.98
NaO 2.68 0.57 0.65 106 115 1.08 3.39 0.51
K:0 131 5.09 4.86 3.82 3.63 3.90 120 5.54
P.Os 0.09 0.10 0.10 0.08 0.10 0.10 0.11 0.10

total 97.0 97.9 97.0 97.6 97.7 97.6 97.1 98.5
Mg# 59.4 525 50.3 60.5 50.4 50.0 52.2 48.6

Ni 74 55 38 81 54 57 54 52
Rb 467 9.3 103 352 39.1 286 483 13.0
S 224 149 84 267 374 167 321 58
Y 12 17 18 14 17 16 15 14
zr 55 70 86 54 74 66 69 68
Nb 31 40 47 30 43 36 42 39
Ba 341 706 1232 95 486 867 442 353
Pb 33 18 28 31 26 20 26 11
Th 26 28 a1 20 30 27 26 19
La 7.663

Ce 14.786

Pr 1777

Nd 6.958

sm 1.640

Eu 0.616

Gd 1.895

Tb 0.330

Dy 2023

Ho 0.413

Er 1.147

m 0.176

Yb 1.082

Lu 0.164

Total iron as FeO



Table 2 Chemical composition of PH-series MORBs

sample  PHAO011 PHB046 PHB062 PHBO70 PHBO73 PHBO074 PHCO046 PHCO047 PHCO048 PHCO049 PHCO050 PHCO053 PHCO054 PHCO055 PHCO057 PHC062 PHC063 PHCO065 PHCO70 PHC057-2 PHC63-2

SiO: 48.0 51.3 49.2 511 515 52.0 50.1 51.0 49.9 49.9 51.4 51.4 50.3 50.5 49.0 51.9 51.5 51.1 50.6 51.7 495
TiO: 1.20 0.88 0.81 0.82 0.98 0.91 1.09 1.08 0.74 0.83 0.83 0.75 0.76 0.73 0.63 0.62 0.62 0.64 0.86 0.63 0.63
Al:Os 134 145 13.9 14.2 13.9 13.6 13.6 13.6 14.2 141 14.0 14.6 145 143 14.6 14.7 14.8 149 143 14.9 14.7
FeOt 14.0 104 10.6 104 11.0 101 124 124 9.44 105 10.2 9.65 9.83 9.77 9.48 8.72 8.61 8.85 10.7 8.67 9.52
MnO 0.23 0.19 0.21 0.18 0.20 0.18 021 021 0.18 0.19 0.18 0.20 0.21 0.17 0.18 0.17 0.17 0.19 0.18 0.17 0.18
MgO 6.96 7.15 7.80 7.46 6.48 6.53 6.52 6.19 7.83 7.43 7.61 7.69 7.62 7.82 8.79 7.81 7.83 7.89 6.78 7.82 8.94
Ca0 9.41 9.92 10.9 104 9.3 10.6 104 10.8 11.9 114 10.2 113 114 114 12.0 114 111 9.58 10.6 11.2 121
NaO 275 221 1.45 1.70 210 1.68 1.60 154 154 171 1.86 1.59 1.66 1.53 1.63 151 1.83 2.46 1.88 1.84 1.63
K0 0.07 111 114 0.66 0.73 0.88 0.29 0.30 0.88 0.32 0.60 0.32 041 0.30 0.26 0.41 0.43 0.70 0.32 0.42 0.24
P:Os 0.13 0.10 0.09 0.08 0.10 0.09 0.12 0.12 0.09 0.10 0.09 0.08 0.08 0.08 0.07 0.07 0.08 0.08 0.09 0.08 0.07
total 96.1 97.8 96.1 97.0 96.4 96.5 96.3 97.1 96.7 96.4 97.0 97.5 96.8 96.5 96.7 97.3 96.9 96.5 96.3 97.4 97.5
Mg# 47.1 55.0 56.6 56.1 511 53.4 484 47.2 59.6 55.8 57.2 58.7 58.0 58.8 62.3 61.5 61.8 61.4 53.2 61.6 62.6
Ni 61 68 80 59 51 49 50 48 76 64 67 63 62 64 98 69 64 67 60 98 64
Rb 11 51 47 16 19 25 7.0 7.0 34 8.0 18 72 11 6.2 6.2 10 13 21 11 6.2 13
Sr 108 158 151 172 182 154 118 133 149 163 143 127 134 123 153 143 169 236 170 153 169
Y 75 69 53 59 79 73 81 79 56 58 58 51 50 49 42 53 53 53 66 42 53
Zr 24 16 16 14 18 16 20 19 14 14 14 15 13 14 12 13 12 12 16 12 12
Nb 29 6.1 3.3 35 45 4.1 4.6 4.7 4.8 33 33 3.0 3.0 29 24 3.0 2.8 32 3.8 24 2.8
Ba 29 577 335 274 386 384 116 113 353 131 190 149 124 122 142 167 148 275 204 142 148
Pb - 18 13 33 32 6.1 0.7 0.6 21 14 13 0.3 0.3 - 1.6 18 14 22 23 16 14
Th 0.4 2.2 14 2.6 4.0 3.8 17 2.1 1.2 17 1.9 2.1 13 17 14 2.4 2.2 25 2.4 14 2.2

Total iron as FeO
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